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Abstract 27 

 28 

Rossby wave trains triggered by tropical convection strongly affect the atmospheric circulation in the 29 

extratropics. Using daily gridded observational and reanalysis data, we demonstrate that a technique 30 

based on linear response theory effectively captures the linear response in 250-hPa geopotential 31 

height anomalies in the Northern Hemisphere, using examples of step-like changes in precipitation 32 

over selected tropical areas during boreal winter. Application of this method to six Coupled Model 33 

Intercomparison Project Phase 5 (CMIP5) models, using the same tropical forcing, reveals a large 34 

intermodel spread in the linear response, associated with intermodel differences in Rossby wave guide 35 

structure. The technique is then applied to a projected tropics-wide precipitation change in the 36 

HadGEM2-ES model during 2025-2045 DJF, a period corresponding to a 2°C rise in the mean global 37 

temperature under the RCP8.5 scenario. The response is found to depend on whether the mean state 38 

underlying the technique is calculated using observations, the present-day simulation, or the future 39 

projection; indeed, the bias in extratropical response to tropical precipitation because of errors in the 40 

basic state is much larger than the projected change in extratropical circulation itself. We therefore 41 

propose the linear step response method as a semi-empirical method of making near-term future 42 

projections of the extratropical circulation, which should assist in quantifying uncertainty in such 43 

projections. 44 

 45 

 46 

Keywords: teleconnection, Rossby waves, CMIP5, model bias, tropical precipitation, Linear 47 

Response Theory, climate change, climate projections, constraint  48 
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1 Introduction: 49 

 50 

Atmospheric tropical convection is a major driver of the global circulation. Through interaction with 51 

vorticity gradients in the subtropical jet streams, upper level divergence associated with anomalous 52 

tropical convection often leads to the formation of quasi-stationary Rossby waves in the extratropics 53 

(Hoskins and Karoly, 1981; Sardeshmukh and Hoskins, 1988; Matthews et al., 2004). Such 54 

teleconnection patterns influence several aspects of global climate and weather, e.g., the North 55 

Atlantic Oscillation (Lin et al., 2009), quasi-stationary blocking events (Henderson et al., 2016) 56 

cyclone frequency over the Northern Hemisphere (Eichler and Gottschalck, 2013), the South Asian 57 

monsoon (Shaman and Tziperman, 2005), and sea ice cover and ice shelf melting over coastal 58 

Antarctica (Deb et al., 2018; Liu et al., 2004).  59 

 60 

The effect of tropical convective diabatic heating on the global circulation can be quantified 61 

dynamically by the Rossby wave source (e.g. Sardeshmukh and Hoskins, 1988; Scaife et al 2017), 62 

which takes account of both vortex stretching due to upper-tropospheric divergence, and advection 63 

of mean vorticity gradients by the anomalous flow associated with the divergence. Because the 64 

effective Rossby wave source depends on the structure and amplitude of the tropical heating anomaly 65 

(Hoskins and Karoly, 1981; Jin and Hoskins, 1995), any inherent model bias in the structure of 66 

tropical convection may lead to a bias in the generation and amplitude of extra-tropical Rossby waves 67 

(Henderson et al., 2017). Changes in the model basic state can also lead to differences in Rossby 68 

wave propagation, as subtle changes in the time-mean extratropical upper tropospheric zonal wind 69 

have a large dynamical effect on the Rossby wave propagation (Dawson et al., 2011). Similarly, 70 

Henderson et al. (2017) showed that errors in simulating Madden–Julian oscillation (MJO) 71 

teleconnections were due to the error in the model basic state, rather than in the MJO heating structure. 72 

Additionally, biases in Rossby wave propagation can themselves contribute to model biases in the 73 

representation of the extratropical mean circulation (Shepherd, 2014; Zappa et al., 2013). The biases 74 
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in the model basic state extratropical jet structure can arise themselves from tropical-extratropical 75 

interactions, when biases in the tropical sea surface temperature field due to incorrectly modelled 76 

oceanic processes lead ultimately to biases in the extratropical jet structure (Dawson et al., 2013). 77 

 78 

The global hydrological cycle, when measured by global precipitation, is generally expected to 79 

intensify under a warming climate in the future (Allen and Ingram, 2002). Despite the intermodel 80 

spread in CMIP5 models (Kent et al., 2015), both total precipitation and precipitation extremes over 81 

the tropics are expected to increase by the end of the twenty-first century (Kharin et al., 2013; Seager 82 

et al., 2010; Xie et al., 2010). Such projected changes in the tropical precipitation pattern are likely 83 

to modify present-day Rossby wave teleconnections, and induce changes in the extratropical 84 

circulation over the Northern Hemisphere. However, given large intermodel spreads in 85 

representations of the mean circulation in both present-day simulations and future projections, 86 

projected changes in teleconnections are very uncertain in the Northern Hemisphere. 87 

 88 

The extratropical Rossby wave response in the upper troposphere triggered by anomalous tropical 89 

convection is mostly linear (Li et al., 2015), in that its amplitude scales with the amplitude of the 90 

forcing, but its structure remains mainly independent of the amplitude of the forcing. The Rossby 91 

wave response develops into a quasi-stationary pattern within about two weeks (Hoskins and 92 

Ambrizzi, 1993). Therefore, the quasi-stationary response that develops in the extratropics (e.g., 93 

geopotential height anomaly in the upper troposphere) may be expressed mathematically as a series 94 

of impulse responses convoluted with a previous history of tropical forcing. Such impulse responses 95 

can be represented by quasi-Green’s functions (Hasselmann et al., 1993). The tropical forcing can be 96 

usefully represented by precipitation anomalies, as precipitation anomalies are scaled versions of the 97 

convective diabatic heating anomalies, assuming the rain-out occurs in the same grid box as the 98 

condensation process that led to the diabatic heating. A ‘step’ response computed using these impulse 99 
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response functions (G’s) can therefore capture the linear response in the extratropics due to Rossby 100 

waves forced by the tropical precipitation anomaly.  101 

 102 

The main objective of this paper is to quantify the linear response in extratropical circulation over the 103 

Northern Hemisphere during boreal winter due to observed anomalies in tropical precipitation using 104 

the ‘Linear Response Theory’ outlined above. The focus will be on the Northern Hemisphere during 105 

the winter season, particularly over the Pacific sector, as the combination of intense tropical 106 

convection over the warm pool in the Maritime Continent and western Pacific, and the anchoring of 107 

the Northern Hemisphere subtropical jet and associated mean vorticity gradients by the Tibetan 108 

Plateau and Asia–Pacific land–sea contrasts, lead to a particularly strong and robust teleconnection 109 

response here. The representation of this linear response in six commonly used CMIP5 models is then 110 

presented and discussed in the context of stationary Rossby wave theory using idealised precipitation 111 

anomalies. Finally, using tropical precipitation projections from one model (HadGEM2-ES), and 112 

basic states from both model and observations, we show how linear ‘step’ response theory can be 113 

employed to constrain future projections of extratropical circulation response to climate change. 114 

 115 

The Linear Response Theory method put forward here can also be viewed as a complementary 116 

technique to the idealised barotropic and baroclinic model experiments that have been used to gain 117 

dynamical insights into the impact of tropical convection on the extratropical circulation. Typically, 118 

a barotropic (single level) or baroclinic (multi-level) atmospheric model is linearised about an 119 

observed basic state (time-mean flow) and forced in the tropics. The forcing mimics the effect of 120 

tropical convection. For a barotropic (vorticity equation) model with a single layer in the upper 121 

troposphere, this forcing takes the form of the upper level divergent outflow associated with the 122 

convection (Hoskins and Ambrizzi, 1993). For a baroclinic (primitive equation) model, a direct 123 

(convective) heating term is applied to the thermodynamic equation (Jin and Hoskins, 1995). The 124 

model is typically “dry”, with no explicit moisture. The dynamical equations of the model are then 125 
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run forward in time, to simulate the global response to the imposed tropical forcing. This approach 126 

can lead to profound dynamical insights into the nature of the tropical-extratropical interactions, 127 

especially when used in a hierarchy of models of increasing complexity. 128 

 129 

However, this approach has its limitations. The basic state is often hydrodynamically unstable, 130 

especially in the case of baroclinic models. This affords only a narrow time window, in which the 131 

direct extratropical response has developed, but before the signal is swamped by unstable growing 132 

modes. The extratropical response can also be sensitive to any damping time scales imposed (Ting 133 

and Sardeshmukh, 1993). There are uncertainties in some of the assumptions in these idealised 134 

models, e.g., the vertical structure of the heating imposed in the baroclinic model (Matthews et al., 135 

2004). Given the idealised nature of these experiments, there may be missing physical processes in 136 

their setup. 137 

 138 

The linear response theory model approach put forward here takes an “end to end” approach. The 139 

interior atmospheric dynamics and physics that lead to an extratropical response to a tropical forcing 140 

are handled implicitly by a statistical method. Hence, the shortcomings of the barotropic and 141 

baroclinic model experiments described above are avoided. However, the disadvantage is that it is 142 

difficult to gain dynamical insight from this technique alone. Hence, we propose that the linear 143 

response theory model technique may be used as a complementary approach to the problem of 144 

tropical-extratropical interaction, alongside the idealised barotropic and baroclinic modelling 145 

techniques. 146 

 147 

2 Data and Methodology: 148 

 149 

Using Linear Response Theory, the extratropical circulation anomaly over the Northern Hemisphere 150 

can be decomposed into two parts: (1) a linear part dependent on the tropical precipitation anomaly; 151 
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(2) a residual part due to natural variability in the extratropics. The underlying assumptions of Linear 152 

Response Theory are: (1) the extratropical response to tropical forcing is linear; (2) the effect of local 153 

non-linear feedbacks on the tropical forcing is minimal.  154 

 155 

Using Linear Response Theory, we can express the signal (S) at time t (days), as a weighted sum of 156 

the previous history of the forcing (F) during the last T days. Mathematically, we can write: 157 

 158 

𝑆(𝑡) = ∫ 𝐺(𝜏)𝐹(𝑡 − 𝜏)𝑑𝜏
𝑇

0
+ 𝜀,         (1) 159 

 160 

where F is the forcing time series, 𝜏 is lag, G is the “Green’s function” or weights to be found, and 𝜀 161 

is the residual (due to non-linear effects and variability of S which is unconnected to the forcing). In 162 

this study, signal S is the daily geopotential height anomaly at 250 hPa (Z′250) over the extratropics 163 

and forcing F is the precipitation anomaly over the tropics. Daily anomalies are computed by 164 

removing the annual cycle (defined here as the time-mean and first six annual harmonics). 165 

 166 

In discretised form: 167 

𝑆(𝑡) ≈ ∑ 𝐺(𝜏𝑖)𝐹(𝑡 − 𝜏𝑖)𝛥𝜏𝑁
𝑖=0 + 𝜀.         (2) 168 

where  is the time interval of the data (1 day in this study), and the upper limit corresponds to N 169 

= T. 170 

 171 

Following Kostov et al. (2017), G(i) (for i = 0, …., N) is estimated using a linear least-squares 172 

regression of the signal (Z′250) against the lagged forcing (i.e., tropical precipitation anomaly). Using 173 

the impulse response G’s, we compute the ‘step’ response at lag j = j , due to tropical forcing as 174 

follows: 175 

 176 

𝑆𝑠𝑡𝑒𝑝(𝜏𝑗) ≈ ∑ 𝐺(𝜏𝑖)𝛥𝜏
𝑗
𝑖=0         (3) 177 
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 178 

The step response represents the extratropical response (in Z′250) due to a unit step-like change of 179 

tropical precipitation in a given forcing area. In our first example below (see Fig. 1), the step response 180 

at a time lag  is the accumulated response in Z′250 in two regions of the North Pacific (Fig. 1, red and 181 

blue boxes) in  days, caused by an anomalous precipitation event of unit magnitude over the tropical 182 

eastern Indian Ocean (Fig. 1 magenta box) which persists from lag 0 through to lag . The residual 183 

term ε denotes the remaining variability that cannot be explained by the tropical forcing. It contains 184 

the natural variability of the extratropics as well as uncertainty due to non-linear interactions. The 185 

results were not sensitive to the choice of level in the upper troposphere; calculations at 300 and 200 186 

hPa led to a similar signal, as the extratropical response has an equivalent barotropic structure. 187 

 188 

Daily geopotential height data are taken from the National Center for Environmental 189 

Prediction/National Center for Atmospheric Research (NCEP/NCAR) reanalysis (Kalnay et al., 1996) 190 

while the daily precipitation data are the 3B42 product from the Tropical Rainfall Measurement 191 

Mission (TRMM; Huffman et al., 2010). Since the quasi-stationary Rossby wave develops within 192 

about two weeks after the tropical forcing is switched on, computations up to a maximum time lag of 193 

T=40 days is sufficient to capture a fully developed Rossby wave response. 194 

 195 

As a first example of the framework, the response is computed to a ‘forcing’ consisting of the daily 196 

precipitation anomaly, area averaged over the tropical eastern Indian Ocean (magenta box in Fig. 1). 197 

The response was calculated using Z′250 data from each day during the DJF seasons from 1998/99 to 198 

2017/18. The forcing data were appropriately (negatively) lagged; therefore, for high negative lags, 199 

forcing data were used from the preceding October and November, as well as from the DJF season. 200 

The eastern Indian Ocean forms a part of the Indo-Pacific warm pool and is characterised by high sea 201 

surface temperatures and extensive, deep atmospheric convection. A typical upper tropospheric 202 

Rossby wave triggered by tropical forcing manifests as a spatial pattern of alternating positive and 203 
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negative geopotential height anomaly centres in the extratropics. The propagation path is shown 204 

schematically by the thick yellow line in Fig. 1. The ‘signal’ is chosen as the daily geopotential height 205 

anomaly at 250 hPa (hereafter Z′250) during DJF 1998/99-2017/18, averaged over a region in the 206 

extratropics. In this first example, the response is examined in two regions (shown by red and blue 207 

boxes in Fig. 1) which are chosen to capture the development of positive and negative Z′250 centres 208 

along the Rossby wave path.  209 

 210 

To check that the forcing box does actually describe the forcing region, a correlation map between 211 

area-averaged precipitation over the forcing box against grid-point precipitation anomalies over the 212 

whole Northern Hemisphere is constructed. Significant correlations are found only over the forcing 213 

box (not shown), confirming that the forcing is restricted to the chosen box with no significant 214 

influences from other regions. 215 

 216 

The linear step response in Z′250 to the precipitation anomaly over the eastern Indian Ocean is negative 217 

for the red box (Fig. 2a) and positive for the blue box (Fig. 2b). In both regions the response starts 218 

developing on the first day of the precipitation event and matures into a quasi-stationary value within 219 

a period of 15 - 20 days, which is consistent with our physical understanding of Rossby wave 220 

development. The average step response is obtained by averaging the quasi-stationary step responses 221 

over 30-40 day lags, and this ‘average’ step response can thus be used to represent the linear 222 

extratropical response due to tropical step-like precipitation changes. Note that the step response 223 

pattern was not sensitive to the exact choice of the 30-40 day lag window. The methodology is then 224 

extended to compute the averaged step response in Z′250 (averaged over 30 - 40 days) at each grid 225 

point over the Northern Hemisphere to capture the linear response over the entire Northern 226 

Hemisphere due to tropical forcing over a specific area.  227 

 228 

 229 
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The effects of the background atmospheric flow on the amplitude and propagation path of Rossby 230 

waves are demonstrated using the total stationary Rossby wavenumber (Ks) derived from the mean 231 

zonal wind field (Hoskins and Ambrizzi, 1993; Dawson et al., 2011), as follows: 232 

 233 

𝐾𝑠 = (
𝛽−𝑢𝑦𝑦

𝑢
)

1/2

,         (4) 234 

 235 

where ū is the time-mean zonal wind, β is the meridional planetary vorticity gradient, and ūyy is the 236 

time-mean meridional relative vorticity gradient. 237 

 238 

Rossby waves are refracted towards higher values of Ks and away from lower values of Ks such that 239 

regions with local maxima in Ks (e.g., mid-latitude westerly jets) act as waveguides for Rossby waves. 240 

This diagnostic has proved to be very useful in studying the Rossby wave propagation in the extra-241 

tropics (Hoskins and Ambrizzi 1993; Ting and Sardeshmukh 1993; Dawson et al., 2011). 242 

 243 

3 Extratropical linear response to tropical precipitation in present-day conditions 244 

 245 

(a) Observations 246 

The averaged linear step responses during DJF forced by tropical precipitation anomalies over the 247 

eastern Indian Ocean and the Maritime Continent are shown in Fig. 3a and 3b respectively. The linear 248 

response is scaled by the precipitation variability over the forcing region (which is approximately 3 249 

mm day-1). The linear response is significant over the northern Pacific Ocean with positive Z′250 250 

centres over Eastern China and the central North Pacific Ocean, and a negative Z′250 centre over a 251 

region of East Asia/western Pacific Ocean covering Japan and the Korean Peninsula. Fig. 3b also 252 

suggests a significant negative-NAO type pattern over Western Europe associated with a positive 253 

rainfall anomaly over the Maritime continent. 254 

 255 
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The location and magnitude of the positive and negative anomaly centres are representative of 256 

canonical extra-tropical Rossby wave responses (approximately zonal wavenumber 4) in the Northern 257 

Hemisphere, as demonstrated in previous studies (Sardeshmukh and Hoskins, 1988; Matthews et al., 258 

2004; Henderson et al., 2017). One interesting feature is the lack of sensitivity of the linear response 259 

over the northern Pacific Ocean to the actual location (longitude) of the tropical forcing. This is 260 

expected since the effective Rossby wave source is primarily dependent on the location of the 261 

westerly jet (Jin and Hoskins, 1995). This real-world linear extra-tropical response is now compared 262 

against linear responses from six selected global climate models. 263 

 264 

(b) Climate models 265 

Figure 4 shows the linear step response over 20 DJF seasons (scaled by 3 mm day-1) in pre-industrial 266 

control integrations of six CMIP5 models (HadGEM2-ES, CCSM4, IPSL-cm5a-MR, GFDL-esm2G, 267 

MIROC5 and MPI-esm-MR), with the forcing location fixed over the eastern Indian Ocean (Fig. 4 268 

magenta box). All six models show biases in the representation of the magnitude and spatial pattern 269 

of the linear step response when compared with Fig. 3a. Of the six models, HadGEM2-ES and MPI-270 

esm-MR show comparatively better skill in capturing the positive and negative anomaly centres over 271 

the northern Pacific Ocean (Fig. 4a and 4f). However, the spatial structure of the positive anomaly 272 

centres over the northern Pacific Ocean is better represented by MPI-esm-MR compared to 273 

HadGEM2-ES. Such subtle differences are very important for regional weather over North America 274 

and East Asia. These two models also correctly simulate the positive and negative anomaly centres 275 

over the western coast of USA (Baja California) and the north-western coast of Canada, respectively. 276 

The performances of these two models deteriorate away from the North Pacific Ocean. 277 

 278 

The remaining four models show large errors over the whole Northern Hemisphere with CCSM4 and 279 

MIROC5 simulating an annular response over the North Pacific Ocean (Fig. 4b and 4e). Interestingly, 280 

all the GCMs display significant responses over the Atlantic/European region; indeed the significance 281 
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of the responses appear to be greater than the observed response (Fig. 3a). The patterns of the GCM 282 

responses are however all different. Such differences are commented on below. 283 

 284 

Similarly, Fig. 5 shows the linear step response (scaled by 3 mm day-1) in the same six CMIP5 models 285 

with the forcing location fixed over the Maritime Continent. All the models show significant biases 286 

in the representation of the linear extratropical response. HadGEM2-ES captures the positive anomaly 287 

centre over East Asia well and only partially captures the negative anomaly centre over Japan/Korean 288 

peninsula, but fails to reproduce the linear response over the rest of the domain. The spatial pattern 289 

of linear response for HadGEM2-ES resembles that for IPSL-cm5-MR over the Pacific Ocean. For 290 

the remaining models, e.g., GFDL-esm2G, MIROC5 and MPI-esm-MR, the linear response is similar 291 

to a Pacific North American (PNA) teleconnection pattern rather than a typical Rossby wave response 292 

forced by convection over the Maritime Continent.  293 

 294 

(c) Rossby wave guides 295 

An advantage of the Linear Response Theory is that it allows us to study the extratropical response 296 

in each of the CMIP5 models due to identical persistent observed precipitation anomalies over a 297 

specific region. Hence, the differences in linear response are due directly to the incorrect 298 

representation of the teleconnection itself, not to the erroneous representation of precipitation in the 299 

models. To understand the role of the atmospheric basic state, the total stationary wavenumber (Ks) 300 

is computed from the mean zonal wind at 250 hPa of the six CMIP5 models (Fig. 6a-f), and is 301 

compared against reanalysis data (Fig. 6g). 302 

 303 

Linear Rossby waves cannot propagate through areas with easterly winds (black shading) or areas 304 

with negative β* (where β* = β - ūyy, shown in grey shading), which are often found on the poleward 305 

side of the subtropical jet. Together with the waveguide nature of the jet itself, this implies that Rossby 306 

waves can propagate poleward only after exiting the subtropical jet. When the jet is extended 307 
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eastward, the area of negative β* also tends to extend eastward, which is associated with a more 308 

zonally-extended structure of the waveguide (Fig. 6c, & 6e). Thus, biases in the structure and zonal 309 

extent of the jet lead to changes in the Rossby wave guide and the subsequent propagation paths of 310 

Rossby waves. In Fig. 6, zonal wavenumbers 4 and 5 have been highlighted (white contours) to show 311 

the Rossby waveguide for a typical planetary-scale Rossby wave. 312 

 313 

Some of the CMIP5 models, with more zonally extended regions of negative * (grey area in Fig. 6c 314 

& 6e) compared to reanalysis (Fig. 6g), have a more extended zonal waveguide compared to 315 

reanalysis. In contrast, models with a more realistic jet structure have a northeastward extension of 316 

the Rossby waveguide reaching up to North America (Fig. 6a & 6f) which agrees well with reanalysis 317 

(Fig. 6g). Despite a realistic structure of the negative β* area, the end of the Asia-Pacific waveguide 318 

is not properly represented in CCSM4 (Fig. 6b).  319 

 320 

Over North America, the signature of two Rossby waveguides can be seen in reanalysis data (Fig. 321 

6g):  the end of the subtropical Asia-Pacific jet waveguide (~ 50 °N) and the beginning of Atlantic-322 

African jet waveguide (~ 20 °N). These two waveguides are separated by an area of low zonal 323 

wavenumber which will oppose Rossby wave propagation between them. Most of the CMIP5 models, 324 

except HadGEM2-ES, do not have this clear separation between the waveguides. Hence in these 325 

models, due to the close proximity of the two waveguides, Rossby waves are expected to be refracted 326 

towards the tropical waveguide on reaching the end of the Asia-Pacific jet stream. This subtle 327 

dynamical bias in the models may result in significant errors in the extra-tropical Rossby wave 328 

response. In contrast, HadGEM2-ES shows a well-defined structure for both the waveguides (Fig. 329 

6a), with a small area of negative β* separating them (grey shading). Thus, overall, a more realistic 330 

representation of the basic atmospheric state and hence the Rossby waveguide structure in 331 

HadGEM2-ES (Fig. 6a) allows a comparatively better representation of the extra-tropical Rossby 332 

wave response (e.g., Fig. 4a), than in the other models. 333 
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 334 

(d) Extratropical response during El Niño events 335 

Before applying the linear response technique to the problem of climate change, we test it by 336 

evaluating its effectiveness in capturing the well-known extratropical response to El Niño. To this 337 

end, a similarity projection metric (tj) at each time tj is first computed. This is defined as the inner 338 

product (defined as the sum of the element-wise product of two matrices) between the map of a 339 

composite El Niño precipitation anomaly x (DJF mean of five recent El Niño years: 2002/03, 2004/05, 340 

2006/07, 2009/10 and 2015/16) and daily maps of precipitation anomalies y(tj) from TRMM (DJF, 341 

1998/99-2017/18), over the tropical belt 20°S – 20°N: 342 

     𝜎(𝑡𝑗) = 𝑥 . 𝑦(𝑡𝑗) (5) 343 

Thus, the similarity projection metric is a daily time series, with a value for each day in DJF from 344 

1998/99 to 2017/18. Higher values of the metric correspond to higher similarity (in both magnitude 345 

and pattern) between the map of the composite El Niño precipitation anomaly and the map of the 346 

daily precipitation anomaly. 347 

 348 

By using this similarity projection metric as the forcing time series (F) in eqn. (2), we can assess the 349 

performance of the step response method in simulating the actual extra-tropical response during El 350 

Niño periods. The step response to the El Niño precipitation forcing (Fig. 7a) shows strong similarity 351 

to the composite Z′250 map for selected El Niño years (DJF, 2002/03, 2004/05, 2006/07, 2009/10, 352 

2015/16) (Fig. 7b). The step response in fig. 7a closely resembles the canonical El Niño 353 

teleconnection pattern characterised by a robust PNA pattern (Diaz et al., 2001; Straus and Shukla, 354 

2002; Toniazzo and Scaife, 2006). This suggests that the response to El Niño Southern oscillation 355 

(ENSO) can be well approximated by this methodology, suggesting that under a moderate warming 356 

scenario (e.g., 2 °C rise in global mean temperature), where the jet stream is not expected to change 357 

significantly, the Linear Response Theory may be applied to provide a prediction of near-term 358 

changes in extratropical circulation. 359 
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 360 

4 Extratropical linear response due to future changes in tropical precipitation 361 

 362 

a. Similarity projection metric of future precipitation change 363 

The large intermodel spread in linear step response function over the North Pacific arises due to the 364 

variability in the spatial extent and strength of the Pacific jet stream among the CMIP5 models. In a 365 

warming world, Arctic amplification is generally expected to reduce the low-level meridional 366 

(equator-pole) temperature gradient. Conversely, the upper-tropospheric equator–pole temperature 367 

gradient will increase because of changes in moist adiabatic lapse rate predominantly in the tropics 368 

(Vallis et al. 2015) and greenhouse gas-induced cooling in the polar lower stratosphere. Because of 369 

the uncertainty in the future changes in tropospheric temperature gradient, the future projection of 370 

Northern Hemisphere circulation and the mid latitude jet stream remains uncertain (Harvey et al., 371 

2014; Barnes and Screen, 2015). It is therefore expected that uncertainties in CMIP5 projections of 372 

extratropical Rossby wave response will also increase into the future.  373 

 374 

We now consider an alternative approach to projecting future changes in the extratropical mean state: 375 

calculating the linear step response function from projected precipitation anomalies, using observed 376 

representations of Z′250. Using the linear step response function computed for the observed basic state 377 

avoids the sizeable step response biases that occur when using the basic states of climate models 378 

(Section 3). The linear step response method is therefore another approach to making projections of 379 

extratropical circulation compared to using the CMIP5 models themselves. 380 

 381 

Here, we employ this methodology to assess changes between the present day and DJF 2025-2045, 382 

which corresponds to an approximate 2°C rise in global mean temperature from the pre-industrial era 383 

under a high emission scenario (RCP 8.5) in HadGEM2-ES. The choice of a near-term projection is 384 

made in order to reduce changes in the atmospheric basic state expected from the large increase in 385 
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global mean temperature towards the end of the 21st century in HadGEM2-ES. In addition, a large 386 

uncertainty exists in the future projection of the magnitude and spatial pattern of tropical precipitation 387 

change itself in the later part of the 21st century (Oueslati et al., 2016; Knutti et al., 2013), although 388 

much of this is because of differences in the projected changes in global mean temperature (Knutti et 389 

al., 2016). Therefore, choosing the future period based on a 2°C rise should also help minimise the 390 

intermodel spread in future projection of tropical precipitation. 391 

 392 

To assess the extratropical response due to future tropical precipitation changes, a similarity 393 

projection metric is first computed in a similar manner to that for El Niño in Section 3d (Eq. 5). First, 394 

an anomaly map x is created from the difference between the map of future (DJF, 2025/26-2045/46) 395 

and the present day precipitation (DJF, 1986/87-2005/06) from the model. For HadGEM2-ES this 396 

difference map shows increases in precipitation over the Maritime Continent, western Pacific Ocean 397 

and eastern Indian Ocean, decreases over the western Indian Ocean and an equatorward (southward) 398 

shift of the Intertropical Convergence Zone over the central and eastern Pacific (Fig. 8d).  As in 399 

Section 3d, a similarly projection metric (tj) is then calculated as the inner product between this 400 

anomaly map x and daily maps of precipitation anomalies from modern day observations of 401 

precipitation y(tj) (TRMM: DJF, 1998/99-2017/18), over the tropical belt 20°S – 20°N. Again this 402 

produces a time series with daily values of the similarity projection metric from 1998/99-2017/18. In 403 

this case, higher values of the metric correspond to higher similarity (in both magnitude and pattern) 404 

between the map of future precipitation change and the map of the daily precipitation anomaly. 405 

 406 

A composite map of TRMM precipitation anomalies corresponding to the days when the similarity 407 

projection metric values are in their upper quartile (Fig. 8a) shows close agreement with the projected 408 

precipitation change (Fig. 8d), confirming the validity of this technique. Thus using the similarity 409 

projection metric as forcing (F) in Eq. 2, we are effectively forcing the present-day extra-tropical 410 

circulation with the projected future precipitation change. This addresses the question – what will be 411 
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the linear extra-tropical response within the present climate state, if forced by a tropical precipitation 412 

anomaly similar to future precipitation change? 413 

 414 

b. Step response function to future precipitation change on present observed basic state 415 

Figure 9a shows the step response function (averaged over lag 30-40 days) computed using Z′250 from 416 

NCEP/NCAR reanalysis (DJF, 1998/99-2017/18) as the signal, and forced by one standard deviation 417 

of this similarity projection metric. This can be physically interpreted as the linear extratropical step 418 

response if the future simulated tropical precipitation change occurred in the present-day observed 419 

climatic state. A strong extratropical response emerges over the entire Northern Hemisphere. The 420 

extratropical response in Z′250 is characterised by a clear Rossby wave pattern over the northern 421 

Pacific Ocean with positive Z′250 centres over eastern China and the central North Pacific Ocean, and 422 

a negative Z′250 centre over a region of northeast Asia/western Pacific Ocean. Additionally, a negative 423 

Z′250 centre appears over the Mediterranean Sea/North Africa region while a positive Z′250 centre 424 

develops over the North Atlantic Ocean. Overall, the spatial pattern of Z′250 in Fig. 9a is very roughly 425 

equivalent to a superposition of the step responses in Fig. 3a and 3b. This is because the strongest 426 

increases in future precipitation (during DJF 2025-2045) are centred over the eastern Indian Ocean 427 

and the Maritime Continent (i.e., the forcing regions in Fig. 3) which underlines the linear nature of 428 

extratropical response due to tropical forcing (precipitation). 429 

 430 

c. Step response function to future precipitation change on present model basic state 431 

Figure 9b shows the average step response function computed using Z′250 from the present 432 

HadGEM2-ES simulation (DJF, 1986/87-2005/06), and forced by one standard deviation of a 433 

different similarity projection metric, calculated as the inner product of the maps of the same future 434 

tropical precipitation change x, and daily HadGEM2-ES model precipitation anomalies y(tj) during 435 

the 1986-2005 period. A map of this forcing (Fig. 8b) is very similar to the forcing in Fig. 8a. In other 436 

words, Fig. 9b represents the linear extratropical step response if the future tropical precipitation 437 
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change (as simulated by HadGEM2-ES) occurred in the present model climatic state. The 438 

extratropical response in Fig. 9b is characterised by weak negative Z′250 centres over north-eastern 439 

Russia and Alaska, and a positive Z′250 centre over North Atlantic Ocean. It is evident that there are 440 

large differences between Figs. 9a and 9b in terms of both the magnitude and spatial extent of 441 

extratropical response due to future changes in tropical precipitation. 442 

 443 

d. Step response function to future precipitation change on future model basic state 444 

The simulated extratropical linear response due to future tropical precipitation change under the future 445 

model climatic state (here y(tj) are the daily HadGEM2-ES precipitation anomalies during the 446 

2025/26-2045/46 period) is shown in Fig. 9c. Again, the forcing (Fig. 8c) is very similar to the forcing 447 

in Fig. 8a, and the difference in extratropical response can be interpreted as being solely due to 448 

changes in the basic state. Only a weak extratropical response can be seen over the northern Pacific 449 

Ocean while a positive Z′250 centre appears over Scandinavia. Overall, the future dynamical change 450 

in the extratropical linear response (comparison of Fig. 9c and 9b) appears to be much smaller than 451 

the bias in the model’s linear response within the present climate state (comparison of Fig. 9a against 452 

9b). 453 

 454 

e. Actual projected change in extratropical circulation 455 

Figure 9d shows the actual projected changes in average winter (DJF) geopotential height at 250 hPa 456 

(Z250) during the future period 2025-2045 (relative to present/historical period 1986-2005) from the 457 

high emission scenario (RCP 8.5), as simulated by the HadGEM2-ES model. The strengthening of 458 

the meridional gradient in the Z250 change over south East Asia/China and the central Pacific Ocean 459 

(across the 30°N latitude) suggests a strengthening of both the East Asia jet stream and the Pacific 460 

subtropical jet stream in the future. There are differences in the extratropical response between the 461 

linear response theory predicated on either observations or model, and the model projection itself, 462 

which we comment on below. 463 
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 464 

5 Discussion and Conclusions 465 

  466 

We have exploited the linear nature of the extratropical Rossby wave response to tropical forcing to 467 

demonstrate that such response (over the Northern Hemisphere) can be realistically quantified using 468 

Linear Response Theory. Initially, the forcing (i.e., tropical precipitation anomaly) is limited to a 469 

specific area of interest and the magnitude scaled to a standard value (i.e., 3 mm day-1). Hence, despite 470 

the large intermodel spread in the spatial extent and magnitude of tropical precipitation, the 471 

extratropical signal is forced by the same magnitude of forcing in the six selected CMIP5 models. 472 

 473 

The linear step response function derived using this approach is used to compare the extratropical 474 

teleconnection in selected CMIP5 models. The model performances vary widely with most of the 475 

models differing in the spatial extent and magnitude of the linear response, because of differences in 476 

their mean states, encapsulated by the Rossby waveguide. In the observations, as represented by the 477 

reanalysis data, an area of negative (reversed) absolute vorticity gradient (β*), often found on the 478 

poleward side of the Northern Hemisphere subtropical jet, restricts the Rossby waves to the south. 479 

On exiting the jet stream, the Rossby waveguide (highlighted by zonal stationary wavenumbers 4-5) 480 

shows a northeastward extension to North America. With a notable exception, this feature is not 481 

generally well represented by the CMIP5 models. 482 

 483 

The Linear Response Theory method (LRTM) is employed to analyse the DJF extratropical response 484 

to El Niño events, and performs well, simulating the observed PNA response. There are differences 485 

in response between the LRTM and observations over the Euro-Atlantic region, where the former 486 

simulates a positive NAO-like pattern. However, the Atlantic response to El Niño events is 487 

significantly affected by non-linear changes to the stratospheric circulation during such times (e.g. 488 

Bell et al. 2009), which are not represented in the LRTM. Despite this, the performance of the LRTM 489 
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does suggest some potential role for seasonal prediction, as a semi-empirical prediction with which 490 

CMIP models can be compared. Suggested future work in this direction could involve comparing 491 

interannual variability in the extratropical state using the LRTM and CMIP model hindcasts, 492 

particularly in the European-Atlantic region. Such work would examine how well the LRTM, with 493 

its lack of mean-state biases but also caveats, performs against CMIP models that predict many, but 494 

by no means all, aspects of interannual variability in this region (e.g., Eade et al. 2014). 495 

 496 

The LRTM is then compared against a standard projection of extratropical circulation in HadGEM2-497 

ES when global temperature change reaches 2°C. The model is chosen  because it represents well the 498 

separation between the subtropical Asia-Pacific jet waveguide (~ 50°N) and the Atlantic-African jet 499 

waveguide (~ 20°N) (by an area of low zonal wavenumber), which opposes Rossby wave 500 

propagation. There are notable differences between the LRTM extratropical response using simulated 501 

precipitation changes and observed present-day state (Fig. 9a), simulated precipitation changes and 502 

simulated present-day state (Fig. 9b), and the CMIP model itself (Fig. 9d). Given the good 503 

performance of the LRTM in simulating the extratropical response to El Niño, one cannot assume 504 

that the direct GCM projection of extratropical circulation change (Fig. 9d) is automatically “better” 505 

than the equivalent projection made using the LRTM (Fig. 9a). Quantifying the skill of the LRTM vs 506 

CMIP projections is the next step, and accordingly future work will utilise sets of so-called “perfect 507 

model” experiments in order to quantify to what extent the LRTM can be used in tandem with 508 

standard CMIP model projections to quantify uncertainty in the extratropical circulation response to 509 

climate change. 510 

 511 

We note again that the use of the LRTM for making future projections is contingent on small changes 512 

in the mean extratropical state, so that changes in the mean state in the future are small compared to 513 

biases in simulated mean model states. The LRTM is therefore not suitable for projecting change 514 

under large degrees of warming (or indeed cooling). The LRTM is dependent on using projected 515 
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tropical model precipitation changes, and so can, at best, only reduce that level of bias which arises 516 

from CMIP model representations of the extratropical mean state. If GCMs have common biases in 517 

tropical precipitation projections, which recent work suggests is possible (Seager et al. 2019), such 518 

common biases will feed through into projections made using the step response method as well. 519 

 520 

Our study highlights the use of the linear step response function (computed using a LRTM) as a new 521 

method for calculating Northern Hemisphere extratropical circulation responses to tropical 522 

precipitation anomalies. The utility of the method lies in its use of observations of the Northern 523 

Hemisphere extratropical mean state, thus eliminating biases in its representation from degrading 524 

model response. The method does have drawbacks, such as its assumption of linearity, and hence its 525 

inability to simulate the extratropical response to tropical precipitation anomalies via non-linear 526 

stratospheric and tropospheric processes, but represents the extratropical response to El Niño events 527 

well. We hope to compare this method in future with standard near-term projections made using 528 

CMIP models, in order to assist in quantifying uncertainty in future extratropical changes. 529 
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Figure 1: Schematic diagram of the tropical-extratropical interaction mechanism underlying the linear 718 

response theory. A tropical precipitation anomaly (in this example in the eastern Indian Ocean; 719 

magenta box, 80-110 °E, 15 °S-15 °N) triggers an extratropical Rossby wave response (path shown 720 

by yellow arrow). This interacts with the subtropical jet stream (orange arrows), and leads to a region 721 

of negative 250-hPa geopotential height anomaly over the western north Pacific (red box, 125-155 °E, 722 

30-45 °N)   and an area of  positive 250-hPa geopotential height anomaly over the central north Pacific 723 

(blue box, 180-210 °E, 30-45 °N). 724 
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Figure 2: Step response function for anomalous 250-hPa geopotential height (NCEP/NCAR 731 

reanalysis) over the North Pacific, averaged over (a) 125-155 °E, 30-45 °N (shown by red box in Fig. 732 

1), (b) 180-210 °E, 30-45 °N (shown by blue box in Fig. 1), forced by a 3 mm day-1 precipitation 733 

(TRMM) anomaly over the eastern Indian Ocean (averaged over 80-110 °E, 15 °S-15 °N, magenta 734 

box in Fig. 1), during DJF, 1998/99-2017/18. 735 
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Figure 3: Step response function for anomalous 250-hPa geopotential height (NCEP/NCAR 742 

reanalysis), averaged over lag 30-40 days, forced by 3 mm day-1 area-averaged precipitation (TRMM) 743 

anomaly over the (a) eastern Indian Ocean, and (b) Maritime Continent (shown by the magenta 744 

boxes), during DJF, 1998/99-2017/18. Shading and contour interval is 10 m. Shading is masked out 745 

where the step response function is less than one standard deviation, and contour lines are only plotted 746 

where the step response function is more than two standard deviations. 747 
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Figure 4: As Fig. 3(a) (forcing over eastern Indian Ocean), but with 250-hPa geopotential height and 761 

precipitation from 20-year pre-industrial control integrations of (a) HadGEM2-ES, (b) CCSM4, (c) 762 

IPSL-cm5a-MR, (d) GFDL-esm2G, (e) MIROC5 and (f) MPI-esm-MR models, during DJF. Shading 763 

is masked out where the step response function is less than one standard deviation, and contour lines 764 

are only plotted where the step response function is more than two standard deviations. 765 
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Figure 5: As Fig. 4, but for forcing over the Maritime Continent. 771 
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Figure 6: Total stationary wavenumber calculated from winter (DJF) time-averaged zonal wind at 783 

250 hPa for (a) HadGEM2-ES, (b) CCSM4, (c) IPSL-cm5a-MR, (d) GFDL-esm2G, (e) MIROC5, (f) 784 

MPI-esm-MR and (g) NCEP/NCAR reanalysis. Black (gray) shading represents regions with 785 

negative ū (β*). White contour lines show selected wavenumbers 4 and 5. 786 
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Figure 7: (a) Step response function for anomalous 250-hPa geopotential height from NCEP/NCAR 790 

reanalysis, averaged over lag 30-40 days, forced by one standard deviation of the similarity projection 791 

metric (for composite DJF precipitation anomalies during El Niño years) calculated from daily 792 

TRMM precipitation, over 20 °S - 20 °N, (b) the composite map of anomalous 250-hPa geopotential 793 

height from NCEP/NCAR reanalysis during DJF of El Niño years. 794 

 795 

 796 

 797 

 798 

 799 

  800 



36 

 

Figure 8: (a) Composite mean of daily TRMM precipitation anomalies over days when the similarity 801 

projection metric (see text for details) values were within the upper quartile, from a high emission 802 

scenario (RCP 8.5), as simulated by the HadGEM2-ES model. (b) As (a) but for the similarity 803 

projection metric calculated from model precipitation from the present day simulation. (c) As (b) but 804 

for model precipitation from the future simulation. (d) Projected changes in mean northern winter 805 

(DJF) precipitation (mm day-1) over the future period 2025/26-2045/46 (relative to present day 806 

1986/87-2005/06). 807 
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Figure 9: (a) Step response function (m) for anomalous 250-hPa geopotential height from 815 

NCEP/NCAR reanalysis, averaged over lag 30-40 days, forced by one standard deviation of the 816 

similarity projection metric (for the pattern of future tropical precipitation change x) projected onto 817 

daily TRMM precipitation y(tj) during the period DJF 1998/99-2017/18 (Fig. 8a). (b) As (a) but for 818 

250-hPa geopotential height from HadGEM2-ES, forced by the similarity projection metric 819 

calculated from daily present HadGEM2-ES model precipitation during the period DJF 1986/87-820 

2005/06 (Fig. 8b). (c) As (b) but forced by the similarity projection metric calculated from daily future 821 

model precipitation HadGEM2-ES model precipitation during the period DJF 2025/26-2045/46 (Fig. 822 

8c). (d) Projected changes in average winter (DJF) 250-hPa geopotential height over the period 823 

2025/26-2045/46 (relative to 1986/87-2005/06) from a high emission scenario (RCP 8.5), as 824 

simulated by the HadGEM2-ES model. Shading is masked out where the step response function is 825 

less than one standard deviation, and contour lines are only plotted where the step response function 826 

is more than two standard deviations. 827 
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