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Abstract 
 

Speleothems contain key archives of palaeoclimatic information, which can be interpreted 

through multiple geochemical and petrographic proxies, and precisely dated by Uranium 

Series dating.  As U/Th dating is only viable for samples up to approximately 700 kyr of age, 

U/Pb dating must be used to date older samples.  In this study, U/Pb methods were used to 

date an aragonite layer in a speleothem from Iran, following the use of autoradiography to 

select samples with appropriately high uranium. 

Aragonite is metastable at earth surface conditions, and is therefore prone to 

recrystallisation as calcite if it comes into contact with a fluid that is undersaturated with 

respect to aragonite.  This process affected two speleothems from Dim Cave, SW Turkey, 

and one speleothem from Torang Cave, Iran.  The older Dim Cave stalagmite, which 

precipitated during MIS 5e, was not identified as a recrystallised stalagmite at first, as the 

mineralogy of the growth axis appeared to show a change in primary mineral rather than 

recrystallisation.  Despite the fact that recrystallisation had occurred, it was possible to 

create an age model, as the system had not opened to a great degree.  The persistence of 

an aragonite layer in this speleothem, as well as several other geochemical proxies, 

indicates that an arid phase occurred during early MIS 5e in SW Turkey.  The second 

recrystallised speleothem from Dim Cave provides useful insights into the geochemical and 

petrographic character of recrystallised speleothems.  The recrystallised speleothem from 

Torang Cave produced a record of climatic instability in southern Iran during MIS period 9-

7, although the age model was not precise enough to draw precise conclusions. 

A small aragonitic Holocene growth from Dim Cave grew during a time which corresponds 

to an early Holocene pluvial period that affected the entire eastern Mediterranean Basin, 

coinciding with the deposition of Sapropel 1. 
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1.1 Why Use Speleothems as Palaeoclimatic Proxies? 
Speleothems may contain many physical and chemical proxies, which can be interpreted to 

yield high-resolution modified climate signals (McDermott, 2004, McDermott et al., 2006, 

Fairchild et al., 2006).  Recently, authors have indicated the benefits of analysing several 

proxies from one sample to aid interpretation of proxies which may be driven by several 

factors, and to account for the fact that some proxies may not record certain events 

(Hellstrom and McCulloch, 2000, Asrat et al., 2007).  Comparative spectral analysis of 

proxies known to be reflecting factors external to the cave, such as growth rate, and 

oxygen and carbon isotopes, which could either be reflecting variations in cave-external 

parameters or conditions within the cave, can aid interpretations of the latter by 

distinguishing between cave-internal and –external driving mechanisms (Asrat et al., 2007)   

The mechanisms of speleothem growth are sensitive to external parameters, and often 

climatically driven (Lauritzen and Lundberg, 1999, Fairchild et al., 2006).  One such external 

property is mean annual temperature (MAT) above the cave, which has been shown to be 

represented by cave air temperatures at most sites, which remain relatively constant and 

within approximately ±1°C of MAT (McDermott, 2004).  Speleothem growth will cease if the 

cave is overlain by ice due to stripping of the soil, lack of groundwater recharge, minimal 

vegetation, and/or cave flooding due to drainage becoming blocked (Winograd, 2002), 

allowing speleothem growth periods to be used as a proxy for the retreat of glaciers or ice 

sheets.  If speleothems contain magnetic minerals, they may provide a record of 

palaeomagnetic variations through geological time (Latham et al., 1982, Perkins, 1996). 

The Devil’s Hole calcite vein record demonstrated the potential of speleothems and other 

terrestrial carbonates for palaeoclimatic research (Winograd et al., 1992, 1997), with the 

countless studies published since realising the benefits of using cave carbonates (e.g. 

Dorale et al., 1998), discovering new proxies which can be obtained from speleothems, and 

refining those proxies already used.  Proxies which can be retrieved from speleothems 

include mineralogy, growth rate and speleothem diameter, oxygen and carbon isotopes, 

strontium isotopes, trace elements, organic compounds, and pollen.  For interpretation of 

oxygen and carbon isotopes, the fact that speleothems are often deposited close to 

isotopic equilibrium aids retrieval of climatic information from the other factors affecting 

the signal (McDermott et al., 2006), and where speleothems grow in cool, temperate 

regions, high humidity (typically 95-99%) minimises evaporation, which may otherwise 

have caused kinetic isotope fractionation (McDermott, 2004). 
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Speleothems benefit from the protection of the cave environment, which reduces external 

erosion and allows speleothems to survive for very long periods of time, up to 104-106 years 

(Lauritzen and Lundberg, 1999, McDermott, 2004).  This allows speleothems to grow for 

very long periods of time, if the prerequisites for growth are met, which makes them 

extremely valuable compared to records which are not as long (Frisia and Borsato, 2010).  

Their closed crystalline nature also means that speleothems are not usually susceptible to 

contamination or degradation (Lauritzen and Lundberg, 1999), or other forms of secondary 

alteration (Fairchild et al., 2006), and so are often preserved as relatively pure calcium 

carbonate (McDermott, 2004). 

1.1.1 Comparison with Other Records 

Speleothems are able to provide proxy information which may complement other records, 

for example their terrestrial nature makes them valuable for comparison against deep-sea 

and ice-core records (Lauritzen and Lundberg, 1999).   

In some cases, the benefits of speleothem records may allow them to improve upon the 

available information from other records.  For example, ice cores provide very useful 

records of global palaeoclimate, but dating uncertainties lead to difficulty resolving trends 

at high resolution, for example on the scale of Dansgaard-Oeschger events, while 

speleothem dating by U-Series methods can be accurate enough to identify the imprint of 

these millennial-scale events on the records recovered (Wang et al., 2001, Genty et al., 

2003), and so speleothem records can be used to refine Greenland ice-core records 

(McDermott, 2004).  Marine cores may also have problems with their dating chronology 

due to 14C issues (Beck et al., 2001, Genty et al., 2003).  In comparison, U-series dating of 

speleothems can obtain precise, robust, accurate and absolute chronologies (Lauritzen and 

Lundberg, 1999, Richards and Dorale, 2003, Fairchild et al., 2006), which is vital for 

palaeoclimatic interpretation.  Such chronologies can be presented in calendar years, with 

a precision approaching 0.3 – 0.6 % (2σ) for dates less than 100,000 years due to the 

advent of thermal ionization mass spectrometric methods of U-Series dating, which among 

other benefits allow much smaller sample sizes than previous methods (Edwards et al., 

1987, Lauritzen and Lundberg, 1999, McDermott, 2004, McDermott et al., 2006).   

While both ice cores and marine cores can provide very long, continuous records of climate 

(as can speleothems), lake cores may not provide long-term records due to the fact that 

lakes can be transient features, and so records may be short or fragmented, and in arid 

regions lakes may dry up completely (Gat and Magaritz, 1980).  On the contrary, 
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speleothems may exhibit continuous growth for up to 103-105 years (Fairchild et al., 2006), 

and as they exhibit a relatively rapid growth rate compared to other archives (McDermott 

et al., 2006), they can be studied on a wide variety of timescales, from intra-annual to 

orbital timescales (Fairchild et al., 2006). 

Speleothem records are very appropriate to use to test and validate general circulation 

models (GCMs), for example Yuan et al. (2004) suggested that changes in humidity and 

moisture availability between glacial and interglacial periods could cause additional 

important amplifications to climatic change due to the greenhouse gas properties of water 

vapour.  Due to the high resolution of speleothem records, they can be used to investigate 

and assess inter-hemispheric and latitudinal leads and lags in the climate system 

(McDermott, 2004), and identify teleconnections (McDermott et al., 2006), for example 

Wang et al. (2001) identified a link between the East Asian Monsoon and Greenland 

temperatures during the precipitation of a speleothem from Hulu Cave, China.  

1.1.2 Problems with Speleothems as Palaeoclimatic Proxies 

One of, if not the most commonly used proxies in speleothem analysis is δ18O.  Use of δ18O 

is complicated by several control factors (e.g. Hendy, 1971, Lachniet, 2009, Dayem et al., 

2010), and previous studies have over-simplified the controls on isotopes of precipitation, 

such as temperature (Fairchild et al., 2006). Despite this, δ18O is still considered to be 

usable as a measure for precipitation in certain climatic settings (e.g. Wang et al., 2001, 

2008, Yuan et al., 2004, Cheng et al., 2009, Li et al., 2011).  

 

Although the cave environment is valuable in providing a protected environment for the 

speleothem, allowing it to persist for very long periods of time, it is not without problems.  

Evaporation may occur close to the cave entrance, creating an unsuitable soft, porous 

deposit (Lauritzen and Lundberg, 1999).  Also, there has been insufficient research into the 

complicating processes in the karst and cave system (Fairchild et al., 2006).  While post-

depositional recrystallization is rare, it can occur and can be detected as randomly 

orientated, equidimensional crystals in an irregular mosaic (Lauritzen and Lundberg, 1999).   

 

Although speleothems are very common in humid areas, and are also able to deposit in 

semi-arid areas (e.g. Bar-Matthews et al., 1996, Auler and Smart, 2004), they will not be 

able to precipitate where water availability is too scarce, limiting their geographical extent.  

However, this can be used as a proxy for precipitation amount if speleothems have been 

able to form at times when the climate was more humid (e.g. Burns et al., 2001, Vaks et al., 
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2003), and a high frequency of speleothems can also be used to infer high water 

availability, warm temperatures, good soil and vegetation cover (Gascoyne, 1992, 

Lauritzen, 1995), although this proxy may not be viable for the Eastern Mediterranean 

region (Ayalon et al., 1999).  Non-hydrological effects may also be responsible for initiation 

of growth however; examples are karst evolution or fissures which had been blocked, 

becoming unblocked (Asrat et al., 2007). 

 

1.2 The Need for Palaeoclimate Records from the Eastern 

Mediterranean – Middle East (EM-ME) Region 

 
The eastern Mediterranean – Middle East region is a transition zone between the Eurasian, 

Asian and African climatic belts, making it highly sensitive to changes in the relative 

influence of the climatic systems association with these zones (Roberts et al., 1999b).  In 

addition, Turkey is subject to severe water shortages at present, with climate projections 

indicating that increased aridity is likely in the next 100 years (Christensen et al., 

2007).Despite this, palaeoclimatic data from this region is often sparse; for example in 

reconstructions of northern Hemisphere palaeoprecipitation, Turkey is often under-

represented (e.g. Luterbacher and Xoplaki, 2003, Pauling et al., 2006).  The coverage of 

speleothem records from the region is improving, with a record spanning a large range of 

time from Soreq Cave, Israel (Bar-Matthews et al., 1991, 1996, 1997, 1999, 2000, 2003, 

2011) forming the most complete record, but many gaps still exist, both spatially and 

temporally.  Therefore, there is scope for additional speleothem data from the region. 

 

1.3. Project Aims and Objectives 

The overall purpose of the thesis is to use speleothems from the Eastern Mediterranean-

Middle East region to reconstruct palaeoclimate during the Pleistocene-Holocene period.  

More specific objectives include: 

 To obtain multi-proxy records from speleothems from the Holocene and MIS 5e 

from a cave in SW Turkey (red circle in Figure 1.1).  These proxies include stable 

isotopes, high resolution LA-ICP-MS analysis of trace elements, strontium isotopes, 

and fluorescence. 
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 To obtain stable isotope and trace element data from a speleothem from a cave in 

S Iran (blue square in Figure 1.1) that grew during MIS 9-7, to give palaeoclimatic 

insight to these periods in the area.  In particular, MIS 8 is not well represented in 

the literature. 

 

 To identify teleconnections with palaeoclimatic records from other regions. 

 

 To investigate the causes of recrystallisation of aragonite speleothems to calcite, 

and the effects this process has on the geochemistry of the speleothems. 

 

 To attempt to date materials from a cave in S Iran (yellow diamond on Figure 1.1) 

that are outside the range of U/Th dating by U/Pb methods.  

  

Figure 1.1 
Location of study sites from this research:  Dim Cave in SW Turkey (red circle), Sehlak Cave (yellow 
diamond) and Torang Cave (blue square) in S Iran. 
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1.4 Geography and Present Day Climate of the EM-ME Region  

1.4.1 The Mediterranean Sea 

The Gibraltar Strait is the sole connection between the Mediterranean Sea and the Atlantic 

Ocean, making the basin almost isolated from the moderating influence of the Atlantic 

Ocean (Zhou et al., 2008c, Almogi-Labin et al., 2009).  The land-locking effect in the present 

day leads to increases towards the east in both salinity and sea surface temperature (SST), 

which in turn causes productivity to decrease in the same direction (Antoine et al., 1995, 

Malanotte-Rizzoli et al., 1999, Pinardi and Masetti, 2000).  The main freshwater flux to the 

Mediterranean Sea is through the Black Sea system (Gat and Magaritz, 1980). 

 

The Mediterranean Sea acts as a modulating influence on vapour sources of precipitation 

(Gat and Carmi, 1987, Ayalon et al., 1998), and causes the area around it to experience a 

milder and less arid climate (Gat and Magaritz, 1980).  In the summer, extremes of heat are 

moderated by the influence of the Mediterranean Sea, while during the autumn and 

winter, cyclogenesis occurs over the sea due to the juxtaposition of cold, dry continental air 

and a relatively warm sea (Gat and Magaritz, 1980, Alpert et al., 1990, Tatli et al., 2004).  

The responsible convergence zone occurs due to the fact that the Azores high shifts to the 

south at this time (Tatli et al., 2004). 

1.4.2 Climate of the Eastern Mediterranean Region 

The Eastern Mediterranean (EM) is located between the arid Sahara-Arabian deserts, and 

the humid temperate European climatic zone (Bar-Matthews et al., 1999, Frumkin and 

Stein, 2004).  The climate of the Eastern Mediterranean-Middle East (EM-ME) region is 

sensitive to environmental change, especially with regards to N-S shifts in the climate belts 

(Frumkin and Stein, 2004), such as advance and regression of the arid-zone boundary (Gat 

and Magaritz, 1980).  There is a clear increased continental effect from the western to 

eastern Mediterranean (Almogi-Labin et al., 2009).  This effect, combined with a decreasing 

moderating influence of the Atlantic Ocean to the east, leads to a W-E moisture gradient 

(Pierre, 1999). 

The climate of the eastern Mediterranean region is affected by the inter-relationship 

between the climate patterns of North Africa, Asia, and Europe (Bar-Matthews et al., 2000), 

with the monsoon systems, Atlantic disturbances and Mediterranean cyclogenesis all 

potentially affecting the region (Gat and Magaritz, 1980).  The combination and/or 

interplay of these climatic inputs means that local climate within the EM region may not be 
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in phase with the glacial cycles or the local climates of other areas within the region (Gat 

and Magaritz, 1980).  Currently, the southern part of the EM basin is affected by the low 

latitude monsoons (Rossignol-Strick, 1985), and this influence dissipates rapidly to the 

north, so that the northern extreme of the eastern Mediterranean Sea is mostly influenced 

by the North Atlantic/Mediterranean climate system (Almogi-Labin et al., 2009).  

Mediterranean cyclogenesis, brings precipitation that is winter-dominated, and has a large 

d excess (Gat and Magaritz, 1980).  These two variables contrast with precipitation 

delivered by the monsoon system, as monsoonal rains are mostly summer- rather than 

winter-dominated, and have a very low d excess as well as being enriched in heavy isotopes 

(Gat and Magaritz, 1980).  Atlantic depressions are year-round events, and in contrast to 

monsoon precipitation, precipitation from Atlantic storms has depleted isotopic values (Gat 

and Magaritz, 1980).  A change in the area of influence of these three precipitation source 

types (Mediterranean cyclogenesis, Atlantic depressions, and monsoonal systems) can have 

severe effects on local climate. 

The Mediterranean climate of dry summers and wet winters is representative of the Cs 

climate type, in which at least eight months must have average temperatures of ≥10 °C, 

and the average annual precipitation must be <900 mm (Trewartha, 1980).  Synoptic 

classification of the seasons in the EM shows that both the winter and summer seasons are 

in fact longer than either the astronomical or meteorological durations given for the 

seasons, and are 3 months and 23 days each (Alpert et al., 2004). 

Weather systems reaching Turkey at present generally follow a pattern of being north-

westerly in spring, westerly to north-westerly in winter, south-westerly in autumn and 

easterly to south-easterly in summer (Kutiel and Maheras, 1998, Kutiel et al., 1998). 

1.4.2.1 Atmospheric Circulation in the EM-ME Region 

1.4.2.1.1 Anticyclone Ridge 

An anticyclone ridge extends over the Near East region, with the northern part being an 

extension of the Siberian anticyclone, and the southern part related to the subtropical high 

pressure belt (Zhou et al., 2008a).  The ridge leads to predominance of north-east surface 

winds over the Caspian and Black seas (Zhou et al., 2008a).  In mountainous areas however, 

surface winds may not conform to the surface pressure pattern (Zhou et al., 2008a). 

1.4.2.1.2 Cyprus Lows  

Cyprus Lows are mid-latitude disturbances which develop when upper troughs or cut-off 

lows penetrate into the Eastern Mediterranean (Zangvil et al., 2003), bringing cool air 



  

26 
 

originating from Eastern Europe over the warmer Mediterranean Sea where it becomes 

unstable (Shay-El and Alpert, 1991).  The passage of a warm sector during a Cyprus Low 

pressure system can lead to dust storms originating in the Sahara affecting the eastern 

Mediterranean (Ganor and Mamane, 1982).  

1.4.2.1.3 The Persian Trough and Etesian Winds 

The Persian Trough is a low-pressure extension of the Asian monsoon (Bitan and Saaroni, 

1992), which in summer extends to the northwest through the Persian Gulf extends across 

the EM to the Aegean Sea via southern Turkey (Ziv et al., 2004), at which point it meets the 

Azores High/Ridge (Bitan and Saaroni, 1992).  The interaction of the Persian Trough and the 

Azores High leads to the Etesian Winds, which are generally north-south direction winds 

that blow over the EM during summer and early autumn (Tritakis, 1982),  yielding cool 

advection from eastern Europe into the EM (Ziv et al., 2004).  Near the south-western 

Turkish coast, the Etesian winds are north-westerly (Kotroni et al., 2001). 

 

In the eastern Mediterranean, summer aridity and a stable temperature regime are caused 

by a linkage between the climate systems of the EM and the Asian Monsoon, which leads 

to mid-level subsidence caused by Rossby wave-induced adiabatic descent (Rodwell and 

Hoskins, 1996) and enhancement of the Etesian winds when the Asian monsoon is more 

intense, due to the increased pressure gradient between the two (Ziv et al., 2004).  This 

connection is in the higher troposphere, and involves a 1-day lag between the Asian 

Monsoon and subsidence in the Levant, while in the mid-troposphere the EM is connected 

to eastern North Africa, where the Hadley cell is located, and in the lower troposphere it is 

connected to Europe (Ziv et al., 2004).  In summer, sea level pressure over the EM 

anticorrelates with the Indian monsoon and is correlated with the Etesian winds (Raicich et 

al., 2003).  The eastern Mediterranean can also be affected by an extension of the Indian 

summer monsoon depression in summer (Karaca et al., 2000). 

1.4.3 Controls on EM Climate  

1.4.3.1 The North-Atlantic Oscillation 
 

The North Atlantic Oscillation (NAO) is a large-scale phenomenon affecting the northern 

hemisphere (Wallace and Gutzler, 1981).  The basic structure of the oscillation is a 

modulation of the relative intensity of the Icelandic Low and the Azores High (Hurrell, 

1995), which affects downstream climates far from the Atlantic such as the Middle East 

(Visbeck et al., 2001) via variation in the intensity and spatial distribution of the westerlies 
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(Eshel and Farrell, 2000).  A positive NAO refers to an enhanced pressure difference 

between the two centres, while a negative NAO occurs when the pressure difference 

between the two is reduced (Hurrell, 1995)   

The NAO affects precipitation, stream flow and maximum and minimum temperatures in 

Turkey, making it a very important climate input to the region, although the extent to 

which the NAO controls temperature and precipitation in Turkey is still under debate.  The 

NAO may contribute up to 27% of Turkish winter precipitation variability (Cullen and 

deMenocal, 2000).  Whether there is a strong link between the NAO and EM temperature is 

less clear; evidence has been presented which suggests that temperature is less sensitive to 

the NAO (Karabork et al., 2005), while other data suggest that a strong  relationship exists 

between the NAO and temperature in the EM (Luterbacher and Xoplaki, 2003). 

During an NAO negative phase, anomalously high pressure over Greenland coincides with 

anomalously low pressure over the Mediterranean region, leading to warming southerlies 

in the EM which causes weakened subsidence due to dynamic adjustment, resulting in 

increased EM precipitation (Eshel and Farrell, 2000) and warmer, wetter conditions in 

Turkey (Luterbacher and Xoplaki, 2003, Karabork et al., 2005).  When the NAO is in the 

positive phase, which happens most often and with highest intensity in boreal winter 

(Walker and Bliss, 1932), low pressure anomalies exist over Iceland and the Arctic, while 

high pressure persists over the subtropical Atlantic, the Mediterranean and southern 

Europe, leading to stronger-than-average midlatitude westerlies and cooling northerlies in 

the EM, which results in colder and drier winters in the Mediterranean (Cullen and 

deMenocal, 2000, Visbeck et al., 2001, Krichak and Alpert, 2005), including Turkey 

(Luterbacher and Xoplaki, 2003, Karabork et al., 2005).   The effects of positive and negative 

NAO conditions on EM climate are shown in Figure 1.2. 
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A positive NAO leads to winters with a rainfall deficit, and hot, dry conditions in the 

summer following in the Eastern Mediterranean (Wang et al., 2011).  The NAO has been in 

the positive phase increasingly in the last 40 years (Visbeck et al., 2001), possibly due to 

anthropogenic climate change (Shindell et al., 1999), which may have been a cause of the 

increased frequency of heat waves and drought in the Mediterranean region in recent 

years (Wang et al., 2011).   

1.4.3.2 The North Sea-Caspian Pattern and Eastern Atlantic-Western Russia 

Pattern 

The North Sea-Caspian Pattern (NCP) and Eastern Atlantic-Western-Russia Pattern (EA-WR) 

are two atmospheric teleconnections linked to pressure differences between the North Sea 

and Caspian Sea at different geopotential heights; the NCP is active at 500 hPa while the 

EA-WR occurs at 700 and 850 hPa (Hatzaki et al., 2007).  The locations of the two “poles” of 

the NCP as defined by Kutiel and Benaroch (2002) are shown in Figure 1.3.  The NCP can 

have a severe effect on air temperatures and precipitation amounts in Turkey, especially 

Figure 1.2 
The connection between the NAO and EM rainfall, showing pressure anomalies during both EM 
droughts and floods.  Green arrows indicate dominant depression tracks. L = low pressure, H = High 
pressure.  Orange oval indicates arid conditions, blue oval indicates wet conditions  Modified from 
Eshel and Farrell (2000) 

NAO 

negative 

NAO 

positive 
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during the months October-April (Kutiel and Benaroch, 2002), causing variations in 

seasonal mean temperature of 1-3°C and seasonal precipitation totals of hundreds of mm 

(Kutiel et al., 2002).  The EA-WR pattern is active during the months December-February 

and shows a significant relationship with precipitation (Krichak and Alpert, 2005). 

Specifically, when the NCP is in negative phase, higher pressure over the northern Caspian 

Sea and lower pressure over the North Sea leads to increased anticlockwise circulation 

around the western pole of the NCP and increased clockwise circulation around the eastern 

pole of the NCP, leading to southerly/south westerly circulation, which results in increased 

precipitation and higher temperatures in western Turkey (Kutiel et al., 2002, Kutiel and 

Benaroch, 2002).  When the NCP is in positive phase, the above conditions are reversed, 

and it is eastern Turkey and the Black Sea coast which receive higher rainfall, along with 

decreased temperatures over the whole of Turkey, due to the increased northerly 

circulation that arises (Kutiel and Benaroch, 2002, Kutiel et al., 2002). 

The EA-WR may be responsible for some of the precipitation trends over Europe during the 

last ~60 years that have been attributed to the NAO (Krichak and Alpert, 2005).  The 

physical mechanisms causing the EA-WR pattern are not well understood, but it is known 

that when EA-WR is low, circulation from the Atlantic characterises precipitation in the 

eastern Mediterranean region, while in high EA-WR years eastern Mediterranean 

circulation is linked to central Europe; and that the pattern may be linked to the NAO, 

ENSO and/or movements of the Siberian anticyclone (Krichak and Alpert, 2005).  
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1.4.3.3 The Eastern Mediterranean Pattern 

The Eastern Mediterranean Pattern (EMP) is a dipole pattern between the EM and north-

eastern Atlantic at 500 and 300 hPa geopotential height (also at 700 hPa but weakened), 

which is linked to the NCP and EA-WR pattern but independent from the NAO (Hatzaki et 

al., 2007).  The pattern is strong during winter, especially in December when it forms an 

independent mode of upper circulation, in place but weakened and associated with the 

- 

- + 

+ 

Figure 1.3  
The circulation anomalies affecting the Mediterranean and surrounding regions during an NCP negative (a) and NCP 
positive (b) phase.  After Kutiel and Benaroch (2002) 
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NCP and EA-WR during spring and autumn, and does not exist in summer (Hatzaki et al., 

2007).  When the EMP is in negative phase, zonal flow over Europe is increased, while the 

positive phase results in an intensification of the Atlantic anticyclone, leading to increased 

northerly meridional flow (Hatzaki et al., 2007). 

1.4.4 Mediterranean Low Pressure Systems 

Cyclogenesis over the Mediterranean is favoured due to the land-sea temperature contrast 

and excursions of the polar front jet and the European trough (Wigley and Farmer, 1982).  

The paths of cyclones which affect Turkey are shown in Figure 1.4. 

 

 

The rainy season in the Mediterranean begins in October, and continues through winter.  

Winter is characterised by low pressure in the Mediterranean and regular cyclonic 

disturbances (Karaca et al., 2000).  During winter, low pressure systems enter the 

Mediterranean region and move from west to east, along preferred tracks (Holmgren et al., 

1995).  Some depressions migrate from the Atlantic to the western  Mediterranean, while 

others develop over the Mediterranean Sea, especially in the Adriatic and Cyprus regions 

and in the Gulf of Genoa (Zhou et al., 2008a).  The strength of the Siberian high and zonality 

of upper flow control the movement of depressions in the eastern Mediterranean basin 

(Wigley and Farmer, 1982).   

It has been suggested that seasonal resolution is not high enough to capture all the climate 

features that interact in the Mediterranean region due to the complex terrain (Alpert et al., 

Figure 1.4 The paths of atmospheric cyclones which affect Turkey, after Karaca et al. (2000)  
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1990).  For instance, while during winter most storm tracks enter the Mediterranean along 

the northern section of the Mediterranean, the way they exit differs, as in December most 

cyclones leave through the EM, while in January more leave through the Aegean Sea to the 

Black Sea (Alpert et al., 1990).  When the subtropical and polar jet streams interact, winter 

depressions in the eastern Mediterranean are deepened (Zhou et al., 2008a). 

In Spring, cyclones transition from tracking across the northern Mediterranean to moving 

along the north African coast, this change most pronounced between March and April, and 

the exit point for cyclones progresses from the EM in March to the WM in May (Alpert et 

al., 1990).   

In summer, the polar front and strong jet stream move to about 60°N, and therefore have a 

diminished effect on the Mediterranean region (Karaca et al., 2000).  The subtropical high 

has a strong influence over the central and eastern Mediterranean and north African region 

in July and August, most cyclones are non-migratory, and intermonthly variations are the 

smallest compared to the other seasons (Alpert et al., 1990).  Summer heat waves through 

Turkey, Greece and Italy are sometimes linked to an elongation of the Indian monsoon 

trough over the Arabian Gulf (Zhou et al., 2008a).   

A study into the isotope composition of atmospheric moisture over the Mediterranean Sea 

stressed the importance of the convective motions in the north-eastern margin of the 

Mediterranean in controlling attributes of the “Mediterranean climate” (Zhou et al., 

2008c).  

At the present day, continental air masses (mainly from the north) impinge on seawater 

under conditions of large differences in temperature and isotopic disequilibrium between 

atmospheric moisture and the sea surface, and large humidity deficits, especially in winter 

(Zhou et al., 2008c).  This leads to high instability in the air and water column, which affects 

precipitation distribution and intensity in the Mediterranean (Zhou et al., 2008c). 

1.4.5 Isotope Composition of Air Moisture 

Mediterranean Sea Water is the major source of vapour in the Eastern Mediterranean 

region (Gat and Carmi, 1987, Ayalon et al., 1998), and so changes in SSTs and sea-surface 

salinity will affect the isotopic composition of rainfall, and it follows, speleothems (Bar-

Matthews et al., 2000).  Strong evaporation of incoming Atlantic Surface water flowing 

eastward leads to a sharp W-E gradient in δ18O values, with the Levantine basin 
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experiencing an increase of up to 1‰ relative to the Western Mediterranean (Pierre, 1999, 

Almogi-Labin et al., 2009). 

In the Mediterranean Sea, the equation relating evaporation, precipitation and runoff is as 

follows: 

 

     
        

Equation 1.1:  Relationship between evaporation, precipitation and runoff in the 

Mediterranean Sea (Bethoux, 1979) 

Where E = evaporation, p = precipitation and r = runoff.  This leads to high salinity (up to 

39‰) and heavy isotope signatures (up to δ18O = +1.8‰) (Gat and Magaritz, 1980). 

When both cold air originating over the European continent and warm, dry air originating 

from North Africa converge over the Mediterranean Sea, intensive air-sea interaction 

(evaporation) in coincidence with a large humidity deficit creates atmospheric moisture 

with a large deuterium-excess near the coast (Zhou et al., 2008c).  Deuterium-excess (d), 

which is defined as d = δD - 8(δ18O), is very high in the Eastern Mediterranean, especially in 

winter, with values of d > 20‰ (Gat and Carmi, 1970, Zhou et al., 2008b).  Deuterium-

excess is affected by several factors, for example decreased sea surface temperatures lead 

to a reduction in deuterium excess for a given value of relative humidity, while high 

humidity during formation of moist air masses leads to lower deuterium excess, and vice 

versa  (Clark and Fritz, 1997). 

Air moisture in the Bay of Antalya was found to have one of the highest deuterium values in 

the eastern Mediterranean basin, at a time when the air masses involved originated over 

the European continent; therefore cold, dry European air was impinging on the warmer 

Mediterranean waters (Zhou et al., 2008c).  In a study of precipitation from 1963-2001, 

precipitation at Antalya was found to have δ18O of -5.4‰, δ2H of -27.2‰ and deuterium 

excess of 16.2 (Dirican et al., 2005). 

Ayalon et al. (2003) found that for individual rainfall events at Soreq Cave, Israel, there was 

high correlation between increasing rainfall amount and negative δ18O anomaly.  Therefore 

it is beneficially to analyse individual rainfall events.  Unfortunately, the IAEA data that will 

be used to characterise the precipitation regimes of the regions discussed in later chapters 

is accumulated into months, so this level of detail is not possible in this study. 
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Daily rain events at Soreq cave, Israel with >20mm rain and temperatures below 10°C were 

found to fall on the MMWL, while rain events of <20mm and temperatures ranging from 

10-25°C deviate from the MMWL, falling on evaporative lines (Raicich et al., 2003).  In that 

study, all cave dripwaters fell on the MMWL, indicating that the rainfall from the light rain 

showers (<20mm) was practically all lost by evaporation and therefore had very little effect 

on the cave waters (Raicich et al., 2003). 

1.4.6 Present Day Climate of Turkey 

 

Figure 1.5  The Geographical Regions of Turkey (Saris et al., 2010) 

 

The major geographical regions of Turkey are shown in Figure 1.5.  The geography and 

topography of Turkey influences its climate greatly.  The Black Sea, Mediterranean and 

Southeast Anatolian regions are all mountainous, Central Anatolia and Eastern Anatolia are 

of plateau and high plateau topography respectively, and Marmara and the Aegean region 

are low altitude plains (Saris et al., 2010). 

Turkey has a climate which can be broadly described as Mediterranean, i.e. winter rainfall 

is at least three times that of summer rainfall (Tatli et al., 2004).  Air masses originating in 

both polar and tropical regions affect the country  in winter and summer respectively (Tatli 

et al., 2004).  As can be inferred from earlier descriptions of atmospheric circulation in the 

Eastern Mediterranean, Turkey’s climate is affected by inputs from several atmospheric 

circulation systems, including those over Asia, eastern Europe and North Africa (Turkes et 

al., 2002). 
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Figure 1.6   Air masses influencing the eastern  Mediterranean region, after Saris et al. (2010).  Air masses are 

identified as follows:  MED = Mediterranean, mP = marine polar, cP= continental polar, mT = marine tropical, 

cT = continental tropical, PFJ = polar front jet, STJ = sub-tropical jet. 

In comparison to its neighbours to  the south and east, Turkey is a relatively humid country 

(Jex et al., 2010).  However, in recent decades the country has experienced reduced rainfall 

and increased temperatures (Sönmez et al., 2005, Camci Çetin et al., 2007).  Projections for 

the coming century predict increased aridity (Christensen et al., 2007). 

1.4.6.1 The Climate Zones of Turkey 

Several studies have sought to separate Turkey into regions of similar rainfall regime.  

Türkeş (1996) used seasonality to divide Turkey into 7 precipitation regions: Black Sea, 

Marmara Transition, Mediterranean, Continental Mediterranean, Mediterranean to Central 

Anatolia Transition, Continental Central Anatolia, Continental Eastern Anatolia.  Unal et al. 

(2003) used cluster analysis to redefine the climate zones of Turkey as shown in Figure 1.7.  

These region were the Marmara region, the Aegean – western Mediterranean region, The 

Black Sea region, the central Anatolian region, the eastern Anatolian region, the south-

eastern Anatolian region, the eastern Mediterranean region. 

Saris et al. (2010) also redefined the precipitation regions of Turkey as shown in Figure 1.8.  

Specifically, they found that the most important division was in to coastal, transitional and 
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Figure 1.8 
Simplification of precipitation regimes of Turkey into coastal, transitional and inland regions, 
from Saris et al. (2010) 

Figure 1.7 The Climate Zones of Turkey 
A = the Marmara region, B = the Aegean – western Mediterranean region, C = The Black Sea region, D = the central 
Anatolian region, E = the eastern Anatolian region, F = the south-eastern Anatolian region, G = the eastern 
Mediterranean region.  From Unal et al. (2003)   

inland regimes.  The coastal group comprises all coastal areas of Turkey, is characterised by 

a December or October peak and intermediate to very high magnitude of rainfall, and is 

under the control of cyclogenesis and orographic rains.  The transitional group are 

controlled by a combination of frontal and convective rainfall, which shows a December 

peak with the rainy period extending into spring with intermediate to moderately high 

magnitude.  The inland group experiences a May peak in precipitation with low to 

intermediate magnitude of rainfall, and is characterised by convective rains. 
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The Mediterranean coastal region of Turkey experiences mild, wet winters and hot, dry 

summers, with snow rare but present on mountain tops (Holmgren et al., 1995, Unal et al., 

2003).  The rainy season is winter and spring, with the highest number of cyclones 

occurring in winter (Karaca et al., 2000).  However rainfall is unreliable, with long droughts 

and heavy rainfall events common (Holmgren et al., 1995).  July and August are usually 

rain-free months (Holmgren et al., 1995).  The coastal regions of Turkey, including the 

Mediterranean coastal region, are under the influence of large-scale pressure systems and 

upper-air circulations, while in central parts and the black Sea region, local processes have 

much more of an influence, and the south-eastern area of Turkey is affected by monsoonal 

systems in addition to Mediterranean systems (Tatli et al., 2004).  The interior of the 

country, by contrast, is characterised by arid and continental climates, while the northern 

fringe (i.e. the Black Sea coast) experiences a  more temperate climate (Unal et al., 2003). 

There is a decreasing trend in the winter precipitation of Turkey, especially over the 

Mediterranean region, while at the same time the precipitation totals of spring, summer 

and autumn are increasing (Türkeş et al., 2009). 

 

1.4.7 Present Day Climate of Iran 

The climate of Iran is governed by interaction of the Siberian High, the SW Asian Monsoon 

and the Atlantic westerly cyclones (Kehl, 2009).  Extreme continental conditions prevail, 

with some mediation due to topography and the proximity of the Caspian Sea and the 

Persian Gulf (Stevens et al., 2001).   

Precipitation is highly seasonal, and its distribution is strongly influenced by topographic 

factors.  In summer, a thermal low over southern Iran combined with relative high pressure 

over Eurasia causes a dry, broadly northerly airstream across the country (Kehl, 2009).  In 

winter, North Atlantic/Mediterranean cyclones enter Iran from the west, their intensities 

and trajectories depending on the strength of the Siberian high pressure system.  An 

exception to this pattern is the coastal zone of the Caspian Sea, where rainfall is much 

more evenly distributed throughout the year (Kehl, 2009). 

1.4.7.1 Topography of Iran and its Relation to Precipitation 

There are two major mountain ranges in Iran; the Zagros in the west and the Alborz in the 

north of the country, bordering the Caspian Sea.  These two mountain ranges act as a 

barrier to rainfall reaching the arid and semi-arid central plateau regions of Iran (Modarres 

and Sarhadi, 2011).  The Zagros mountains form the north-eastern boundary of the Fertile 
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Crescent, and separate the Mesopotamian lowlands from the Iranian plateau (Stevens et 

al., 2001).  The major precipitation sources to the Zagros Mountains are depressions from 

the North Atlantic, the Mediterranean and the Black Sea, which in winter are steered by 

the prevailing westerlies (Alijani and Harman, 1985, Stevens et al., 2001).  The Alborz 

Mountains form the major northern highlands of Iran, bordering the Iranian Plateau on its 

northern edge  (Kendrew, 1961). These two mountain ranges receive much higher amounts 

of precipitation than the Plateau , mostly in the form of snow (Kendrew, 1961).  There 

exists a sharp contrast between the vegetated, wet windward sides of the mountains, and 

the arid, bare inward-facing slopes (Kendrew, 1961).  The central part of Iran, between the 

Zagros and Alborz ranges, is mostly comprised of two salt deserts; Dasht-e Lut and Dasht-e 

Kavir, which combined occupy approximately one sixth of Iran’s land area (Fisher, 1968).  

The major topographic features of Iran are shown in Figure 1.9. 

 

Figure 1.9 
Simplified map of major elements of Iranian topography.  Modified after Nasab et al. (2012).  Approximate 
locations of Sehlak (yellow diamond) and Torang (blue square) cave are shown. 

 

1.4.7.2 Precipitation Amount and Distribution 

Mean annual precipitation over the whole of Iran is approximately 250 mm (Nazemosadat 

and Cordery, 2000, Dinpashoh et al., 2004), but with strong regional disparities.  More than 

50% of Iran receives less than 200 mm of rain annually (Dinpashoh et al., 2004), such as the 

region between the Zagros mountains and the Persian Gulf (Djamali et al., 2010).  In excess 

of 75% of the country receives less than 300 mm/year, while only 8% receives more than 
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500 mm of rain/year (Dinpashoh et al., 2004), concentrated along the Caspian Sea coast 

and the high Zagros.  The spatial distribution of average annual precipitation is shown in 

Figure 1.10A. 

The climate regions of Iran are influenced by elevation, proximity to seas, and large 

atmospheric systems (Modarres and Sarhadi, 2011).  The wettest region of Iran is the 

southern coastal area of the Caspian Sea (Dinpashoh et al., 2004) (areas G8 and G6 in 

Figure 1.10B), which has a rainfall regime in which rainfall is more evenly distributed 

throughout the year compared to other regions of Iran (Kehl, 2009).  In general, the 

precipitation which reaches this area originates from the Caspian Sea (Alijani, 1997).  The 

driest region of Iran is the south-eastern region (Dinpashoh et al., 2004).  The central region 

of Iran is also very dry.  These two regions form the arid and semi-arid regions of Iran, and 

cover nearly two-thirds of the country (G1 in Figure 1.10B). 

Western Iran experiences almost no summer precipitation (Dinpashoh et al., 2004), due to 

the subtropical Azore’s High extending its influence into the Middle East, while in winter 

the westerly Mediterranean wind brings moisture from the Mediterranean Sea (Alijani, 

1997).  The north and north-west region of Iran receives a high proportion of rainfall in 

October (Dinpashoh et al., 2004).  The coastal lowlands to the south and southwest receive 

most of their rain during winter (Kendrew, 1961).    Thunderstorms are also common during 

spring due to destabilization of the atmosphere caused by rapid heating of the land surface 

(Stevens et al., 2001), with moisture supplied (at least to the southern part of the country), 

by advection from the Persian Gulf (Taha et al., 1981).   

The mountainous areas of Iran have a distinct climatology, due to their elevation.  Areas 

G2, G5 and G7 in Figure 1.10B cover high mountainous areas of the Zagros mountains, and 

receive precipitation from Mediterranean rainfall systems (Modarres and Sarhadi, 2011). 
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Figure 1.10  
A) Mean annual rainfall of Iran (mm).  From Modarres & Sarhadi (2011). 
B) Precipitation Regions of Iran.  From Modarres and Sarhadi (2011).  Labelled regions are discussed in the 
text 
 

1.4.7.3 Seasonal Variability 

Over half (53%) of precipitation over Iran falls in the months January-March, with 20% in 

April-June, 4% in July-September, and 23% in October-December (Dinpashoh et al., 2004).  

As these numbers show, in general, summers are hot and dry in Iran, although the relative 

amount of spring and summer precipitation increases to the north and east (Stevens et al., 

2001, Raziei et al., 2008). 

During the period October to April, the air pressure gradients between the equatorial low 

pressure system and the Siberian high steer depressions formed in the Atlantic or 

Mediterranean towards Iran (Kehl, 2009).  These are able to penetrate the Siberian High 

Pressure which dominates the atmosphere over Iran during the winter (Kehl, 2009), aided 

by active cyclogenesis over southern Iraq and the Persian Gulf (Barth and Steinkohl, 2004). 
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2.1 The Components of the Karst System 
Karst comprises “terrain with distinctive hydrology and landforms that arise from a 

combination of high rock solubility and well developed secondary (fracture) porosity” (Ford 

and Williams, 2007).  The soil, epikarst and transmission zone constitute the vadose zone, 

where most of the mobilization, transportation and reprecipitation of ions occurs (Frisia 

and Borsato, 2010).  The epikarst, or subcutaneous zone is a near surface zone with a high 

capacity for water storage which may extend from 3 m to 30 m (Gunn, 1983, Williams, 

1983, 2008, Frisia and Borsato, 2010).  High porosity (10 – 30% secondary porosity) and 

high permeability cause it to be a source of stored H2O, functioning as a perched aquifer, 

feeding major conduits and lower transmissivity fissures, which in turn feed cave dripwater 

zones (Fairchild et al., 2006, 2007, Williams, 2008, Frisia and Borsato, 2010).  The epikarst 

functions as a dual-porosity system, with inputs from both matrix pore-held seepage water 

and more rapid fissure flow, with some conduits only activated under very high flows 

(Fairchild et al., 2000).  The transmission zone underlies the epikarst, and is characterised 

by minimal water storage (Williams, 2008). 

2.2 Cave Formation 
Approximately 80% of dissolutional caves are formed  as a result of downward percolation 

of meteoric waters with elevated CO2(aq) levels dissolving relatively soluble host rocks, 

which are typically karstified carbonate aquifers with little or no water drainage (Ford, 

1988, Gunn, 2004, Fairchild et al., 2006).   

Karstic cave characteristics such as size, morphology, and hydrology  are controlled by 

many properties of the host rock, such as its solubility, permeability, hydrogeology, 

structure and composition; as well as by climatic conditions (Alonso-Zarza et al., 2011).  

Most caves are less than 1000 m in length or 100 m in depth, and in fact the majority of 

open spaces in karst are too small for a human to enter, but some have been discovered 

which are over 100 km in length or 1000 m deep (Ford, 1988).   
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2.3 Speleothem Formation  

The reaction scheme leading to speleothem deposition can be simplified as follows 

(Fairchild et al., 2007): 

(A)  Soil zone:   H2O(l) + CO2(g)  H2CO3(aq)  

(B) Carbonate bedrock:  CaCO3 + H2CO3  Ca2+ + 2HCO3
-  

(C) Speleothem:   Ca2+ + 2HCO3  CaCO3 + H2O + CO2

  

Equations 2.1A, B, C:  The reactions leading to speleothem formation, in the soil zone (A), 
bedrock (B), and at the speleothem site (C).  

The “Dissolution Region” is located in the soil and upper epikarst, and is dominated by 

carbonate dissolution (Fairchild et al., 2006).  The simplified process is that rainwater seeps 

through the soil zone, which has a high pCO2, dissolving calcite particles, and will dissolve 

calcite in the karst rock as it reaches it if still not at equilibrium, until equilibrium is reached 

with respect to calcite (Dreybrodt and Scholz, 2011), which may take up to three weeks 

(Ford, 1988).  Approximately 70% of carbonate dissolution occurs within the top 10 m of 

the dissolution zone, and dissolution then decreases with depth (Williams, 2008).   

Drake (1983) provided the distinction between the “Coincident System”, in which CaCO3 is 

dissolved to saturation at the pCO2 of the soil environment, and the “Sequential System”, in 

which carbonate-poor soils lead to solutions undersaturated with-respect-to CaCO3, and 

saturation is reached under conditions closed to CO2 re-supply. 

2.3.1 The Soil Zone 

In the soil, plant respiration and organic matter decay produce CO2 (Fairchild et al., 2006).  

Green plants respire about 40% of the CO2 they intake from the atmosphere into the soil 

(Frisia and Borsato, 2010).  Percolating H2O equilibrates with this soil-zone CO2, dissolving 

the CO2 to form carbonic acid (Lauritzen and Lundberg, 1999).  This process is known as 

carbonation (Bar-Matthews et al., 1991), and can take from a few minutes to a few hours 

(Frisia and Borsato, 2010).  Carbonation can be expressed as: 

                           

Equation 2.2: Carbonation in the soil zone 

 

 

Dissolution  

Region 
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Carbonic acid dissociates in two steps, with each step releasing one hydrogen ion: 

                    
             

           
                

        

Equations 2.3 A, B: The two step dissociation of carbonic acid 

 

Soil zone pCO2 is not constant, as differing factors can increase or decrease CO2 production 

in the soil.  For example, increased temperatures lead to increased biomass, so the pCO2 of 

the soil will be raised (Harmon et al., 1975), and plant root activity also increases with 

temperature, with the same effect (Frisia and Borsato, 2010).  As a result, when percolating 

water equilibrates with the soil-CO2, it will have a higher pCO2 and so dissolve more 

carbonate from the host rock (Lauritzen and Lundberg, 1999, Fairchild et al., 2007).  In 

tropical climates, this process has been shown to lead to increased speleothem formation 

(Bögli, 1960).  Well-drained, tropical karst soils in warm and wet climates that show little 

seasonal variation in temperature will produce very high and constant levels of CO2, while 

in the mid-latitudes, soil CO2 will be very low in the cold season and very high in the warm 

season (Baldini et al., 2008a, Frisia and Borsato, 2010).  However, CO2 solubility is inversely 

proportional with temperature, approximately halving between 0°C and 20°C (Ford, 1988).  

This allows karst dissolution to occur in the absence of soil in cold climates (Frisia and 

Borsato, 2010) 

The dissolution of CaCO3 in soils and host limestone may vary due to changes in the CO2 

concentration of the soil zone (Banner et al., 1996).  Changes in soil zone CO2 concentration 

are mainly driven by variations in soil productivity and organic matter degradation (Banner 

et al., 1996), which may in turn be caused by variations in rainfall and the associated shift in 

vegetation type and productivity (Dorale et al., 1992), and/or variations in temperature  

(Baker et al., 1995). 

Varying fluid flow-routes through the soil may lead to variations in soil geochemistry 

(Trudgill et al., 1983).  The way in which groundwater moves through the soil, as well as 

when, where and the length of time it will be stored and the extent to which it will 

experience evaporation in the soil are controlled by the surface climate and the soil’s 

physical properties (Shurbaji and Phillips, 1995).  Soil waters have mobile and static 

fractions (Fairchild et al., 2006).  In the mobile fractions, water may move through soils in 

several ways, including macropore flow, which allows waters from individual events to 
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bypass older waters which have become stationary in the soil system, piston flow, and 

fingered flow (Fairchild et al., 2006).  

 

The extent to which groundwater is evaporated in the soil zone is an important factor 

because evaporation leads to enrichment of D and 18O in soil water near the surface (Hsieh 

et al., 1998), and some of this is likely to be transported to the groundwater, especially 

during periods when there is sufficient summer heat to cause some surface evaporation, 

followed by a rapid increase in precipitation (Fairchild et al., 2006).   

2.3.2 The Karst Zone 

Water flow through the karst is predominantly vertically, as shown by models (Perrin et al., 

2003) and tracers (Bottrell and Atkinson, 1992), and moves by a combination of seepage, 

conduit and fracture flow (Fairchild et al., 2007). 

The time taken for waters to travel from the surface to the drip site can vary from hours to 

years, and differing hydrological behaviours may affect each drip site within a cave (Smart 

and Friederich, 1987).  Bomb 14C has been used as a marker to estimate a 5-10 year lag 

between soil carbon production and transport to a speleothem in which it is captured, 

although mixing of groundwaters of differing ages could have had an influence (Genty et 

al., 1998).  Mixing of waters of different ages may occur within the karst, but this process is 

minimal if the cave is at shallow depth (Fairchild et al., 2000). 

Fractures deliver the largest proportion of faster flow dripwater, while conduits are the 

most variable flow systems, and tend to flow only after heavy rainfall (Fairchild and 

McMillan, 2007).  Changes in the relative proportion of each kind of water flow can occur 

due to several factors, including local deforestation, which causes decreased 

evapotranspiration, increasing the proportion of seepage water reaching caves (Fairchild et 

al., 2007). 

Recharge of the aquifer with H2O and CO2 is influenced by a combination of the degree and 

style of karstification, the surface topography and the nature of the deposits, and soil 

characteristics, for example soil animal activity can lead to macropores which focus 

recharge into the karst (Fairchild et al., 2007).   
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2.3.3 The Cave Environment 

Waters entering a cave can either be hypogenic, i.e. sourced from below the cave 

(Klimchouk, 2009), or hypergenic, i.e. recharged from the surface (Alonso-Zarza et al., 

2011). 

In the idealised case of speleothem precipitation, a stalactite forms at each drip site which 

acts as a “catchment area”, over which the water flows in thin films of ~0.01 cm thickness, 

which contributes to the process of drip formation (Dreybrodt, 2011a).  The catchment 

area of a drip and the flow velocity of the water which travels to it can be identified and 

calculated by marking the water with uranine and shining UV-light on it (Dreybrodt, 2011a). 

Drip waters are usually fed by a combination of a diffuse component, i.e. groundwater, 

which has a long residence time, and a rapid component, which has a short residence time 

and often travels via fissures (Asrat et al., 2007).  Seepage flow drips are commonly slow 

drip sites, associated with large storage components, and most appropriate for multi-

annual resolution (McDermott et al., 2006).  The drip water δ18O reflects annual 

precipitation δ18O (Yonge et al., 1985). “Flashy” drip sites typically result in fast drips which 

show a large seasonal variation in δ18O, reflecting minimum storage and homogenisation in 

the epikarst (McDermott et al., 2006).  Speleothems which precipitate from flashy drip sites 

are less likely to be geometrically simple, which can make interpretation more difficult, 

however they have considerable value  due to their ability to record high-resolution 

seasonal changes (McDermott et al., 2006).  Little short-term variation in drip-rate indicates 

that storage water dominates the feed to the drip site (Fairchild et al., 2000).   

2.3.3.1 Degassing of Drips 

Calcite deposition will only be initiated in caves if nucleation occurs, which can either 

proceed by the raising of supersaturation or through the presence of nucleation sites, such 

as clastic sediments (Frisia and Borsato, 2010).  Degassing raises supersaturation by 

removing CO2 from solution and releasing it to the cave atmosphere, which drives the 

following reaction to the right, leading to calcite precipitation (Frisia and Borsato, 2010):  

 

                                              

Equation 2.4:  Calcite precipitation as a consequence of CO2 degassing 

 

When percolating waters come into contact with the cave atmosphere, the pCO2 of the 
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cave air is lower than that with which the waters first equilibrated (Lauritzen and Lundberg, 

1999, Fairchild et al., 2006).  The partial pressure of CO2 may be up to two orders of 

magnitude higher in the soil than in the free atmosphere (Dulinski and Rozanski, 1990, 

Kaufmann, 2003).  The pCO2 of the soil is typically in the region of 0.1-3.5%, while the pCO2 

of the cave air is generally closer to 0.06-0.6%, and it is this difference that causes the drip-

waters to degas (McDermott, 2004).  As the CO2 in the water is present as molecular 

carbon dioxide, when the solution meets the lower pCO2 of the cave atmosphere, 

degassing occurs by molecular diffusion (Dreybrodt, 2011a).  This process of degassing is 

fast, on time scales of 10s for waters films of <0.02 cm thickness, although for thicker films 

the time will be longer and in this case the normally-subsequent change to equilibrium will 

take place simultaneously (Dreybrodt, 2011a).  During degassing, pH and Ca-concentration 

stay constant, but when degassing has equilibrated the pCO2 of the dripwater with the cave 

atmosphere, pH, [HCO3
-] and [CO3

2-] are no longer in equilibrium with the CO2 of the 

solution (which is now lower) (Dreybrodt, 2011a).  The waters must then undergo a move 

to chemical and isotopic equilibrium, which leads to an increase in pH (about 1 pH-unit) 

and supersaturation with respect to calcite.  Thus, dripwaters which have degassed 

completely will have a pH >8.3.  This change takes place in timescales of 100s (Dreybrodt, 

2011a). 

Other causes of speleothem precipitation have been suggested, but Holland et al. (1964) 

confirmed that the key process of speleothem precipitation was degassing of CO2 and not 

evaporation. 

2.3.3.2 Speleothem Precipitation 

This supersaturation of CaCO3 leads to precipitation of speleothems (Fairchild et al., 2006, 

Lauritzen and Lundberg, 1999).  If a drip has not achieved full equilibrium (and so not 

achieved supersaturation either) when it reaches the cave floor/stalagmite, deposition will 

not begin at the impact point, but will occur after the drip has travelled for a long enough 

time for equilibrium to occur (Dreybrodt, 2011a). 

The growth of crystals requires nucleation to occur, which always occurs under 

thermodynamic disequilibrium, as the supersaturation of drip waters with respect to 

calcium carbonate is a necessary condition for nucleation, and this is a departure from 

thermodynamic equilibrium as the drip water is no longer of uniform composition  (Frisia 

and Borsato, 2010).  Supersaturation must persist, or nuclei will become unstable and 
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redissolve (Frisia and Borsato, 2010).  The number of nuclei, and consequently the number 

of crystals increases with increasing supersaturation (Frisia and Borsato, 2010). 

Speleothems are expected to growth through “synchronous crystallization”, in which each 

successive growth layer precipitates at almost the same time as the layer before it 

(Stepanov, 1997). Speleothems precipitate as syntaxial overgrowths, in which the c-axis is 

generally perpendicular to the growth surface (Ford, 1988).  Crystals can range in size from 

a few micrometers to several centimetres long, and single crystals visible to the naked eye 

are commonly actually composed of scores of very small crystals, only visible with electron 

microscopes (Frisia and Borsato, 2010).  These “building blocks” are known as crystallites in 

carbonate petrology (Kendall and Broughton, 1978).  Crystal defects may occur due to 

incorporation of foreign ions or misfits (Wenk et al., 1983).  Defects such as steps and kinks 

increase the number of surfaces exposed (Kendall and Broughton, 1978). 

Speleothems vary from compact to porous and may contain levels of impurities such as clay 

or organic matter anywhere between 0 to several tens of % (Fairchild et al., 2006).  Surface 

growth irregularities are on a scale of less than 1-10 μm, often forming between crystals.  

This favours the development of fluid inclusions, which are often elongate parallel to 

growth and constitute 0.05-0.5 wt% of speleothems (Fairchild et al., 2006).  

2.4 Types of Speleothem 

The types of speleothem most typically used for palaeoclimatic research are stalagmites 

and flowstones (Lauritzen and Lundberg, 1999).  Stalagmites are useful for analysis as they 

have a relatively simple geometry (McDermott et al., 2006).  Stalactites are generally not 

used for palaeoclimatic analysis, as superposition cannot necessarily be assumed due to 

the fact that internal discontinuities sometimes occur (Lauritzen and Lundberg, 1999), and 

there are concerns over stalactite lamina geometry including the fact that there is 

insufficient control over lateral changes in composition (Hendy, 1971). 

2.4.1 Flowstones 

Flowstones are laminated deposits which form on cave floors or walls, from thin sheets of 

flowing water film that is slightly supersaturated with respect to calcium carbonate (Frisia 

and Borsato, 2010) or from relatively strong conduit/fissure flows (Fairchild et al., 2006).  

They are commonly formed of stacked layers of crystals elongated normal to the substrate 

(Frisia and Borsato, 2010).  They may be tens to hundreds of meters downstream of the 

H2O source (Ford and Williams, 1989).  They are laterally extensive, up to tens or hundreds 
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of metres long (Frisia and Borsato, 2010), allowing repeated coring, but non-uniform calcite 

growth rates and flow-switching behaviour lead to complex internal stratigraphy (Fairchild 

et al., 2006).  Flowstones can be several metres thick, and grow at a rate of up to 100 μm 

year-1  (Frisia and Borsato, 2010), for up to tens of thousands of years, but high levels of 

impurities compromise U-series dating (Fairchild et al., 2006, 2007).  Flowstones often 

cease to grow during dry and/or cold intervals (Fairchild et al., 2007), making them very 

useful for constraining the timing of glacial to interglacial transitions and of warm events 

during glacial (Spötl et al., 2002a, Drysdale et al., 2007).  A “flashy” response to rainfall 

events at parts of the cave in which dripwater is fed by fractures is likely to result in a 

flowstone being deposited (McDermott et al., 2006). 

2.4.2 Stalactites 

Massive stalactites are conical or cylindrical growths from cave ceilings (Frisia and Borsato, 

2010) with internal growth layering parallel to the surface (Fairchild et al., 2006).  They are 

made up of concentric layers of crystals elongated perpendicular to an axis running from 

the cave ceiling to floor (Frisia and Borsato, 2010) 

Soda straw stalactites are hollow and cylindrical, and very delicate (Fairchild et al., 2006).  

They form at seepage zones on cave ceilings (Fairchild et al., 2006), and accrete downwards 

rather than outwards (Frisia and Borsato, 2010).  They only provide information on the 

youngest few decades of the cave record (Fairchild et al., 2006), and have regularly spaced 

banding which has been suggested to be annual (Huang et al., 2001, Fairchild et al., 2007). 

Conical stalactites begin their growth as straws, after which the central hole becomes 

blocked by sparite crystals, which necessitates water to flow along the outer surface of the 

stalactite instead of through the hollow centre, and a cone forms (Bar-Matthews et al., 

1991, Frisia and Borsato, 2010). 

2.4.3 Stalagmites 

Stalagmites grow upwards from the cave floor, with a cylindrical to conical growth pattern 

(Fairchild et al., 2006), commonly under water dripping from a stalactite (Frisia and 

Borsato, 2010).  Crystals grow with their growth axis perpendicular to the substrate (Frisia 

and Borsato, 2010).  Where stalagmites are candle-shaped, with little precipitation centred 

on the flanks, this indicates high efficiency of CaCO3 precipitation (Fairchild et al., 2007).  

Stalagmites shaped like stacked dishes, or conical stalagmites with a central splash cup, 

indicate a great drip height (Fairchild et al., 2007). 
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 Stalagmites are considered particularly useful for palaeoclimate interpretation because 

they originate from a single point source (i.e. one drip), their growth can be understood in 

terms of mathematical principles (Dreybrodt, 1999, Kaufmann, 2003), and their geometry is 

generally simple (Fairchild et al., 2006). 

2.5 Speleothem Growth Rates 

Changes in speleothem growth rate can be used as a palaeoenvironmental indicator (Baker 

and Smart, 1995, Baker et al., 1998b, 2007, McDermott et al., 1999, Frisia et al., 2003, 

Baldini et al., 2005, Banner et al., 2007).  Constant speleothem growth rate is generally 

assumed, but this is likely to be simplistic, with the actual situation including variations on 

the annual cycle (Finch et al., 2003).  Monitoring of cave sites is therefore profitable as 

seasonal biases can be detected (Spötl et al., 2005, Banner et al., 2007, Baldini et al., 2008a, 

Mattey et al., 2008), and the controls on intra-annual variations in growth rate better 

understood (McDermott et al., 2006).  Additionally, changes in growth rate can alter the 

stable isotope and trace element signal contained within a speleothem, cause 

complications for palaeoclimatic interpretation (Sherwin and Baldini, 2011), and affect the 

fabric of the crystals which precipitate (Frisia and Borsato, 2010). 

Stalagmite growth rates vary greatly, depending on such factors as temperature and the 

concentration of calcium ions in the precipitating drip-waters, and typically fall within the 

range of 0.01-1.0 mm/year (Baker et al., 1998a, Genty et al., 2001b, McDermott, 2004).  

Maximal growth rates are predicted at 70-100 μm/yr at 6°C to 800 μm/yr at 13°C, but in 

reality growth rates are typically slower due to high cave pCO2 or low drip rate, such that 

realistic growth rates are 10-100 μm/yr in cool temperate conditions to 300-500 μm/yr in 

sub-tropical climates (Fairchild et al., 2006).  A fast growing stalagmite from Ethiopia 

exhibited growth of ca. 0.53 mm yr-1 (Asrat et al., 2007). 

Asrat et al. (2007) identified four hydrological switches within less than 500 years of growth 

in a very fast growing  speleothem, and suggested that in slower growing samples, the 

amount of calcite precipitated in that time would limit the number of geochemical analyses 

that could be performed, making it harder to identify the complex hydrological changes. 

2.5.1 Factors affecting growth rate 

2.5.1.1 Supersaturation 

Growth rate is a function of degree of supersaturation (Chernov, 1984, Morse and 

Mackenzie, 1990, Fernández-Díaz et al., 1996).  Drip water supersaturation is controlled by 
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drip rate and outgassing, which are in turn controlled by factors such as ventilation, cave 

temperature and rate of water discharge (Dreybrodt, 1988).  Higher supersaturation results 

in faster precipitation of speleothems (Fairchild et al., 2007), and may potentially favour 

aragonite precipitation (Folk, 1974, Chafetz et al., 1991).  

Where cave air pCO2 is at atmospheric levels, the dominant influence on supersaturation of 

the fluid is the Ca2+ content of the drip water, and therefore Ca2+ is the main control of 

stalagmite growth overall  (Baker et al., 1998b, Genty et al., 2001b, Fairchild and McMillan, 

2007, Baldini, 2010, Sherwin and Baldini, 2011).  Ca concentration is itself a function of the 

maximum pCO2 the drip water encountered in the soil zone or upper epikarst (i.e. where it 

was in contact with carbonate rock), and the maximum pCO2 is moderated strongly by 

surface temperature (Genty et al., 2001b, Fairchild and McMillan, 2007) and density of 

vegetation (Dulinski and Rozanski, 1990, Genty et al., 2001b, Baldini et al., 2005). As 

temperature increases, aragonite precipitation increases at a far greater rate than calcite 

(Burton and Walter, 1987, Railsback et al., 1994).  Water availability is also important, as 

aridity can lead to reduced soil pCO2, resulting in lower than expected cave water Ca 

concentration (Genty et al., 2001b).  Also, rapid infiltration events lead to high discharge, 

which results in low supersaturation (Frisia et al., 2000).     

Thus, environmental temperature can exert a control over speleothem growth rate 

(Fairchild and McMillan, 2007).  However, it is possible for sites with high mean annual 

temperature to have low drip rate Ca ion concentration, possibly due to either prior calcite 

precipitation (PCP) or lack of soil cover (Genty et al., 2001b).  Also, as growth rate is 

sensitive to both temperature and aridity, with either able to enhance or reduce growth, 

other proxies must be used to disentangle the effects on growth rate (Baker et al., 1993b).  

Furthermore, as temperature, precipitation, soil pCO2 and therefore drip water Ca 

concentration vary seasonal, speleothem growth rate may as a result experience seasonal 

variations related to these fluctuations (Genty et al., 2001b).    

2.5.1.2 Cave Air Ventilation and Cave Air pCO2 

Cave air ventilation is not constant throughout the year; radon tracers have shown 

increased circulation in winter (Hakl et al., 1997).  The key control on cave ventilation is the 

pressure difference between the cave and the exterior.  This pressure difference responds 

to synoptic weather patterns (Fairchild et al., 2007).  Where ventilation is controlled by a 

cave stream, relative humidity will be 100% and so pCO2 will be controlled by the stream, 

which varies seasonally (Troester and White, 1984). 
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Speleothem growth rate may be affected by seasonal changes in cave ventilation (Pflitsch 

and Piasecki, 2003, Perrier et al., 2005, Richon et al., 2005, Spötl et al., 2005, Baldini et al., 

2006b, Baldini et al., 2008b, Baldini et al., 2008a, Tremaine et al., 2011).  Air stagnation in 

summer can lead to high cave air pCO2, which reduces degassing of drip water CO2, thus 

lowering growth rate of calcite, but only if all other growth rate parameters remain 

unchanged (Frisia et al., 2000, Fairchild et al., 2007, Tremaine et al., 2011).  This effect 

would lead to a seasonal aliasing of the climate signal preserved within speleothem calcite 

towards that of the winter (Tremaine et al., 2011). This process is typical of poorly 

ventilated caves in temperate-humid settings (Moore, 1962) and would occur, in theory, in 

all caves that breathe (Tremaine et al., 2011). 

Ventilation-driven outgassing of cave-air CO2 controls drip water degassing of CO2, 

therefore controlling speleothem growth rate (McDermott, 2004, Mickler et al., 2004, Spötl 

et al., 2005, Mickler et al., 2006, Banner et al., 2007, Baldini et al., 2008a, Kowalczk and 

Froelich, 2010).  Cave air pCO2 is a secondary control on speleothem growth, with drip 

water Ca2+ concentration remaining the most important factor, but pCO2 can become a 

much more important modulating factor through time if annual variations in drip water 

Ca2+ are similar from year to year (Baldini, 2010, Sherwin and Baldini, 2011) 

The isotopic composition of the drip-water and subsequently precipitated calcite are also 

affected by this ventilation-driven outgassing (Mattey et al., 2008, Cosford et al., 2009, 

Oster et al., 2010, Frisia et al., 2011, Lambert and Aharon, 2011), although it is not yet clear 

how strongly calcite δ18O and δ13C are affected by ventilation effects on seasonal, diurnal 

and multi-decadal scales (Tremaine et al., 2011). 

 

2.5.1.3 Variations in Drip Rate 

In some situations, variations in drip rate may be the main factor influencing growth rate 

over time; for example where the ion supply from drip waters is slow (drip interval >100 

seconds) (Fairchild and McMillan, 2007).  The length of time outgassing occurs is directly 

related to drip rate (Dreybrodt, 1988).  Drip rate does not greatly influence intra-annual 

growth rate of fast drips, with drip water Ca concentration exerting the most influence, but 

slow drips will be much more affected by drip rate on the seasonal scale (Genty et al., 

2001b).  Under normal conditions, there is a positive relationship between infiltrating 

rainwater and drip discharge (Fairchild and McMillan, 2007).  Therefore, in this situation, 

the simplification would be that growth rate reflects precipitation amount above the cave 
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(Fairchild and McMillan, 2007), with seasonal rainfall patterns and shifts in hydrology 

affecting growth rate (Treble et al., 2003, Cruz et al., 2005, Baldini et al., 2006a, Lambert 

and Aharon, 2010, Pape et al., 2010).  Higher volumes of flow can also lead to increased 

entrainment of organic material from the soil and detrital particles (Ayalon et al., 1999), 

which can help to identify the cause of increased growth rate.  

However, this simplification involves a few problems: Firstly, speleothems are still able to 

form in semi-arid areas in cases of infiltration from heavy rains and adequate aquifer 

storage (Fairchild et al., 2007).  Secondly, where speleothems are forming of aragonite, 

high flow can in fact lead to dissolution of previously deposited material (Railsback et al., 

1994).  High water flow can lead to dissolution of the tops of aragonite layers, if flow is so 

fast that the waters cannot reach equilibrium with the bedrock, resulting in un-buffered 

soil-zone carbonic acid reaching the speleothem, and flowing over the speleothem too 

quickly to degas completely, so causing dissolution of aragonite until flow rates decreased 

enough for calcite to precipitate (Railsback et al., 1994).  Thirdly, it is possible for both prior 

calcite precipitation (PCP) and dilution of the drip water (a response to high rainfall) to 

occur in drips which have very low variability and are assumed to be fed by well-mixed 

seepage flow (Baldini et al., 2006a, Sherwin and Baldini, 2011).  Lastly, flowstones and 

stalagmites which are not fed by soda straw stalactites may show non-linear response to 

surface rainfall events (Baker et al., 1999, Baker and Brunsdon, 2003, Asrat et al., 2007). 

2.5.1.4 Other factors 

The presence of impurities such as phosphorus can reduce speleothem growth (Frisia and 

Borsato, 2010). 

In cases where stalagmites are fed by drips falling from stalactites, as the stalactites grows 

in size it may cause a decrease in the growth rate of the corresponding stalagmite, 

eventually resulting in a cessation of the stalagmite’s growth.  This occurs due to the fact 

that drips will spend an increasing amount of time degassing on the stalactite as it grows in 

size, which reduces Ca2+ concentration in the drip water, leading to reduction of growth in 

the stalagmite as Ca2+ is the dominant factor governing stalagmite growth rate (Sherwin 

and Baldini, 2011).  This process would result in increased δ13C and trace element 

concentrations due to the fact that increased degassing and PCP have taken place (Johnson 

et al., 2006a, Frisia et al., 2011). 
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2.6 Physical Properties of Speleothems 

2.6.1 Stalagmite Width and Shape 

It is expected that a positive correlation exists between drip rate and the width of the 

stalagmite precipitating from the drip (Dreybrodt, 1999, Kaufmann, 2003, Fairchild et al., 

2006, Asrat et al., 2007).  Very fast drips result in precipitation of calcium carbonate along 

the flanks of the stalagmite, increasing the width, while slow drips result in tall, thin 

stalagmites (Hill and Forti, 1997), and if there is little deposition on the stalagmite flanks, 

this suggests low drip rate (Asrat et al., 2007).  Stalagmite width is also affected by drip 

height; the higher the drip fall height, the larger the splash effects will be at the 

speleothem deposition site, and so the wider the stalagmite itself will be (Gams, 1981). 

Slowly dripping sites which are fed by vadose seepage flow water are likely to result in 

columnar, constant diameter stalagmites (McDermott et al., 2006), and uniformity in 

diameter can be interpreted as indicating that the flow regime was fairly regular and drip 

rate was constant over time (Hill and Forti, 1997).  Stalagmite shape is also affected by 

changes in the overlying regolith or the feeding system of drips (Fairchild et al., 2006), 

evaporation and amount of bicarbonate in solution (Hill and Forti, 1997).   

2.6.2 Annual Layers 

Some speleothems exhibit annual layers (e.g. Genty and Massault, 1997, Roberts et al., 

1998, Frisia et al., 2003, Tan et al., 2006, Asrat et al., 2007, Borsato et al., 2007, Boch et al., 

2011).  Annual laminae can be characterised by colour, luminescence and petrographic 

changes (Baker et al., 1993a, Genty and Quinif, 1996, Frisia et al., 2000) and often consist of 

a couplet of dark and light calcite (van Beynen et al., 2001).  It is now possible to study 

these annual layers with sufficient precision due to improvements in techniques such as 

secondary ionization mass spectrometry (SIMS), synchrotron microprobes and eximer laser 

ablation inductively-coupled plasma mass spectrometry (ELA-ICPMS) (Kuczumow et al., 

2003).  

Thus, analysing the geochemical proxies contained in these annual laminations can provide 

very high resolution information about seasonal precipitation (Finch et al., 2003, Treble et 

al., 2003, 2005b), bio-productivity above the cave (Huang et al., 2001, Baldini et al., 2002, 

Treble et al., 2003) and soil/rock weathering variations (Roberts et al., 1998, Fairchild et al., 

2001). 
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2.6.3 Hiatuses 

A temporary cessation in growth may be expected to result from a period of below-average 

rainfall, which may be identifiable in a stalagmite as reduced stalagmite width, culminating 

in a hiatus (Holmgren et al., 1995), at which either insoluble matter accumulates or an 

irregular corrosion surface develops (Dreybrodt, 1999).  This cause is for a hiatus is typical 

for arid areas, while in northern latitude caves, hiatuses often occur as a result of glaciation 

(e.g. Schwarcz et al., 1976, Schwarcz, 1986, Gascoyne, 1992, Lauritzen, 1995).  Hiatuses can 

provide valuable information for palaeoclimatic interpretation, particularly when 

immediately preceded by geochemical change (e.g. McMillan et al., 2005).  It is important 

to fully constrain the length of growth hiatuses, to ensure accurate interpretation of 

palaeoclimatic events (McDermott et al., 2006). 

Growth was found to be completely suppressed some years in a speleothem from SW 

Australia, leading to pinching-out of annual layers, which can cause complex growth 

patterns, uneven thickness of annual growth layers and annual hiatuses (Treble et al., 

2005a).  This growth suppression was related to periods of reduced rainfall, most likely in 

the summer and indicated that the surface of the previous year’s growth will impact the 

following year’s growth nucleation, via a combination of crystal defect density and/or 

crystallite morphology (Treble et al., 2005a).  Dislocations in crystal structure may cause 

mismatch of coalescing crystals, or incorporation of foreign ions such as clay or organic ions 

which can provide additional nucleation sites for crystal growth (Wenk et al., 1983, Treble 

et al., 2005a).  A change in crystallite morphology due to drip water chemistry could also 

influence crystal nucleation (Frisia et al., 2000). 

2.7    Speleothem Mineralogy and Petrography 

2.7.1 Cave Carbonate Minerals 

More than 100 minerals can occur as secondary precipitates in caves, with calcite the most 

common by volume (Ford, 1988).  95% of the cave minerals of the world are aragonite or 

calcite, which are both polymorphs of calcium carbonate (Onac, 2005).  Speleothems may 

be formed of several carbonate forms, including not only calcium carbonate minerals.  Such 

carbonates include low-magnesium calcite, high-magnesium calcite (metastable), 

aragonite, dolomite, calcian dolomite, huntite, vaterite, hydromagnesite and nesquehonite 

(White, 1976, Hill and Forti, 1997).  Magnesium carbonate hydrates such as 

hydromagnesite and nesquehonite are highly unstable and therefore likely to undergo 

early replacement (Bar-Matthews et al., 1991).  Hydromagnesite is a stable mineral phase 
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at typical cave temperatures (10-15°C) (Hill and Forti, 1997) where extremely high Mg/Ca 

ratios exist (Fischbeck and Müller, 1971).  It is likely the third most common cave mineral 

after calcite and aragonite (Hill and Forti, 1997). 

Huntite, CaMg3(CO3)4, may coat aragonite needles (e.g. Frisia et al., 2002), and is believed 

to form through evaporation of the water film the aragonite precipitated from (Harmon et 

al., 1983), during periods of extreme evaporation and elevated Mg concentrations and 

Mg/Ca (González and Lohmann, 1988), indicating diminishing water flow (Frisia et al., 

2002).  Vaterite is the highest temperature polymorph of CaCO3, and is highly metastable, 

so it is possible that where it does form in caves, it is quickly replaced by calcite or 

aragonite (Hill and Forti, 1997).  At extremely high Sr concentration, strontianite (SrCO3) 

forms, rather than aragonite (Astilleros et al., 2003).  Strontianite is isostructural with 

aragonite, along with witherite (BaCO3) (de Villiers, 1971). 

2.7.2 Mineralogy of Speleothems used for Palaeoclimatic Studies 

In general, speleothems which are used for palaeoclimatic studies are formed of calcium 

carbonate, CaCO3 (Hill and Forti, 1997), which precipitates from calcite/aragonite super-

saturated cave waters (Lauritzen and Lundberg, 1999).  Typically speleothems consist of 

macro-crystalline calcite (McDermott, 2004).  It is also possible for speleothems to be 

formed of aragonite, although this occurs less frequently, particularly in situations where 

host-rocks contain high-Mg calcite or dolomite, and/or dolomite dissolution of partially 

dolomitised host rocks is increased due to longer contact times between water and rock 

during drier periods (McDermott, 2004).  Moore (1956) suggested that aragonite 

speleothems could be used as indicators of temperature.  

Aragonite and calcite can coexist harmoniously in caves (Murray, 1954, Alonso-Zarza et al., 

2011); for example aragonite stalagmites may be fed by counterpart calcite stalactites (Hill 

and Forti, 1997).  It is also possible for a speleothem layer to contain lateral variations 

between calcite and aragonite, interpreted to be caused by variations in degree of 

evaporation across the speleothem surface (Railsback et al., 1994), or aragonitic botryoids  

within primary calcite, indicating that both forms were capable of forming almost 

simultaneously (Spötl et al., 2002b) . Very strong seasonal dryness leading to a reduction in 

drip rate combined with increased prior calcite precipitation may result in seasonal 

mineralogical changes from calcite to aragonite (Railsback et al., 1994).  Another possibility 

is that high flow rates would reduce the residence times on the speleothem surface to such 

an extent that there was insufficient time for CO2 to degas and initiate calcite precipitation, 
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resulting in aragonite dissolution by waters in equilibrium with calcite or dolomite until 

calcite precipitation became possible (Dreybrodt, 1980, Railsback et al., 1994).  Both 

processes could possibly occur together (Railsback et al., 1994). 

Caves which contain actively growing calcite and aragonite speleothems often show 

zonation of mineralogy; with areas with more continuous water supply containing calcite 

speleothems, and less continuous drips such as those fed by seepage water more likely to 

precipitate aragonite (Frisia et al., 2002, Alonso-Zarza et al., 2011).  Massive speleothems 

tend to be formed of calcite, as they require a more continuous water supply to form (Frisia 

et al., 2002). 

Use of aragonitic speleothems is considered to be problematic (Fairchild et al., 2006), due 

to the instability of aragonite at certain temperature and pressure conditions, leading to 

phase-change and recrystallization (Frisia et al., 2002, Fairchild et al., 2006).  However, 

some studies have successfully made use of wholly or partly aragonitic speleothems for 

palaeoclimatic reconstruction (e.g. Bar-Matthews et al., 1991, Railsback et al., 1994, 2011, 

Denniston et al., 2000, Finch et al., 2001, 2003, McMillan et al., 2005, Cosford et al., 2008, 

Li et al., 2010, 2011), while accounts of the effects of recrystallization and phase-change 

are also useful (e.g. Frisia et al., 2002, Martín-García et al., 2009, Alonso-Zarza et al., 2011).  

Aragonitic speleothems from tropical and sub-tropical, semi-arid environments have been 

found useful in palaeoclimatic reconstruction (e.g. Brook et al., 1999, 2006).  Aragonite 

stalagmites are particularly sensitive to climate, making them useful indicators of drought  

(Finch et al., 2003). 

Measurements of oxygen and carbon isotope fractionation between drip waters and 

aragonite speleothems have been carried out in some caves (e.g. McDermott et al., 1999, 

Frisia et al., 2000, McMillan et al., 2005), although as these caves are all European, the 

relationships discovered may not be applicable to other geographical regions (Li et al., 

2011).  Li et al. (2011) found that in Furong Cave, China, active (primary) aragonite 

deposition was in oxygen isotope equilibrium with drip water, and showed coherence with 

the δ18O signatures of Hulu (Wang et al., 2001) and Dongge Caves (Yuan et al., 2004, 

Dykoski et al., 2005), while complicated carbon isotope fractionation necessitates further 

study before palaeoclimate conclusions can be drawn.   

2.7.2.1 Benefits of Performing Petrographic Observations of Speleothems 

Petrographic analysis of speleothems can help to identify diagenetic processes  (Frisia and 

Wenk, 1993), which can be a particular problem with aragonite speleothems.  
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Microorganisms could cause important small-scale diagenetic processes (Jones and Kahle, 

1995).  Phase transformations from aragonite to calcite or vice versa may alter the original 

oxygen and carbon isotopic signature, so it is important to identify recrystallisation before 

inferring palaeoclimatic information from speleothem isotopic records (Fairchild et al., 

2006). 

Another reason to perform petrographic analysis of speleothems is to assist in the 

palaeoclimatic interpretation; textural variations may be related to drip-water availability 

(Frisia et al., 2000), the nature of flow or transport of water (González et al., 1992, Gratz et 

al., 1993, Jones and Kahle, 1993) and/or evaporation (Frisia, 1996). However, it is important 

to show that changes in crystallography or petrography are synchronous throughout a 

particular region before using them to aid interpretation of stable isotope data, as they 

may have been influenced by drip- or cave-specific hydrological routing effects 

(McDermott, 2004). 

2.7.3 Calcite 

“Calcite” refers to calcite containing less than 0.5 mole % MgCO3 (Howson et al., 1987, Bar-

Matthews et al., 1991).  Low-magnesium calcite (LMC) refers to calcite which contains less 

than 5 mole % MgCO3, and high magnesium calcite (HMC) contains more than 5 mole % 

MgCO3 (Scoffin, 1987). 

Calcite, a trigonal mineral, is the most common and stable polymorph of CaCO3 under earth 

surface conditions (Lippmann, 1973, Hill and Forti, 1997).  The most stable form of calcite 

at earth surface temperature and pressure is calcite or LMC which contains <4 mole % 

MgCO3 (Berner, 1966, Winland, 1969, Lippmann, 1973, de Boer, 1977).  Calcite is believed 

to be the most abundant carbonate mineral as a result of limestone’s dominance of 

carbonate rocks, and the fact that limestone is essentially composed of calcite (Lippmann, 

1973).   

Calcite is rhombohedral, with each Ca atom surrounded by six CO3 groups, and the oxygen 

atoms being the closest neighbours of the calcium atoms (Lippmann, 1973, Speer, 1983).  

Calcites which develop as rhombohedral crystals, with overlapping, radial-layered patterns 

are indicators of enhanced supersaturation and growth rate (White, 1976).  The density of 

calcite is 2.71 (Lippmann, 1973).   

Calcite in its pure form is colourless (White, 1981), but in natural systems it is often a 

colourful mineral, depending on trace impurities or other factors (Hill and Forti, 1997), for 
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example it may be brownish (Alonso-Zarza et al., 2011), dark grey to light yellow-beige 

(Verheyden et al., 2008), light-brown to light-green (Spötl et al., 2002b) or even blood-red 

(White, 1981).  Colour may be given to speleothem fabric by detrital material and oxides; 

for example speleothems from Soreq Cave, Israel which had more detrital material and 

oxides of up to 0.5% were much darker in colour (Ayalon et al., 1999).  Fluorescence Index 

analysis of a stalagmite from Ethiopia indicates that brown colouring in calcite may not 

arise from higher concentrations of organic matter, but rather from a greater 

concentration of organic molecules which have a higher molecular weight (Asrat et al., 

2007).   

Calcite may be less shiny or bright than aragonite, and show more visible banding than 

aragonite areas of a stalagmite (Martín-García et al., 2009, Alonso-Zarza et al., 2011), 

although Ortega et al. (2005) found that the calcitic parts of a French speleothem 

contained no visible or luminescent banding . 

2.7.4 Aragonite 

2.7.4.1 Characteristics of Aragonite 

Aragonite is the high pressure polymorph of CaCO3 (Helgeson et al., 1978).  Aragonite is 

orthorhombic, and each Ca2+ is bonded to nine oxygen atoms, which are derived from 6 

CO3 groups, with 3 CO3 groups bonding to the Ca2+ with two oxygens, and the remaining 3 

bonding to the Ca2+ with one oxygen atom, giving the structural formula AIXCIIIOIV
3 

(Lippmann, 1973, Speer, 1983).  The density of aragonite is 2.93 (Lippmann, 1973).    

Aragonite crystals in speleothems are fibrous and orientated parallel to growth (Fairchild et 

al., 2006).  Aragonite often appears as fans growing out from a common point (Alonso-

Zarza et al., 2011).   Aragonite appeared as acicular crystals with a length to width ratio ≥ 

6:1 in Castañar Cave, Spain (Alonso-Zarza et al., 2011).  Layers of aragonite were found to 

thin towards the centre in alternating aragonite-calcite couplets in a Botswanan 

speleothem (Railsback et al., 1994).   

 Aragonite is usually pure white, (e.g. Spötl et al., 2002b), but can also precipitate as a 

colourless, grey or yellow mineral (Morse and Mackenzie, 1990, Hill and Forti, 1997).  It is 

often shiny and transparent (Alonso-Zarza et al., 2011).  Needle aragonite forms from drips 

which experience slow, continuous, prolonged degassing and evaporation, and are the 

most isotopically enriched aragonite fabrics (Frisia et al., 2002).  Prismatic aragonite forms 

where drip discharge rate is very slow (<0.00035 ml/min) and dripwater Mg/Ca is >1.1 

(Frisia et al., 2002). 
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The conditions of aragonite formation are complex.  They will be discussed in Chapter 4 in 

relation to speleothems from Dim Cave, SW Turkey. 

2.7.5 Isotopic Characteristics of Speleothem Fabrics 

Caves which precipitate both calcite and aragonite have consistently been found to have 

lighter isotopic values in the calcite compared to the aragonite (McDermott et al., 1999, 

Frisia et al., 2002, Woo and Choi, 2006, Alonso-Zarza et al., 2011).  Constant, slow, 

prolonged degassing encourages incorporation of 13C in aragonite (Frisia et al., 2002). 

Where aragonite enrichments are larger than expected compared to calcite, this may 

indicate that the aragonite formed under more prolonged degassing conditions than the 

calcite (Frisia et al., 2002).   

The δ18O equilibrium separation factor between aragonite and calcite is 0.6‰ at 25°C 

(Tarutani et al., 1969), and 0.7‰ at 3-19°C (Grossman and Ku, 1981).  The δ13C equilibrium 

separation factor between aragonite and calcite is 1.7 ± 0.4‰, and is independent of 

temperature between 10 and 40°C (Romanek et al., 1992). 

The various phenomena controlling δ13C in aragonite are extremely complex; therefore it is 

impossible to use such a record as an indicator of past vegetation changes (Bar-Matthews 

et al., 1991, Frisia et al., 2002, Hopley et al., 2009).  Secondary calcite is problematic for 

carbon isotope reconstruction also, as 13C enrichment was found to be inherited from the 

precursor phase (Frisia et al., 2002). 

2.7.6 Diagenesis and Recrystallisation 

2.7.6.1 Replacement of Aragonite by Calcite 

Aragonite is metastable at surface pressures and temperatures (Frisia et al., 2002), making 

it susceptible to changes in hydrothermal conditions (Ortega et al., 2005), and therefore 

aragonite speleothems may undergo secondary replacement to calcite, the more stable 

polymorph (Folk and Assereto, 1976, Bar-Matthews et al., 1991, Frisia, 1996, Hill and Forti, 

1997, Ortega et al., 2005, Woo and Choi, 2006).  Calcitisation of components of marine 

limestones has been well-documented (Wardlaw et al., 1978, Buchardt and Weiner, 1981, 

Sandberg and Hudson, 1983, Martin et al., 1986, Brand, 1989, Maliva and Dickson, 1992), 

as has replacement of aragonite by calcite in speleothems (Folk and Assereto, 1976, Cabrol 

and Coudray, 1978, 1982, Frisia, 1996, Frisia et al., 2002, Spötl et al., 2002b, Hopley et al., 

2009). 
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Aragonite sediments of Tertiary age or older are rare, with the assumption being that this is 

because all older aragonites have converted to calcite (Lippmann, 1973), as the complete 

conversion of aragonite into calcite may occur in 5-16 kyr in the phreatic, meteoric 

diagenetic environment (Budd, 1988), and has also been known to occur in less than 1kyr 

(Frisia et al., 2002).  However, metastable aragonite can exist in caves for thousands to 

millions of years (Fairchild et al., 2006).   

2.7.6.1.1 Appearance of Recrystallised Speleothems 

It may be difficult to identify calcitized aragonite speleothems in caves, as the entire outer 

surface may be comprised of aragonite, while the inner regions may have been calcitized 

(Lachniet et al., 2012). 

To the naked eye, sampled speleothems which have been recrystallised appear more 

massive, matt, brownish, and grainy (due to calcite mosaics, which also cause them to lose 

their acicular texture if they had it) when cut open (Martín-García et al., 2009, Alonso-Zarza 

et al., 2011).  Secondary calcite was found to show virtually no fluorescence or 

cathodoluminescence, while both primary calcite and primary aragonite show both at least 

moderately (Spötl et al., 2002b).  “Islands” of aragonite embedded in secondary calcite may 

occur as a result of extensive but not complete replacement, and these may be visible 

either to naked eye or under the microscope (Spötl et al., 2002b).   

Under the microscope, aragonite which has been recrystallised as calcite will exhibit a 

mosaic of equigranular calcite crystals (Bischoff and Fyfe, 1968, Hopley et al., 2009), 

preserving either relic fibres of original aragonite, or aragonite ghosts, as well as some 

twinned or deformed calcite crystals (Frisia et al., 2002, Martín-García et al., 2009, Hopley 

et al., 2009).  Relics are common features of neomorphism (Folk, 1965, Mazzullo, 1980).  

Incomplete recrystallisation will result in solid inclusion aragonite relics within the calcite 

crystals, while complete recrystallisation will preserve only the textural imprint of the 

aragonite, resulting in ghosts (Martín-García et al., 2009).  For example, where the 

commencement of calcite precipitation following aragonite dissolution raises the local 

supersaturation of the solution so that it is supersaturated with respect to aragonite, this 

may facilitate the preservation of undissolved aragonite relics (Frisia et al., 2002).  Frisia et 

al. (2002) found that in a speleothem from Clamouse Cave, France, replacement 

phenomena were sometimes fabric-destructive, indicating some scale of chemical 

openness (Maliva et al., 2000).  A very fine-grained “chalky” fabric with no aragonite relics 

is also possible for secondary calcite (Hopley et al., 2009). 
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2.7.6.1.2 Geochemical Indicators of Recrystallisation 

Recrystallisation modifies the geochemical signals of the primary aragonite, which is 

problematic if the speleothem records are intended for palaeoclimatic interpretation 

(Railsback et al., 2002, Fairchild et al., 2006, Alonso-Zarza et al., 2011).   

Hopley et al. (2009) found that primary fabrics of South African speleothems had on 

average lower δ13C than secondary fabrics, and while δ13C values were variable, δ18O was 

invariant.  Martín-García et al. (2009) found that transformation of aragonite to calcite will 

result in calcite which has higher isotopic values than original calcite, but lower than 

original aragonite, regardless of the composition of the cave waters.  However, the isotopic 

signature of the cave water may be important if, for example, it contains very heavy values 

due to an extremely arid interval (Martín-García et al., 2009). 

The equilibration of oxygen isotopes with aqueous carbonate ions occurs as the 

replacement reaction is progressing, and after aragonite has dissolved, calcite is 

precipitated by incorporating ions from the solution (Perdikouri et al., 2011).  Calcite 

derived from recrystallisation of aragonite can achieve oxygen-isotope equilibrium with the 

solution in a short amount of time, regardless of what the original aragonite’s isotopic 

composition may have been (Perdikouri et al., 2011). 

The chemical composition of neomorphic calcite is partly controlled by the chemical 

composition of the precursor aragonite (Woo and Choi, 2006).  However, the extent to 

which the primary aragonite influences the trace element and stable isotope compositions 

of the secondary calcite depends on ionic exchange rates between the alteration site and 

diagenetic waters, and the size of the alteration front (Woo and Choi, 2006).  Therefore, 

the isotopic and elemental composition of secondary calcite will depend on the method of 

reprecipitation from the original aragonite.  Secondary calcites containing aragonite relics 

were reprecipitated via a thin film (a few microns thick) under closed system conditions 

(Brand and Veizer, 1980, Pingitore, 1982, Hopley et al., 2009) and will have stable isotope 

and trace elemental compositions close to the dissolved aragonite and aragonite micrite 

(Hopley et al., 2009, Martín-García et al., 2009).  Secondary calcites which do not contain 

aragonite relics were most likely reprecipitated via the chalkification process across a broad 

zone (Pingitore, 1976), in which the cave waters are more closely associated with the 

diagenetic fabric and as such exert the dominant control over the secondary calcite’s 

chemical properties, with the primary aragonite having little influence (Martín-García et al., 

2009, Hopley et al., 2009).  In this situation the chemical distinction between the original 
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and reprecipitating waters may become blurred (Hopley et al., 2009), but values close to 

primary calcite (Spötl et al., 2002b), or close to primary calcite with a slight shift towards 

aragonitic values has also been observed (Martín-García et al., 2009).  Thus, it has been 

suggested that carbon and oxygen isotopes may help to distinguish between primary and 

secondary calcites, but as there is some overlap, this is not an exact science (Hopley et al., 

2009, Alonso-Zarza et al., 2011). 

During recrystallization, the degree of exchange of trace elements depends on the volume 

and composition of the diagenetic waters (Brand and Veizer, 1980).  However, where 

aragonite recrystallizes into calcite, abnormally high Sr contents (for calcite) may be found, 

as a portion of the aragonite’s Sr remains in the neogenic calcite (Frisia, 1996, Ortega et al., 

2005). 

2.7.6.2 The Effects of Recrystallisation on U-Series Dating 

A large (>1.0 ppm) range of U concentrations within a speleothem is an indicator of 

possible recrystallization and U loss (Railsback et al., 2002) as is abnormally high U in calcite 

(Ortega et al., 2005).  Uranium loss during recrystallisation can occur because the UO2
2+ 

cation is relatively soluble (Langmuir, 1978), while Th4+ has been found to be practically 

insoluble in aqueous environments (Kaufman, 1969).  As a result, during recrystallisation 

uranium may be mobilised and leached, while thorium remains in the recrystallised 

speleothem, leading to anomalously old ages (Frisia et al., 2002, Railsback et al., 2002, 

Ortega et al., 2005).  However, recrystallization can occur with no subsequent loss of dating 

integrity, if the system is not open and therefore U loss does not occur, for example in the 

case of a recrystallized Alpine speleothem (Spötl et al., 2002b).  
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3 Chapter 3 

 
Palaeoclimatic and 
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3.1 Stable Isotopes in Speleothems 

The historic method for oxygen and carbon isotopic analysis is spot-sampling of sample 

powders, followed by dissolution in orthophosphoric acid (Sharp, 2007).  Alternatively, 

laser-ablation or ion microprobe may be used (Fairchild et al., 2006). 

Oxygen isotope data can now be analysed on the seasonal scale, (e.g. Treble et al., 2005a), 

allowing summer and winter precipitation to be distinguished from each other, provided 

the drip contains a fracture-fed component (Fairchild et al., 2006), as otherwise the drip 

may have a homogenised composition (Williams et al., 2004). 

3.1.1 Notation of Stable Isotope Values 

3.1.1.1 The Delta Value 

The delta value was introduced by McKinney et al. (1950) to report stable isotope data, and 

is the current method used to report stable isotope data for speleothems.  The symbol for 

delta is δ.  The value represents: 

 

   
        

    
        

Equation 3.1:  The delta value 

where R is the ratio of heavy to light isotope,   is the sample, and std denotes a universal 

standard.  For example, in the case of δ18O (Sharp, 2007): 

 

 

       
       

 
         

   
 

       
   

          

 

Equation 3.2:  The derivation of δ18O 

 

The units of delta values are per mil, given as ‰.  When comparing δ values, a more 

positive value indicates that the ratio of heavier to light isotopes is higher (Sharp, 2007). 
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3.1.1.2 Symbols for Components of the Speleothem-Forming System 

For simplicity, the following symbols will be used from now on to distinguish between the 

δ18O of different components of the speleothem-forming system: 

 

δ18Op  The δ18O of meteoric precipitation 

δ18Od  The δ18O of the cave dripwater 

δ18Oc  The δ18O of speleothem calcite 

δ18Os  The δ18O of seawater  

δ18Ov  The δ18O of water vapour of air masses 

δ18Ok  The δ18O of waters moving through the karst 

 

3.1.2 Equilibrium  

Demonstrating that modern calcite is precipitating in isotopic equilibrium at the cave site is 

important, but it is even more important to demonstrate that isotopic equilibrium was 

maintained during the speleothem growth history (McDermott et al., 2006), usually 

through the application of Hendy tests (Hendy, 1971).  

Drips which fall about half a metre to the drip site are most likely to be in chemical and 

isotopic equilibrium and therefore record climate conditions above the cave (Dreybrodt, 

2011a).  Speleothems often precipitate in quasi-equilibrium with their drip waters 

(McDermott et al., 2006), with low supersaturation, constant drip rate and relative 

humidity of approximately 100% (Fairchild et al., 2007).  In cool temperate locations, 

relative humidity is likely to be high (95-100%), which results in decreased evaporation 

(McDermott et al., 2006), which is beneficial for interpretation of oxygen isotopic data.  

Although speleothems often precipitate in “quasi-equilibrium”, most cave carbonates are 

not strictly in isotopic equilibrium, and on the basis that positive correlation between δ13C 

and δ18O is caused by kinetics effects, Mickler et al. (2006) suggested that most studied 

speleothems were deposited in isotopic disequilibrium.  When applying equilibrium 

calibrations the choice of fractionation factor applied will change the output critically 

(McDermott et al., 2006).  This also has implications for the use of transfer functions to 
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extract temperature or precipitation data from stable isotope records (Frisia and Borsato, 

2010). 

 

Many speleothems, despite precipitating in quasi-equilibrium with their dripwaters, have 

heavier oxygen isotope signals than predicted by equilibrium fractionation factors 

(Desmarchelier et al., 2000, Plagnes et al., 2002, Genty et al., 2003, Mickler et al., 2004, 

Mangini et al., 2005, Coplen, 2007, Sinha et al., 2007, Genty, 2008, Boch et al., 2009), with 

enrichments of 0.5-1‰ relative to predicted values (Kim and O'Neil, 1997).  Kinetic 

enrichment accompanying relatively rapid degassing of drip waters could be the reason for 

this, as when this occurs the δ18O of the calcite approaches the δ18O of the dissolved 

bicarbonate reservoir (Mickler et al., 2004).   High supersaturation can lead to this rapid 

degassing, initiating disequilibrium (Asrat et al., 2007).  Evaporation on the stalagmite cap 

during degassing would also could disequilibrium (Mickler et al., 2004). 

 

In a situation where degassing rates are slow and there is no evaporation, calcite will be 

deposited in thermodynamic equilibrium with the dripwater, making the isotopic signature 

easier to interpret.  The distribution of light/heavy isotopes will only be a function of 

temperature (Lauritzen and Lundberg, 1999).  Where there is fast crystallisation and/or 

evaporation, isotopic fractionation will be controlled by kinetic effects, and so there may 

not be equilibrium between the calcite and the dripwater (Lauritzen and Lundberg, 1999). 

 

3.1.2.1 The Hendy Test 

The Hendy Criteria or similar can be used to assess if calcite was precipitated under 

equilibrium conditions (Hendy, 1971, Schwarcz, 1986).  In the Hendy Method, a series of 

coeval samples are taken along the same growth horizon.  Loss of isotopically light carbon 

in CO2 would lead to δ13C change progressively outwards from the apex and down the sides 

of the growth layer, while δ18O would be invariant.  If evaporation was occurring, H2
16O 

would be lost progressively down the growth layer so both isotopes would be enriched 

(Hendy, 1971).  Therefore, if equilibrium deposition has occurred, δ18O should remain 

constant along the growth layer while δ13C varies irregularly, with no correlation between 

δ18O and δ13C along the growth layer (McDermott, 2004).   Positive correlation between 

δ13C and δ18O suggests kinetic isotope fractionation during calcite/aragonite precipitation 

(Hendy, 1971). 
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Performing Hendy tests can be difficult due to the physical difficulty of sampling along the 

same, coeval horizon (Lauritzen and Lundberg, 1999), and the fact that lamina may be 

thinner on the stalagmite flanks than at the central growth axis (McDermott, 2004).  

Furthermore, in some cases it has been shown that while the calcite deposited along  the 

central growth axis may have been deposited in isotopic equilibrium, the calcite deposited 

along the flanks was not (Talma and Vogel, 1992).  Modelling of stable isotope fractionation 

has shown that a positive Hendy test (i.e. isotopic enrichment of δ13C and δ18O along a 

growth layer) can only be achieved if isotope fractionation occurred under disequilibrium 

conditions, while a negative Hendy test can happen under the same situation (Mühlinghaus 

et al., 2009). 

 

Several authors have suggested improvements to the Hendy test, for example to combat 

the above problem, Mühlinghaus et al. (2009) suggest that the enrichment of δ13C alone 

along an individual growth layer is a more reliable indicator of disequilibrium fractionation.  

Frisia et al. (2000) suggest that Hendy’s (1971) criteria for assessing isotopic equilibrium be 

expanded to include consideration of the calcite crystal fabric, specifically identification of 

columnar, fibrous or microcrystalline fabrics and flat-faced rhombohedral crystallites, and 

the need for a low degree of supersaturation of the parent waters.  Mickler et al. (2006) 

suggested that δ18O and δ13C  covariation through time (i.e. along the vertical axis rather 

than horizontally) may be due to kinetic effects that the Hendy Test cannot test for, 

although this may also be caused by PCP, a change in drip rate or evapotranspiration, which 

are climatically controlled and therefore a useful proxy (Frisia and Borsato, 2010, Frisia et 

al., 2006).  Oster et al. (2010) suggested that an improvement on the Hendy Test would be 

to analyze off-axis δ18O and δ13C profiles.  Tremaine et al. (2011) suggest that a whole-cave 

Hendy test could be a very useful ventilation proxy. 

 

Many records have been published which include speleothems that have been affected by 

non-equilibrium processes (e.g. Frumkin et al., 1999, Plagnes et al., 2002, Spötl and 

Mangini, 2002, Drysdale et al., 2004, Wurth et al., 2004, Asrat et al., 2007), and it has been 

shown that most speleothem isotope records may be affected by kinetic effects (Mickler et 

al., 2006).  The experiments of Wiedner et al. (2008) suggested that a certain degree of 

kinetic fractionation is always possible, and that specifically speleothem growth may be 

enriched in 13C and 18O in the down-flow direction due to progressive degassing and slower 

flow. 
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3.1.2.2 Palaeotemperature Equations 

It has been difficult to produce reproducible extraction and analysis of fluid inclusions, 

which prevented a simple solution to the palaeotemperature equation (Fairchild et al., 

2006), leading to attempts to calibrate δ18O of atmospheric moisture with long-term 

temperature (Lauritzen and Lundberg, 1999). 

 

Kim and O’Neil (1997) proposed the following equation for the oxygen isotope 

fractionation between calcite and water at low temperatures: 

          
     

 
        

Equation 3.3:  The Kim and O’Neil (1997) calcite-water oxygen isotope fractionation 

equation 

Where α is the fractionation factor and T is temperature in Kelvin. 

Demeny et al. (2010) analysed data from two Hungarian caves to test the suitability of 

using existing fractionation-temperature relationships when dealing with natural 

environments.  They created the following equation for use with cave deposits which 

precipitated in the range 10 to 25°C: 

          
     

 
        

Equation 3.4:  The Demeny et al. (2010) ambient temperature calcite-water oxygen isotope 

fractionation equation 

 

Due to the fact that modern in situ calibration of calcite δ18O-temperature fractionation 

factors has shown that inorganic calcite precipitated from very slow drips that are slightly 

supersaturated is on average +0.82 ± 0.24 ‰ more enriched in 18O that expected, Tremaine 

et al. (2011) proposed the following equation for isotope-temperature fractionation of cave 

calcites: 

 

          
     

 
       

Equation 3.5: The Tremaine et al. (2011) cave calcite oxygen isotope fractionation equation  
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Mickler et al. (2004) use the equations of O’Neil et al. (1969) as modified in Friedman and 

O’Neil (1977) to calculate the relationship between the oxygen isotopic composition of 

calcite and its corresponding drip water and the temperature of formation.  They also use 

the equations of Deines et al. (1974) to define the relationship between the C isotopic 

content of HCO3
-, the dominant species in the DIC, calcite and the formation temperature. 

Several equations have been presented to empirically derive the relationship between 

temperature of deposition and δ18Oc such as the Craig (1965) equation and the equation of 

Anderson & Arthur (1983).  Such equations often yield temperatures closer to expected 

cave air temperature (McDermott et al., 2006), probably partly because they used mixed 

calcite and aragonite fractionation factors (Leng and Marshall, 2004), and equilibrium 

fractionation factors for aragonite predict higher temperatures than calcite equilibrium 

fractionation factors at the same temperature (Grossman and Ku, 1986).  Therefore it 

would seem that mixed mineralogy empirical calibrations are not appropriate for wholly 

calcite speleothems (McDermott et al., 2006).  Field experiments have shown that calcite 

may be more likely to be precipitated close to oxygen isotopic equilibrium with its 

corresponding dripwater if the drip is very slow, and calcite is deposited at a slow rate 

(Mickler et al., 2004). 

3.1.2.3  Aragonite and Equilibrium 

Evaluating if aragonite precipitated in equilibrium is more complicated than for calcite, as 

there are many and conflicting δ18Owater - δ
18Otemperature equations  (McCrea, 1950, Grossman 

and Ku, 1986, Thorrold et al., 1997, Zheng, 1999, Bohm et al., 2000, Zhou and Zheng, 2003, 

Kim et al., 2007), which use many different experimental conditions (Kim et al., 2007).  The 

equation recommended by Lachniet (2009), who reviewed the available literature, for 

determination of aragonite equilibrium fractionation, is that of Kim et al. (2007): 

 

                       
    

 
                

Equation 3.6: The Kim et al. (2007) Equation for aragonite equilibrium fractionation 

where = the 18O /16O fractionation between aragonite and water and T = temperature 

at deposition (K). 

 



  

71 
 

3.1.3 Oxygen Isotopes 

3.1.3.1 Notation 

δ18O is reported relative to two standards;  Pee Dee Belemnite (PDB) (Craig, 1957), and 

Standard Mean Ocean Water (SMOW).  SMOW is now often referred to with the prefix 

“Vienna”, abbreviating the whole to VSMOW (Gonfiantini, 1978).  In terms of speleothem 

isotopic studies, PDB is used to relate values for the carbonate, while SMOW is used for 

drip- and rain-waters (Sharp, 2007).  The δ18O value of both PDB and SMOW is defined as 

0.0‰ (Coplen, 1996).  The two scales can be related to each other via the relationships 

(Coplen et al., 1983): 

 

δ    
             δ    

            

Equation 3.7:  Relation between SMOW and PDB 

 

δ    
            δ    

              

Equation 3.8:  Relation between PDB and SMOW 

3.1.3.2 Interpretation in Terms of Temperature 

Early researchers such as Gascoyne et al. (1980) sought to reconstruct absolute changes in 

mean annual air temperature from speleothem oxygen isotope data, as it is understood 

that if the δ18O of the water from which authigenic carbonates such as speleothems 

precipitated is known or can be independently calculated, then it may be possible to 

reconstruct a record of relative or possibly absolute temperature changes (e.g. Goede et 

al., 1986, Schwarcz, 1986, Winograd et al., 1988, Gascoyne, 1992, Talma and Vogel, 1992, 

Lauritzen, 1995, Dorale et al., 1998, Ku and Li, 1998).  However, as air temperature is not 

the only factor to affect speleothem calcite δ18O (McDermott, 2004), other factors 

influencing δ18O of precipitation such as changing moisture sources, air mass history, 

moisture recycling, and rainfall seasonality and rainfall amount (Hendy, 1971, Grootes, 

1993) must be taken into account.  However, speleothems were found to be reliable 

recorders of a combination of air temperature and precipitation oxygen isotope signals in a 

study of spatial variability of δ18O in European Holocene speleothems (McDermott et al., 

2011). 

 

Additional factors affect speleothems, especially in arid and semi-arid regions, as δ18Op may 

be modified by evaporation processes at or near the surface (Bar-Matthews et al., 1996).  
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For eastern Mediterranean sites, the majority of precipitation falls in winter, coinciding 

with lower temperatures and lower δ18Op , such that the effects of each on δ18Oc cannot be 

differentiated without independent data (Bar-Matthews et al., 1997). 

 

3.1.3.3 Relationship between Components of the δ18O System 

δ18Op exerts a first order control on δ18Oc (McDermott et al., 2006), as δ18Oc is dependent 

on δ18Od, and it is known that ideally, δ18Od reflects the weighted mean of regional δ18Op 

(McDermott, 2004).  If the speleothem calcite can be demonstrated to have been 

precipitated under isotopic equilibrium, then δ18Oc reflects a combination of δ18Od, which in 

turn is related to δ18Op, and the temperature driven isotopic fractionation between the 

depositing drip waters and the deposited calcite (Dansgaard, 1964, McDermott, 2004, 

McDermott et al., 2006).  The fractionation is the smaller input, and thus changes in water 

isotopic composition are the main control for changes in δ18Oc (Fairchild et al., 2007). 

In caves with near 100% humidity and no significant cave temperature variations, 

speleothem δ18Oc is most often interpreted in terms of variations in δ18Op.  There have been 

many studies of seasonal and spatial variations in the δ18O of modern precipitation e.g. 

(Rozanski et al., 1982, Rozanski et al., 1993, Gat, 1996).  The oxygen isotope composition of 

precipitation is a consequence of the effects of several factors, which include latitude, 

altitude, distance from the sea, amount of precipitation, amount of previous rainout, 

surface air temperature and the global ice volume effect on glacial timescales (McDermott, 

2004).  Other possible factors include changes in the proportion of precipitation which was 

derived from sources other than the ocean, e.g. recycling from continental surficial waters, 

which should increase as temperature increases (McDermott et al., 1999, Koster et al., 

1993). 

 

3.1.3.4 Changes in the Isotopic Composition of Air Masses 

There are several factors which may change the oxygen isotopic signature of an air mass.  

These various isotope effects are primarily related to latitude, altitude, and the location of 

the moisture source (Dansgaard, 1964, Rozanski et al., 1993, Lachniet, 2009). 

During cooling, Rayleigh fractionation leads to condensation which results in a more 

negative δ18Op (Fairchild et al., 2007).  The principles of Rayleigh fractionation can be used 

to model the fraction of water vapour removed from an air mass between the source 

region and cave site (Yuan et al., 2004).  Where water vapour is advected from inland, δ18Ov 
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often reflects upstream precipitation changes, and so δ18Op  and δ18Oc do not reflect local 

precipitation amount changes, but changes in upstream precipitation (Drysdale et al., 

2004).  After vapour is evaporated from the ocean, it is isotopically depleted by 

condensation and subsequent interaction with falling raindrops (Lee et al., 2008). 

3.1.3.4.1 The Temperature Effect 

The temperature effect describes the positive correlation between a site’s mean annual 

temperature (MAT) and the mean δ18O of precipitation at the site, and can be expressed as  

dδ18Op / dT (Dansgaard, 1964, Fricke and O'Neil, 1999).  dδ18Op / dT is variable and site 

dependent (Dansgaard, 1964, Rozanski et al., 1982, 1993), and may have been different in 

the past (McDermott, 2004).  Changes in the seasonality of precipitation, or changes in 

moisture source, could also lead to variations in dδ18Op / dT over time (Charles et al., 1994, 

Denton et al., 2005).    

The average temperature dependence of δ18O of modern precipitation in the mid-to-high 

latitudes is approximately 0.6‰/°C, with a range of 0.58 to 0.9‰/°C in the region 40°N-

60°N (Winograd et al., 1988, Gascoyne, 1992, Rozanski et al., 1993, Lauritzen, 1995, Dorale 

et al., 1998, Ku and Li, 1998).  In the western Mediterranean region, the value was found to 

be +0.2 - 0.34‰/°C (Bard et al., 2002, Domínguez-Villar et al., 2008).  This temperature 

dependence does not apply in low latitudes or monsoon-affected areas (Dansgaard, 1964, 

Rozanski et al., 1993).  Thus, latitude has a large effect on the isotopic composition of air 

masses.   

The temperature effect also has an effect on seasonal scales, as δ18Op is generally lower in 

winter, when temperatures are colder, and higher in summer when they are warmer.  The 

temperature effect is the primary cause of these variations, but seasonal variations in 

moisture source may also have an effect (Lachniet, 2009).   

3.1.3.4.2 The Altitude Effect 

The altitude effect describes the decrease in δ18O values as altitude increases (Clark and 

Fritz, 1997), which has an approximate range of -2 to -3‰ δ18O km-1 (Gonfiantini et al., 

2001, Poage and Chamberlain, 2001, Fleitmann et al., 2004, Lachniet and Patterson, 2006) .  

This is caused by the decreasing temperature of condensation with altitude, and to 

increased Rayleigh distillation due to orographic uplift (Lachniet, 2009).  As a result of this 

effect, a pronounced “isotopic rain shadow” may be visible in the lee-side of high mountain 

ranges (Blisniuk and Stern, 2005). 
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3.1.3.4.3 The Continental Effect 

The continental effect describes the progressive rainout and cooling of an air mass as it 

moves over a continent, away from the ocean, leading to a decrease in water δ18O 

(Dansgaard, 1964, Rozanski et al., 1993, Clark and Fritz, 1997).  However, the continental 

effect may be counteracted by moisture recycling in some areas, where high δ18O 

continental moisture is returned to the atmosphere by evaporation of water bodies such as 

lakes, rivers, and even soil water (Koster et al., 1993), leading to a reduction in the degree 

to which δ18O decreases with distance from the ocean (Lachniet, 2009). 

 

3.1.3.4.4 The Amount Effect 

δ18Op is inversely correlated with precipitation amount in low latitude and coastal regions, 

i.e. δ18Op gets lower as rainfall amount increases (Dansgaard, 1964, Rozanski et al., 1993).  

This is known as the amount effect.  The amount effect is most pronounced in the tropics, 

especially tropical ocean island locations close to the ITCZ with mean annual temperature 

exceeding 15°C (Dansgaard, 1964, Rozanski et al., 1993, Wang et al., 2001, Yuan et al., 

2004).  The amount effect is the dominant effect on δ18Oc in the tropics, monsoonal areas 

(e.g. Johnson et al., 2006b, Wang et al., 2008), and some semi-arid areas as partial re-

evaporation of weak rains in the atmosphere may occur (Fairchild and McMillan, 2007).  

Sites some distance inland may not be suitable for interpreting in terms of local 

precipitation amount, with δ18Op instead being modified by changes in upstream δ18Ov 

(Drysdale et al., 2004). 

3.1.3.4.5 The Source Effect 

The source of an air mass has a prominent effect on its isotopic composition, due to various 

factors such as air mass history, temperature of a moisture source and regional δ18O 

variation of the ocean (LeGrande and Schmidt, 2006, Lachniet, 2009) and air masses 

originating from different source regions will have distinct δ18O signatures (Rozanski et al., 

1993, Clark and Fritz, 1997, Cole et al., 1999, Friedman et al., 2002).  

This effect also interplays with changes in seasonality to bring about large changes in mean 

annual δ18O on palaeoclimatic timescales, as a change in the relative proportion of summer 

vs. winter precipitation may lead to more precipitation deriving from one moisture source 

over another (Lachniet, 2009).  Advection of air masses along trajectories which are 

warmer or cooler will also lead to variations in the degree of rainout, which also affects 

δ18O of precipitation (McDermott et al., 1999). 
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Changes in meteoric moisture sources have been inferred as the main driver for δ18O 

variations in a number of speleothem studies (Bar-Matthews et al., 2003, Fleitmann et al., 

2003b, Cobb et al., 2007). 

3.1.3.4.6 The Ice Volume Effect 

Changes in continental ice volume at glacial/interglacial transitions result in a change in the 

δ18O of the ocean (Lauritzen and Lundberg, 1999, McDermott, 2004).  δ18O of the ocean will 

increase as continental ice volume increases, due to the fact that evaporation of ocean 

water preferentially removes light isotopes from the ocean (Lachniet, 2009).  The maximum 

δ18O change attributed to this effect during the Quaternary is approximately 1.0-1.2 ‰ 

(Schrag et al., 1996, 2002, Lea et al., 2002), and the collapse of ice caps in the early 

Holocene led to a δ18O decrease of 0.3‰ (Stuiver et al., 1995).  However, a cooler glacial 

sea surface temperature would affect the temperature-dependent equilibrium 

fractionation between liquid and water vapour at the ocean surface, such that rainfall δ18O 

would decrease, which would partially or even wholly offset the increase in δ18O caused by 

increased ice volume (Lauritzen and Lundberg, 1999, Lachniet, 2009). 

3.1.3.5 δ18O of Karst Waters 

The oxygen isotopic signal of speleothem calcite reflects a component of the isotopic 

signature of cave seepage waters, which are affected not only by the factors which affect 

the δ18O of precipitation listed above, but also processes in the surface-karst-cave system, 

such as evaporative enrichment at the surface or in the epikarst zone, changing water 

transit times in the karst system, complex mixing histories or seasonal changes in the rate 

of calcite deposition (McDermott et al., 2006). 

Oxygen atoms in the seepage waters can be exchanged with oxygen atoms in the 

carbonate bedrock by the reactions (Dreybrodt, 2011a): 

                      
     

Equation 3.9:  Oxygen atom exchange between bedrock and seepage waters (A) 

And 

                  
    

Equation 3.10:  Oxygen atom exchange between bedrock and seepage waters (B) 

Which can be summarised as 
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Equation 3.11:  Oxygen atom exchange between bedrock and seepage waters (Summary) 

After a sufficiently long time (8 hours at 25°C, 29 hours at 10°C, 54 hours at 5°C) (Beck et 

al., 2005), the oxygen atoms in the carbonate will be in equilibrium with the oxygen atoms 

in the seepage water, and will contain a climatic signal, but waters which reach the cave in 

less time than is required for this equilibrium to take place will not represent a climatic 

signal (Dreybrodt, 2011b). 

The high frequency signal may be dampened by mixing of older stored waters and younger 

waters relating to specific infiltration events in the epikarst, and rate of infiltration 

(Fairchild et al., 2006).  Different parts of the aquifer may store water from different 

seasons, which will have different isotopic composition (Fairchild et al., 2007). 

3.1.3.6 δ18Od and δ18Oc  

The drip water composition is dependent on several factors, including the composition of 

δ18Op, and interactions in the unsaturated zone between water, soil and rock (Hendy and 

Wilson, 1968, Hendy, 1971, Bar-Matthews et al., 1996, Ayalon et al., 1998).  The cave 

temperature effect causes thermodynamic fractionation between dripwater and calcite in 

precipitation, although this effect is small (Lauritzen and Lundberg, 1999). 

The isotopic composition of dripwater most likely constitutes a mixture of longer residence 

time stored water, with event water of short term residence time (Jex et al., 2010).  

“Flashy” drip sites typically result in fast drips which show a large seasonal variation in δ18O, 

reflecting minimum storage and homogenisation in the epikarst (McDermott et al., 2006).  

Seepage flow drips are slow drips associated with large storage components (McDermott et 

al., 2006), in which δ18O typically reflects annual precipitation δ18O (Yonge et al., 1985).   

Increased residence times (for example in drier periods) lead to the attenuation of seasonal  

δ18O variations which result in the δ18O of dripwater being closer to the δ18O of 

precipitation in the region above the cave (McDermott et al., 2006).  In shallow temperate-

zone caves in with drip-sites fed by seepage flow, δ18Od is likely to represent mean regional 

precipitation (McDermott et al., 1999, Frumkin et al., 2000).   

In arid or semi-arid areas, a negative balance between precipitation and evaporation during 

the summer months may lead to near-surface evaporative effects, which may shift δ18O to 

higher values (Bar-Matthews et al., 1996, Bar-Matthews et al., 1997).   At such sites, while 

in theory warm-dry conditions could cause higher δ18O and cold-wet conditions could cause 

lower δ18O, the isotopic signal could in fact be cancelled out if other combinations of 
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temperature and precipitation amount existed (McDermott et al., 1999).  Using 

meteorological data, it is possible to assess whether a negative balance between 

precipitation and evapotranspiration occurs during the summer months in the present day, 

but to assess whether this also occurred in the past,  high δ18O values in speleothem calcite 

should be compared with the growth rate, to see whether precipitation amount or 

temperature was causing the δ18O variation (McDermott et al., 1999). 

It was suggested by Hendy (1971) that in cases of drip waters from which CO2 was rapidly 

degassed, δ13C would move to higher values while δ18O would remain unchanged by this 

effect provided that continuous 18O equilibrium exchange with oxygen isotopes in the 

water reservoir was possible.  Both δ13C and δ18O would be driven to higher values in 

situations where rapid precipitation also occurred (Hendy, 1971). 

If drip times are fast, i.e. Td ≤ 0.1(τp), where Td is the drip interval, and τp is the time 

constant for the precipitation of calcite, the oxygen and carbon isotopic composition of the 

dripwater carbonate increases due to Rayleigh distillation by less than 0.3‰ (Dreybrodt 

and Scholz, 2011).  Fractionation of carbon and oxygen increases to a few ‰ heavier for 

drip times Td > 3(τp) (Dreybrodt, 2008, Scholz et al., 2009, Dreybrodt and Scholz, 2011). 

Kinetic effects such as high supersaturation (Kim and O'Neil, 1997) or CO2 outgassing and 

evaporation (González and Lohmann, 1988) during calcite precipitation may lead to high 

frequency noise in the isotopic signal which may be identifiable by Hendy tests (Hendy, 

1971).  Covariation of δ18O and δ13C through time suggests the possibility of kinetic 

fractionation (Hendy, 1971).  Kinetic fractionation may occur due to evaporation of 

dripwater in low humidity cave environments, or due to rapid degassing of super-saturated 

drip waters (Mickler et al., 2004).  It may be possible to identify if rapid degassing has 

occurred if drip rates are fast or if the drip waters have a high saturation index (Jex et al., 

2010).  Seasonal variation in drip water pCO2 may be identifiable by sub-annual covariation 

between δ18O and δ13C in speleothem calcite (Jex et al., 2010).  

At mid to high latitudes there is a positive correlation between temperature and δ18Oc  (i.e. 

in the opposite direction to dδ18Op / dT) , but this should be tested at each site (Fairchild et 

al., 2007).  At 25°C, dδ18Oc / dT is approximately -0.23‰/1°C , a value which is an average 

of numerous experiments where calcite has been precipitated in the laboratory, (O'Neil et 

al., 1969, Tarutani et al., 1969, Kim and O'Neil, 1997, Jiménez-López et al., 2001).   

However, in experiments carried out at such low temperatures as these (i.e. <40°C), it is 
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difficult or impossible to prove that calcite precipitation is occurring in oxygen isotopic 

equilibrium with the water (Coplen, 2007).  As calcite precipitated in caves as speleothems 

is precipitated more slowly than in laboratory experiments, it is more likely to be closer to 

equilibrium (Tremaine et al., 2011). 

Theoretically, an increase in air temperature could lead to an increase, decrease or 

maintenance of δ18Oc, as the degree to which δ18O of precipitation changes with 

temperature may be greater, smaller or equal to the temperature-dependent fractionation 

which accompanies calcite deposition within the cave (dδ18Oc / dT) (McDermott, 2004, 

McDermott et al., 2006).  As the temperature dependence of δ18Op is on average more 

positive than the calcite-water fractionation,  it is expected that in the absence of other 

processes, a rise in temperature would result in a net shift to heavier O isotopes, but only 

where near surface evaporative effects are minimal (McDermott et al., 1999).  However, as 

the temperature-dependent fractionation between drip-waters and calcite can potentially 

be either positive or negative, δ18Oc cannot be simply interpreted relative to temperature 

change, and therefore it is important to utilise additional proxies from the speleothem, 

such as fluid inclusion data, changes in growth rate and annual layer thickness variations in 

order to reach a more meaningful interpretation (McDermott et al., 1999, McDermott, 

2004, McDermott et al., 2006).  

 

3.1.4 Carbon Isotopes 

 

There are two stable isotopes of carbon, 12C=98.89% and 13C=1.11% (Nier, 1950).  Values of 

δ13C are generally reported in comparison to the Pee Dee Belemnite (PDB) standard (Morse 

and Mackenzie, 1990), and the δ13C of PDB is zero (Sharp, 2007). 

3.1.4.1 Origin of Speleothem CaCO3 Carbon 

Sources of carbon in drip water are atmospheric carbon dioxide, soil biogenic carbon 

dioxide and dissolution of karst bedrock (Fairchild et al., 2007).  The bulk of dripwater 

carbon comes from organic sources, with dripwater and modern speleothems typically 

containing 80-95% modern carbon (Genty et al., 2001a).   

3.1.4.1.1 Atmospheric carbon dioxide 

Rainwater droplets may absorb carbon dioxide as they fall through the atmosphere, but the 

amount is thought to be small and not contribute a large proportion to the bicarbonate in 

soil water (Vaks et al., 2010).  Atmospheric carbon dioxide has a lower δ13C value over the 
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continents than over oceanic areas due to influence from respiration, decay of plant 

matter, and in modern times, fossil fuel combustion (Develle et al., 2011).  

3.1.4.1.2 Soil Biogenic Carbon Dioxide 

Soil atmosphere carbon dioxide may be up to several orders of magnitude higher in 

concentration than atmospheric carbon dioxide (Salomons and Mook, 1986).  It has been 

shown that soil CO2 may contribute up to 80-95% of speleothem carbon (Genty et al., 

2001a, Genty and Massault, 1999, Genty et al., 1999), although some speleothems form in 

the absence of soils (Fairchild and Baker, 2012).  Overproduction of carbon dioxide 

promotes equilibration and leads to complete equilibration.  This is known as the 

“oversupplied open system” (Fairchild and Baker, 2012). 

In temperate climates, soil CO2 derives mostly from decomposition of organic matter and 

plant root respiration (Lasaga, 1981).   In the Mediterranean, soil CO2 production is low in 

the dry summer, increases in the autumn due to increased precipitation, followed by a 

decrease in winter due to low temperatures (Billès et al., 1971). 

 

Soil-CO2 varies on a seasonal cycle; values are close to atmospheric levels in the winter, and 

exhibit a rapid decrease in the growing season (Rightmire, 1978).  This is believed to be 

caused by invasion of atmospheric CO2, which can cause the δ13C value of soil CO2 to be 

several ‰ higher than the value which would be derived from plant respiration alone 

(Dreybrodt and Scholz, 2010). 

Soil atmosphere carbon dioxide was found to have δ13C values ranging from -10‰ to -

28‰, with two maxima at -23‰ and -16‰ (Deines, 1980, Salomons and Mook, 1986).  This 

signal is believed to be related to photosynthetic pathway, which will be discussed below. 

 

3.1.4.1.3 Dissolution of Karst Bedrock and Calcareous Soils 

The simple model for dissolution of calcium carbonate in calcareous soils is (Münnich, 

1957)  

                             
  

Equation 3.12: Calcium carbonate dissolution in calcareous soils 

The equation is reversible, as the backwards reaction accounts for precipitation of calcite, 

with associated CO2 degassing.  As degassing occurs, 12C is lost from the HCO3
-
(aq) reservoir, 
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which cannot be offset by the loss of 13C through precipitation of calcite, leading to 

Rayleigh-type enrichment (Mickler et al., 2004). 

                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                       

This equation assumes that the carbon in soil solution derives half from biogenic CO2 and 

half from carbonate rock, which although a simple approximation, does not account for 

other factors such as the differing isotopic composition of biogenic carbon dioxide 

produced by C3 and C4 plants, evaporation, exchange with atmospheric carbon dioxide 

(Salomons and Mook, 1986), and oversupply of CO2. 

 

3.1.4.2 Open-System vs. Closed-System 

The processes which control the mechanisms by which percolating waters become 

saturated with calcium carbonate in the soil and bedrock above the cave have been 

simplified and grouped into two end-member models (Zhou et al., 2008a, Salomons and 

Mook, 1986). 

3.1.4.2.1 Open-System 

In an open system, the groundwater reacts with calcium carbonate while in contact with a 

gas phase of fixed pCO2 (Salomons and Mook, 1986, Hendy, 1971).  The open-system model 

assumes an infinite supply of CO2 and continuous equilibrium between the seepage water 

and CO2, leading to a steady increase in bicarbonate content as dissolution in the 

unsaturated zone increases (Salomons and Mook, 1986).  The δ13C of the dissolved species 

in an open system is understood to represent the isotopic composition of soil CO2, and not 

to contain any discernible effects of bedrock carbonate (Salomons and Mook, 1986).  

During open-system evaporation, the isotopic composition of both carbon and oxygen will 

change, according to simple Rayleigh processes (Salomons and Mook, 1986). 

3.1.4.2.2 Closed-System 

In the closed system, the groundwater equilibrates with a carbon dioxide reservoir before 

coming into contact with the calcium carbonate, and subsequently becomes isolated from 

the reservoir before calcium carbonate dissolution (Salomons and Mook, 1986, Hendy, 

1971).  As the CO2 is finite, limestone dissolution is limited by the consumption of CO2 

through carbonation: 

                     

Equation 3.13:  Formation of carbonic acid 



  

81 
 

The dissolved carbon dioxide then reacts with the CaCO3 via the reaction (Salomons and 

Mook, 1986): 

                             
 

 

Equation 3.14:  Limestone dissolution 

In contrast to the open system in which it is the soil CO2 which contributes the signal 

prevailing in δ13C of DIC, in the closed system it is the host bedrock which influences the 

isotopic composition of the DIC  (McDermott, 2004).  Modelled results show that in a fully 

closed system, up to 50% of dissolved carbon may be derived from the host rock (Hendy, 

1971). 

3.1.4.3 Causes of variations in δ13C 

 

Identifying the causes of speleothem δ13C variations can be difficult due to the fact that so 

many processes can have an effect.  Such factors include: 

 The ratio of C3 to C4 plants in the vegetation above the cave (Dorale et al., 1998, 

Dorale et al., 1992) 

 The rate of soil respiration (Genty et al., 2001a, Genty et al., 2003). 

 The relative contributions of soil-respired CO2 and atmospheric CO2 to dissolved 

inorganic carbon (Genty et al., 2001a, Genty et al., 2003, Dulinski and Rozanski, 

1990). 

 Variations in fluid-rock interaction (Hendy, 1971, Genty et al., 2001a). 

 CO2 degassing and prior calcite precipitation (PCP), which is common in semi-arid, 

highly seasonal epikarst regions, causing more 13C-enriched dripwater, and 

subsequently speleothem calcite (Baker et al., 1997, Mickler et al., 2004). 

 Isotopic disequilibrium occurring during calcite precipitation (Hendy, 1971, Mickler 

et al., 2004). 

 Progressive enrichment in 13C with distance along a speleothem that water flows 

before calcite is precipitated (Baker et al., 1997). 

3.1.4.3.1 The Palaeovegetation Signal 

Where appropriate, large shifts in δ13C can be attributed to the difference between δ13C of 

CO2 respired by a C3 versus a C4 assemblage (McDermott, 2004, Dorale et al., 1992, Dorale 

et al., 1998).   
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At its simplest, δ13C should be lighter when C3 plants dominate and there is unlimited 

water, and heavier when C4 plants dominate or conditions are arid (Dorale et al., 1992, 

Dorale et al., 1998, Fairchild et al., 2007).  In cold, wet conditions, C3 photosynthetic 

pathway plants dominate, resulting in a more negative δ13C value of soil biogenic CO2, 

compared to the soils in which C4 grasses grow, when drier conditions prevail (Fairchild et 

al., 2007).  For changes in the ratio of C3 to C4 plants to be considered as a mechanism for 

changes in speleothem δ13C, it is important to consider whether both types of plants are 

known to have grown at a location during the time period (Genty et al., 2003). 

The difference in δ13C signal which arises from vegetation changes is linked to the 

photosynthetic pathway utilised by vegetation in the area.  The Calvin-Benson (or non-

Kranz) photosynthetic pathway is known more simply as “C3”, which includes almost all 

trees and many grasses, and allows plants to be better suited to cooler, moister growing 

seasons (Holland et al., 1964)  It produces plant material with δ13C ranging from -22 to -34 

‰, with a peak at -27 ± 2 ‰ (Salomons and Mook, 1986).  The Hatch-Slack (or Kranz) 

pathway is known as “C4”, and allows other grasses to thrive in hot, dry climates  (Holland 

et al., 1964).  It produces plant material with δ13C between -9 to -19 ‰, with a peak at -12 ± 

2 ‰ (Salomons and Mook, 1986).  The Crassulacean Acid Metabolism (CAM) cycle produces 

a carbon isotopic composition that is intermediate between C3 and C4, with an average 

value of ca. -17‰ (Salomons and Mook, 1986).  

 

Soil CO2 is always slightly less negative than the δ13C of the plant material, due to 

preferential uptake of 12C during plant material formation, preferential release of 13C in CO2 

during respiration (Frumkin et al., 2000) and diffusive loss of 12C from the soil (Cerling, 

1984).  Soil respired CO2 in equilibrium with C3 vegetation will have a δ13C of approximately 

-26‰ to -20‰, with an average of -26‰, while soil respired CO2 in equilibrium with a 

dominantly C4 assemblage generally has a δ13C signature in the range of -16‰ to 10‰, 

with an average of -13‰ (Bar-Matthews et al., 1991, McDermott, 2004, McDermott et al., 

2006).  The C4 signature is noticeably heavier, and even after the fractionations associated 

with various processes leading to carbonate precipitation, the difference is preserved in the 

δ13C of the secondary carbonates, as carbonates deposited in equilibrium with CO2 respired 

from C3 vegetation will typically fall in the range -14‰ - -6‰, while a C4 system yields 

carbonates with a δ13C range of -6‰ - +2‰ (McDermott, 2004).  In dry conditions, the δ13C 

of respired soil CO2 of C3 plants is isotopically heavier due to restricted stomatal 

conductance (Paulsen et al., 2003). 
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Minimal soil and vegetation cover above the cave can result in increased δ13C (Bar-

Matthews et al., 2003, Cerling, 1984), while an increase in vegetation density can also lead 

to δ13C decrease due to increased input of isotopically light biogenic carbon to the total 

dissolved organic carbon (DIC) (Baldini et al., 2005). 

3.1.4.3.2 Climatic Causes 

Periods of climatic amelioration and/ or increased precipitation may lead to increased 

levels of soil biogenic CO2 (Raich and Schlesinger, 1992), which has a lighter δ13C signal than 

atmospheric CO2, thus resulting in a lighter δ13C signal in the speleothem signal (Genty et 

al., 2003).  

During wet periods, deluge events may strip soil cover, or lead to such short residence 

times that it is not possible for significant amounts of soil CO2 to be dissolved (Paulsen et 

al., 2003, Bar-Matthews et al., 1997).  This sequence of events may lead to high δ13Cc, low 

δ18Oc, low deposition rate and increased detritus in the calcite matrix (Bar-Matthews et al., 

1997).  Prior calcite precipitation may be reduced during periods of increased rainfall 

(Fairchild et al., 2000), thus removing this mechanism for δ13C enrichment (Zanchetta et al., 

2007).   

3.1.4.3.3 Growth Rate 

At slow growth rates, thermodynamic isotopic fractionation causes large fractionation as 

precipitation of the heavier isotope-bearing ions is favoured, while at fast growth rates, the 

competing effects of thermodynamic fractionation and kinetic fractionation (which favours 

light isotope-bearing ions) leads to a smaller fractionation (Turner, 1982, Fairchild et al., 

2007). 

3.1.4.3.4 Prior Calcite Precipitation 

Prior calcite precipitation (PCP) in the vadose zone can cause increased δ13C  (Baker et al., 

1997).  More positive speleothem δ13C was found to correlate with times of lower fractions 

of HCO3
- (aq) remaining in solution (modelled), which is an indication of increased prior 

calcite precipitation, and believed to be due to decreased rainfall leading to increased 

seepage water residence time (Oster et al., 2009, Oster et al., 2010). 

Slow seepage rates lead to calcite with isotopically heavier δ13C being precipitated, as more 

calcite will have been precipitated from the solution at any given point compared with a 

faster flowing water (Baker et al., 1997). 

PCP will be discussed further in Section 3.2.4.4 in relation to trace element variations. 
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3.1.4.3.5  Degassing 

There is still some uncertainty concerning  the propriety of δ13C for use as a climate proxy, 

as kinetic fractionation may occur during CO2 degassing (Genty et al., 2003), although this 

process has generally been assumed to have only a small effect on δ13C of speleothem 

calcite, and equilibrium isotopic fractionation was therefore expected to be sufficient in 

explaining the process of degassing (Hendy, 1971, Salomons and Mook, 1986).  However, 

the initial, rapid degassing which occurs without calcite precipitation and without a back-

reaction, and would result in an increase of δ13CDIC value (Dulinski and Rozanski, 1990).  

Recently, Tremaine et al. (2011) have shown a direct connection between calcite growth 

rates, seasonal calcite δ13C and ventilation-driven pCO2-gradients, with δ13C decreasing 

along the ventilation pathway.  Therefore, they suggest that calcite δ13C may be useful as a 

proxy for cave air ventilation, in addition to the traditionally used interpretations such as 

overlying vegetation. 

3.1.4.3.6 Ventilation 

Forced degassing related to oscillating cave ventilation can produce higher δ13C (Frisia et 

al., 2000, Spötl et al., 2005).  
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3.2 Minor and Trace Elements 

3.2.1 Origins of Trace Elements in Speleothems 

There can be significant variations in trace element composition within the cave same cave 

chamber, as well as temporal variations throughout the year, necessitating awareness of 

the processes which control trace element concentrations at a site (Fairchild and Treble, 

2009). 

3.2.1.1 Initial Carbonate Dissolution 

The bulk of cations incorporated into speleothem carbonate originate from carbonate 

dissolution in the soil and bedrock and overlying regolith (Fairchild et al., 2007, Fairchild 

and Treble, 2009).  There is also a contribution from marine aerosols and pollutants 

(Fairchild et al., 2007).  

Transport of a trace element into the bedrock originally is dependent on two factors; 

mobilization of the element in the soil and underlying epikarst, and hydrological processes 

which influence infiltration into the epikarst (Fairchild and Treble, 2009).  Dissolution of 

carbonate to saturation, either in the soil or epikarst, occurs under high pCO2, under which 

conditions dissolved chemical species loads will therefore be higher (Fairchild et al., 2000, 

Fairchild and Treble, 2009, Atkinson, 1977, Drake, 1983). 

The relative proportions of calcite and dolomite encountered by water flowing through the 

karst will affect its trace element chemistry, as will transit time from surface to drip site 

(Fairchild et al., 2000, Roberts et al., 1998). 

3.2.1.2 Mobilisation of Trace Elements in Soils and Epikarst 

Other ways in which trace elements can be incorporated into groundwaters and 

subsequently speleothems require mobilisation of such elements in the soils and epikarst, 

and require varying amounts of time: 

Pre-existing solutes, mobilised particles and colloids may become incorporated into the 

percolating groundwater, weakly adsorbed/absorbed species may be leached from 

substrates, or dissolution of salts may add trace elements to the groundwater; all these 

processes are rapid (Fairchild and Treble, 2009).  Calcite dissolution can add elements at an 

intermediate speed, while chemical weathering of various minerals such as dolomite, 

silicates, phosphates, oxides, and sulphides is a slow process (Fairchild and Treble, 2009).  
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Slower dissolution processes are of greater influence in seepage flow dominated systems, 

such as those studied in glacial settings (Fairchild et al., 1994, Fairchild et al., 1999). 

Trace element activities in soil waters may be strongly affected by changes in soil acidity, 

soil CO2 concentration and organic chemistry; thus the same controls will exert a control on 

cave seepage waters (Hellstrom and McCulloch, 2000). 

3.2.2 Incorporation of Trace Elements into Speleothems 

There are several ways in which trace elements can become incorporated into 

speleothems: 

1. Substitution of divalent ions for Ca2+ or CO3
2- in the lattice (Fairchild et al., 2006, 

Fairchild et al., 2007), defined by the partition coefficient (K) (Fairchild et al., 2007). 

2. Interstitial incorporation of ions or molecules, where growth defects exist and so 

ion size is less important (Fairchild and Treble, 2009, Fairchild et al., 2007, Fairchild 

et al., 2006).  Incorporation of trace elements at defect sites is increased where 

crystal growth surfaces are rough; which in turn is more likely in speleothems 

which undergo faster growth and precipitate from solutions with higher levels of 

supersaturation (Frisia et al., 2000) 

3. As part of fluid inclusions, or solid inclusions (i.e. not as part of the CaCO3 phase) 

(Fairchild et al., 2007). 

Different types of crystal face will have different trace element chemistry, resulting in 

sector zoning (Reeder and Grams, 1987).  Aragonite, as an orthorhombic mineral which 

develops a number of forms, displays this behaviour to a greater extent than calcite, and as 

such can exhibit complex lateral changes (Finch et al., 2003).  Calcite is generally simpler, 

growing in most cases as the unit rhombohedron, with micron-scale crystallites 

conglomerating to form larger crystals (Frisia et al., 2000). 

Trace element levels in speleothems are controlled by several factors, such as drip water 

trace element concentrations, physical conditions such as temperature (Finch et al., 2001), 

and characteristics of the crystallographic site the trace element will occupy, such as fusing 

of crystallites or presence of foreign ions (Treble et al., 2005a).  Kinetic factors such as drip 

rate may be important under disequilibrium conditions (Finch et al., 2001). 

3.2.3 Methods of Trace Element Analysis 

Until the turn of the new millennium, trace element analysis was primarily performed by 

atomic absorption spectrometry or ICP-AES, involving several milligrams of sample powder 
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being first dissolved in dilute acid.  At the present, analysis is moving towards in situ micro-

analysis by laser-ablation (Fairchild et al., 2006). 

Laser-ablation-inductively coupled plasma-mass spectrometry (LA-ICP-MS) analysis is 

advantageous as analysis is very rapid, and sensitive enough to provide annual resolution 

on moderate to fast-growing samples (Fairchild et al., 2006).  Sub-annual resolution should 

even be possible on all but the slowest growing stalagmites (Treble et al., 2003, Treble et 

al., 2005a, Desmarchelier et al., 2006).  Standards must be matrix-matched to samples 

(Fairchild and Treble, 2009).  Robustness can be increased by stacking parallel traverses 

(Treble et al., 2003).  Where material is not damaged by ablation, a line scan can be used 

(Fairchild et al., 2006). 

3.2.4 Interpreting Trace Element Variations  

The causes of trace element variations can be complex, with factors such as the presence 

of micro domains, replacement phenomena and non-equilibrium incorporation to be 

considered (Treble et al., 2003, Treble et al., 2005a), and inadequate information about 

cave water chemistry can make interpretation less reliable (McMillan et al., 2005). 

Contemporaneous speleothems from within a single cave can may show trace element 

variations which are so variable from each other as to shed doubt on the usefulness of 

trace elements in speleothems for palaeoclimatic interpretation (Roberts et al., 1999a).  

Trace element variations laterally along growth layers also is a potential problem, to which 

Treble et al. (2005a) suggested the solution would be to conduct several closely spaced 

parallel tracks. 

Five influences on geochemistry have been identified, which all apply to trace elements: 

atmospheric input, soil and vegetation, interaction with the karstic aquifer, primary crystal 

growth at a speleothem, and secondary alteration (Fairchild et al., 2006). 

When comparing speleothems from several caves in Korea, some of which were primary 

calcite/aragonite and some of which were neomorphic calcite, (Woo and Choi, 2006) found 

that the composition of local cave water had more of an influence on speleothem trace 

element chemistry than processes such as evaporation and degassing. 

3.2.4.1 Distribution Coefficients 

The equation defining the distribution coefficient of a particular trace element is as follows: 
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Equation 3.15:  Defining distribution coefficients of elements 

where Tr is the trace element ion in question and KTr is the distribution coefficient (Morse 

and Bender, 1990).  The partition coefficients for Mg and Sr into calcite are <<1 (Morse and 

Bender, 1990), causing Mg/Ca and Sr/Ca to rise as calcite precipitation occurs (Fairchild et 

al., 2000). 

KTr values for a particular element will be different for aragonite and calcite, so it is 

important to distinguish between the two phases (McMillan et al., 2005, Ortega et al., 

2005, Fairchild and Treble, 2009).  For Mg, K is believed to vary only with temperature for 

Mg (Huang and Fairchild, 2001, McMillan et al., 2005).  Influences on other elements’ 

partition coefficients include growth rate, growth mechanism, and structural characteristics 

of growth surfaces (Lorens, 1981, Morse and Bender, 1990, Paquette and Reeder, 1995). 

Ratios allow bedrocks to be compared with the solutions expected to arise from congruent 

dissolution of different mixes of bedrocks (Fairchild and Treble, 2009).  Where waters lie 

above the mixing line, it is likely there are additional processes occurring, which may 

include the selective release of Mg and Sr from freshly broken calcite surfaces (McGillen 

and Fairchild, 2005), or redissolution of Mg and Sr-bearing salts precipitated in drying soils 

in the summer (Fairchild and Treble, 2009). 

It is understood that the distribution coefficient approach is inadequate to fully understand 

trace element variation due to the differences between sites at which trace elements can 

be incorporated, however as most variations are on such a small scale that their effects are 

averaged out, the distribution coefficient approach can still be useful (Fairchild and Treble, 

2009). 

3.2.4.2 Mg and Sr Variations 

Where Mg/Ca and Sr/Ca vary antipathetically, this can be explained by differential 

dissolution of dolomite and calcite (Fairchild et al., 2000, Roberts et al., 1998).  Where they 

vary sympathetically, this can be caused by enhanced selective leaching with prolonged 

contact times between water and rock, and/or prior precipitation (Fairchild et al., 2000).  

Strong covariation between Mg and Sr in speleothems can be inferred to have been caused 

by prior calcite precipitation (McMillan et al., 2005, Johnson et al., 2006a). 

Drip-water Mg/Ca and Sr/Ca often increase during times of aridity (Huang and Fairchild, 

2001).  Verheyden et al (2000) concluded that Mg/Ca and Sr/Ca changes in a Belgian 

speleothem were a result of changes in water residence time in the vadose zone, but 



  

89 
 

caution that such changes may occur following changes in effective precipitation, or 

alternatively may simply reflect changes in the routing of seepage water  (Domenico and 

Schwartz, 1990, Roberts et al., 1999a) .  As speleothem δ18O is not affected by seepage 

water routing (Harmon, 1979, Yonge et al., 1985), covariation between δ18O, Mg/Ca and 

Sr/Ca can be interpreted as meaning that routing is not the driver of changes in Mg/Ca and 

Sr/Ca (Verheyden et al., 2000). 

3.2.4.3 Precipitation Variations 

Trace element enrichment can occur as a result of high flow as species may be transported 

with colloids (Huang et al., 2001, Borsato et al., 2007, Zhou et al., 2008b).  For example, 

zones of enrichment of Mn, P and rare earth elements may be linked to colloidal transport 

during periods of high flow (Zhou et al., 2008b).  Dripwater Mg/Ca can exhibit dilution 

effects under high flow conditions  (Fairchild and Treble, 2009), and large rainfall events 

can cause a switch from seepage flow to the faster shaft flow, which can cause variations in 

dripwater (and speleothem) Mg/Ca (Fairchild and Treble, 2009). 

At low flow, fracture-fed flow through the aquifer is minimal, and low-permeability 

components of the aquifer with long mean water residence times have higher influence 

over drip sites (Fairchild and McMillan, 2007).  Increased residence times lead to increased 

dissolution of dolomite, resulting in increased concentrations of Mg in the groundwater, 

and subsequently the dripwaters and speleothems (Fairchild and McMillan, 2007), but Sr 

will vary antipathetically as dolomite is depleted in Sr compared to calcite (Fairchild et al., 

2000).  Where Sr-rich aragonite is preserved in shaley parts of the aquifer, Sr enrichment 

may also occur via the same process (Baker et al., 2000, Fairchild et al., 2006). 

Increased concentrations of trace elements in speleothem calcite can be an indicator of dry 

conditions due to prior calcite precipitation, or retention of Ca in soils due to enhanced 

freezing/evaporation during dry periods leading to incongruent dissolution (Fairchild et al., 

2000). Dolomite dissolution is also enhanced during dry periods, leading to increased Mg 

(Roberts et al., 1998).  Dry conditions lead to longer reaction times in the soil and aquifer, 

allowing higher concentrations of trace elements to be removed into solution/transport 

(Baker et al., 2000). 

A long-term rise is Mg and Sr, which culminated in a switch from calcite to aragonite 

precipitation, was identified in a speleothem from Clamouse, France, and interpreted as 

indicating a major drought (McMillan et al., 2005) 
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Following low flow conditions, when flow rates start to increase, high concentrations may 

persist as a result of a flush of material which had been entrained in the soil, piston-flow 

through the aquifer, or interaction between fracture-flow waters and the matrix causing 

entrainment of ions (Fairchild and Treble, 2009). 

3.2.4.4 Prior Calcite Precipitation 

“Prior precipitation” is the expression used for when CaCO3 has already been precipitated 

upflow of the speleothem drip site, which may occur due to the dripwater encountering 

pCO2 lower than that which it assimilated in the soil/upper epikarst (Fairchild and 

McMillan, 2007). 

Prior calcite precipitation is enhanced during seasonal low water recharge, which leads to 

longer water-rock contact times, and also allows increased volumes of air to penetrate into 

the aquifer (Fairchild et al., 2000, Fairchild and McMillan, 2007).  This gives karst waters 

better opportunity to degas in air pockets in the aquifer (Fairchild et al., 2000).  It is likely 

that this situation would occur in the summer in Mediterranean climates (Fairchild and 

McMillan, 2007), working either together with or against the pCO2 effect, as discussed 

below.  

Prior calcite precipitation extent may be affected by seasonal cave pCO2 variations in 

addition to or rather than dryness (Fairchild and Treble, 2009).    Cave air pCO2 may be 

depleted either in the winter (e.g. Fairchild et al., 2000, Bourges et al., 2001) or the 

summer (e.g. Mattey et al., 2008, Hoyos et al., 1998).  Controls on cave air pCO2 include 

increased ventilation in winter (Spötl et al., 2005) which may be related to thermo-

convective instability (Bourges et al., 2006), water-filling of CO2-bearing fissures and 

temperature and rainfall controls on soil pCO2 (Fairchild et al., 2006).  Hourly resolved cave 

air pCO2 and drip water chemistry from Crag Cave, SW Ireland indicate that PCP can 

modulate speleothem growth on extremely short timescale (Sherwin and Baldini, 2011). 

The effect of prior calcite precipitation on trace element chemistry is to remove cations 

from the precipitating solution in the proportion they are incorporated into calcite (Holland 

et al., 1964).  As distribution coefficients for trace elements are typically far less than 1, 

following prior calcite precipitation Ca will be reduced to a much greater degree than the 

trace elements, resulting in increased ratio of the trace element to Ca in the solution 

(Fairchild and Treble, 2009) and positive correlation of Mg/Ca and Sr/Ca (Fairchild et al., 

2000). 
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Covariation of Mg/Ca, Sr/Ca and δ13C in speleothems is an important indicator of prior 

calcite precipitation which has been noted in speleothem analysis (Verheyden et al., 2000, 

McDermott et al., 2006, Treble et al., 2005b) and in models (Johnson et al., 2006a, Fairchild 

and McMillan, 2007).  Such patterns have been identified on the seasonal scale in the 

studies above, and it has been suggested that the same principles could be applied to 

longer-term records (Johnson et al., 2006a, McMillan et al., 2005).   

Sr/Ca and Mg/Ca have often been found to be positively correlated in speleothem calcite 

and cave waters, a relationship which is generally attributed to prior calcite precipitation 

(PCP) (e.g. Cruz et al., 2007, Karmann et al., 2007).  One way to identify the effects of PCP is 

that PCP will produce a vector with a constant slope in a log-log cross-plot of Sr/Ca vs. 

Mg/Ca (Fairchild et al., 2000, McMillan et al., 2005).  This identifier for PCP was further 

proven by Sinclair (2011) who created a mathematical model which found the same 

relationship, and defined the correlation slope as: 

 

        

        
 

Equation 3.16:  Correlation slope between Sr/Ca and Mg/Ca for waters that have 

undergone PCP 

where KSr and KMg are the distribution coefficients of Sr and Mg respectively.   

This tool for diagnosing PCP is especially useful as it is not affected by host rock or 

dripwater composition (Sinclair, 2011). 

 

However, limestone leaching experiments designed to recreate the physical and chemical 

degradation of limestone by glaciers (which involved no PCP), also produced data which 

plot as straight line in ln(Sr/Ca) vs. ln(Mg/Ca) space, very close to the slope expected for 

PCP (McGillen and Fairchild, 2005).  The slope in these experiments was deemed to be 

caused by incongruent calcite dissolution (ICD) (McGillen and Fairchild, 2005).  During ICD, 

both Mg and Sr have been shown to be released in preference to Ca during calcite 

dissolution and diagenesis (Land, 1967, Schroede, 1969, Gomberg and Bonatti, 1970, Reeve 

and Perry, 1994, Fairchild et al., 1999, Fairchild et al., 2000, McGillen and Fairchild, 2005).    

 Sinclair (2011) found that the Mg/Ca and Sr/Ca of a solution experiencing ICD plotted as 

expected along a line with slope (KdSr−1) / (KdMg −1) in ln(Sr/Ca) vs. ln(Mg/Ca) space, and 
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calculated that the slope was ~0.88 ± 0.13, and passed through the Mg/Ca and Sr/Ca values 

for the host rock composition.  It is still not possible to distinguish the effects of PCP from 

ICD in this method, but it is a useful diagnostic tool for identifying the effects of calcite-

water interaction (Sinclair, 2011).  Thus, another identifier is required to assure that the 

slope produced is due to PCP and not other processes such as ICD (Sinclair, 2011). 

3.2.4.5 In Combination with Other Proxies 

High resolution trace element analyses combined with high precision U-series dating 

methods can provide a well-constrained palaeoclimatic proxy (Baldini et al., 2002).  Trace 

element variations can have meaningful covariation with δ13C (Hellstrom and McCulloch, 

2000, Verheyden et al., 2000, van Beynen et al., 2008) and δ18O (Cruz et al., 2007), which 

have both been interpreted in terms of rainfall.  In the case of δ18O, differences in the trend 

between trace element variations and δ18O variations in a Brazilian speleothem were used 

to infer that δ18O was not responding simply to rainfall amount, but rather to changes in 

the relative proportion of rainfall originating from summer monsoonal and winter extra-

tropical sources(Cruz et al., 2007). 
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3.3 Strontium isotopes 

3.3.1 The Isotopes of Strontium 

Strontium (Sr) is an alkaline earth element (Stewart et al., 1998).  There are four isotopes of 

Sr; 84Sr, 86Sr, 88Sr (all of which occur in constant relative proportions within earth materials), 

and 87Sr, which is not of a constant proportion, as the decay of 87Rb (half-life 48.8 billion 

years) increases the proportion of 87Sr in the environment (Stewart et al., 1998). 

3.3.2 87Sr/86Sr  in Cave Waters and Speleothems 

There is negligible isotopic fractionation during evaporation, degassing and temperature 

fluctuations (Banner and Kaufman, 1994).  Thus, the 87Sr/86Sr ratio of speleothems directly 

record the Sr isotopic composition of the cave water from which they precipitated, which in 

turn varies as a result of changes in the relative contributions of various Sr sources with 

differing 87Sr/86Sr signatures (Faure and Mensing, 2005).  In the soil layer, strontium 

isotopes are not significantly fractionated by plant or animal metabolism (Capo et al., 

1998), and corrections during measurement account for any small fractionation (Stewart et 

al., 1998). 

The host rock provides one of the most important sources of speleothem Sr (Banner et al., 

1996, Goede et al., 1998, Ayalon et al., 1999, Bar-Matthews et al., 2000, Verheyden et al., 

2000, Frumkin and Stein, 2004, Li et al., 2005, Zhou et al., 2009).  Limestone dissolution is 

affected by many factors, the most important being water availability and CO2 availability, 

and so increased precipitation and/or increased vegetation activity lead to increased 

limestone dissolution  (Ford and Williams, 1989).    

 The 87Sr/86Sr ratio of speleothems and the dripwaters from which they precipitate typically 

fall between seawater and the cave rock or overlying soil, which may contain aeolian dust  

(Ayalon et al., 1999, Bar-Matthews et al., 1999, Musgrove and Banner, 2004).  Other 

sources of Sr in speleothems include the overlying soil layer, sea spray, and atmospheric 

dust (Goede et al., 1998, Ayalon et al., 1999, Capo et al., 1998, Bar-Matthews et al., 2000, 

Frumkin and Stein, 2004, Zhou et al., 2009).  Aeolian dust typically has 87Sr/86Sr of ca. 

0.7200, which is higher than the 87Sr/86Sr for Phanerozoic limestone and dolomite, which 

averages 0.7070 to 0.7090 (Capo et al., 1998).  Seawater 87Sr/86Sr has remained higher that 

0.70915 throughout the Pleistocene (Capo & DePaolo, 1990). 

Where groundwaters have elevated 87Sr/86Sr ratios relative to the host aquifer rocks, this 

indicates that an external source is supplying more radiogenic 87Sr to the waters (Musgrove 
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and Banner, 2004).  The 87Sr/86Sr ratio may differ from that of the limestone due to the 

inclusion of aeolian-derived silicates, allowing it to be used as an indicator of the relative 

contributions of limestone weathering and aeolian transport, which can in turn be 

interpreted a proxy for effective rainfall, with lower  87Sr/86Sr ratios occurring during 

periods of increased residence time (i.e. drier periods) (Musgrove and Banner, 2004, 

Verheyden et al., 2000, Banner et al., 1996) or aeolian activity (Goede et al., 1998, Bar-

Matthews et al., 1999, Frumkin and Stein, 2004, Li et al., 2005).     

 

3.4 Uranium Isotopes as a Palaeoclimatic Proxy 
234U/238U in speleothems has been successfully used as a palaeoclimatic proxy (Kaufman et 

al., 1998, Ayalon et al., 1999, Hellstrom and McCulloch, 2000, Zhao et al., 2001, Plagnes et 

al., 2002, Frumkin and Stein, 2004, Zhou et al., 2005, Asrat et al., 2007). 

234U/238U of speleothem calcite reflects the signature of the groundwater feeding the 

stalagmite (Asrat et al., 2007).  Speleothem (234U/238U)0 values above equilibrium indicate 

that U in the speleothems did not originate from simple congruent dissolution of 

limestone, and that a component of U is enriched in 234U (Kaufman et al., 1998, Ayalon et 

al., 1999).  There are several causes for deviation of 234U/238U from equilibrium in 

speleothems/groundwater: 

Alpha recoil in the soil zone can release 234U directly into solution after the radioactive 

disintegration of 238U  (Osmond, 1980, Kaufman et al., 1998, Ayalon et al., 1999, Osmond 

and Ivanovich, 1992).  Groundwater residence time will be important in this case, with 

short residence times leading to lower 234U/238U levels in cave waters (Osmond, 1980, 

Henderson et al., 1999). Very high 234U/238U values were found in a speleothem from 

Clamouse Cave, France, and were interpreted as indicating that some of the 234U had come 

from recoil in the soil zone (Plagnes et al., 2002, Ayalon et al., 1999). 

Enrichment of 234U in speleothems is a consequence of accumulation of 234U in easily 

leached sites within soils, due to a reduction in soil CO2 levels or a reduction in recharge (or 

both), that is then leached when precipitation and/or soil CO2 levels increase and deposited 

in speleothem growth (Plagnes et al., 2002).  It is for this reason that speleothem 234U/238U 

values may be high after a long period in which a speleothem did not grow, such as a glacial 

period, as the absence of vegetation may have led to low pCO2 in soils, and precipitation 

would also be reduced (Plagnes et al., 2002).  Higher 234U/238U during glacial periods could 



  

95 
 

result from contribution of U from exposed continental shelves, or selective removal of 234U 

from soils (Frumkin and Stein, 2004).   

Weathering may affect the uranium isotopic signature by either mobilising uranium 

through erosion, or adding or removing it from the system (Osmond and Ivanovich, 1992, 

Asrat et al., 2007).  Preferential leaching of 234U from lattice sites which have been 

damaged by α-decay can lead to disequilibrium 234U/238U in speleothems (Rosholt, 1982).  

Waters which are aggressive, i.e. with high dissolution rates, will lead to reduced dissolved 

δ234U values (Hellstrom and McCulloch, 2000).   

234U/238U ratios can be used to disentangle the temperature and precipitation components 

of the δ18O signal of speleothems, when used in conjunction with other proxies such as 

δ13C, Ba and Sr which are affected by changes in vegetation and soil biological activity 

(which will in turn respond to changes in temperature) (Hellstrom and McCulloch, 2000). 

Initial (234U/238U)0 was found to correlate with δ18O in speleothems from Soreq cave, Israel, 

leading to the interpretation that 234U/238U in speleothems at this location reflects effects 

of rainfall and soil weathering conditions (Kaufman et al., 1998, Bar-Matthews et al., 1997).  

This interpretation stems from the fact that 234U/238U in groundwater in low rainfall regimes 

will be significantly affected by changes in the rate of removal of U from soil as opposed to 

U released from dissolution of limestone (Kaufman et al., 1998). 

Fluorescence Index and 234U/238U ratios were used in conjunction with each other in a 

multi-proxy speleothem record from Ethiopia, as variations in connectivity with the soil and 

groundwater could explain variations in both (Asrat et al., 2007). 
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3.5 Fluorescence 

Fluorescence occurs when an atom emits a photon of light as an electron which had been 

excited by absorbing electromagnetic radiation returns to its original energy level (McGarry 

and Baker, 2000).  The structural feature of a molecule which cause it to fluoresce are 

known as fluorophores, and the most influential fluorophore is the frequency of conjugated 

double or triple bonds within a molecule (McGarry and Baker, 2000).  

3.5.1 Fluorescence in Speleothems 

Far fewer studies have looked at fluorescence in speleothems than the more traditional 

proxies such as stable isotopes, but several studies do exist (e.g. Baker and Bolton, 2000, 

McGarry and Baker, 2000, van Beynen et al., 2001, Perrette et al., 2005, Asrat et al., 2007).  

Fluorescence in speleothems mostly derives from organic acids which have been 

introduced to the cave environment from the overlying soil and decomposition of 

vegetation by groundwater (Senesi et al., 1991, McGarry and Baker, 2000).     

Another source of fluorescence in speleothems is amino-acid groups in proteins, which may 

derive from decomposed plant matter, soil bacteria, or decomposed faunal organic 

material (Senesi et al., 1991, Burstein and Emelyanenko, 1996).  The most common source 

of protein fluorescence is tryptophan (Lakowicz et al., 1983).  Inorganic ions such as UO2
2+ 

and Mn2+ are known to produce fluorescence also, but represent a smaller proportion of 

the fluorescence in speleothems than organic sources (Pedone et al., 1990, Shopov et al., 

1994).  

Fluorescence variations in speleothems may be related to temperature and precipitation 

amount, as they influence the rate and degree of humification of organic matter (Heal and 

French, 1974, Meentmeyer, 1978, Swift et al., 1979).   
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3.6 U-Series Dating 

3.6.1 U/Th Dating 

 

Speleothems are not appropriate for radiocarbon dating as it is difficult to quantify the 

proportion of carbon within the CaCO3 matrix which is “carbon-dead” as it originated from 

dissolution of the host limestone (McDermott et al., 2006).  Conversely, speleothems are 

very appropriate for U-Series dating using mass spectrometers, particularly the “daughter 

deficiency” 230Th/U method, as they typically behave as closed systems with respect to 

uranium and its decay products, a prerequisite for U-Series dating (McDermott et al., 

2006).  This closed system is important, as it can therefore be assumed that the entirety of 

the thorium contained in a speleothem is a product of radioactive decay from uranium, as 

uranium is readily soluble and would be transported to the speleothem growth site in 

groundwater, while thorium is very insoluble (Fairchild and Baker, 2012).   

The reliability of U-series dates hinges on the accuracy with which the mixed 229Th/236U 

spikes have been calibrated to known standards (McDermott, 2004).  Therefore, it is 

important for there to be more thorough inter-lab comparisons, in order to detect 

systematic errors in mixed 229Th/236U spike calibrations, and rectify these errors 

(McDermott et al., 2006) to ensure that published results from different laboratories can 

be directly compared (McDermott, 2004).  Also, in speleothems which are detritally 

contaminated it is necessary that there is increased care in correcting for initial 230Th 

(McDermott et al., 2006).  Another requirement is that there must be improvements in the 

statistical methods employed to construct speleothem age models from U-series data 

(McDermott et al., 2006).  If these conditions are met, greater confidence can be placed on 

the output of U-series dating.   

Some methodological issues of U/Th dating have not been standardised, for example there 

is no clear standard for interpolation between dates, and long-term speleothem growth 

rates may be non-linear, making interpolation difficult and the resultant age models 

potentially incorrect (Fairchild et al., 2006). 

3.6.2 U-Pb Dating 

 

Although U/Th dating produces accurate and robust chronologies, it is not applicable to 

older samples, as by ca. 500 kyr key components of the system approach equilibrium 

(Woodhead and Pickering, 2012).  U/Pb dating allows materials which are older than the 
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limit for which U/Th is applicable to be dated (Richards et al., 1998), and so is an extremely 

important emerging technique.  There is also an overlap in the limits of U/Th and U/Pb, of 

several hundred thousand years, allowing direct comparison of ages calculated by both 

methods on the same material, in order to test the accuracy of U/Pb dating.  Such 

comparisons have so far yielded promising results (e.g. Richards et al., 1998, Cliff et al., 

2010).  

The important parent-daughter radioactive isotope pairs for U/Pb dating are 238U and 206Pb, 

and 235U and 207Pb.  As there are two decay systems, two separate ages can be calculated.  

If these ages are in agreement, the system has remained closed and is in isotopic 

equilibrium, with no gain or loss of U, Th or Pb, while if they disagree, this “discordance” 

demonstrates a lack of secular equilibrium, or that the system has become opened at some 

point (Woodhead et al., 2006).     

3.6.2.1 Sample Selection 

 

Successful U/Pb dating attempts will usually involve high U concentrations and very low Pb 

concentrations (Pickering et al., 2010).  Where Pb is very low, it is assumed that most of it is 

radiogenic, which is the ideal for U/Pb dating (Richards and Dorale, 2003).  However, this 

assumption is only true for a few minerals, such as zircons.  In reality, most samples contain 

a mix of radiogenic Pb and the inherent Pb which was incorporated at the time of 

formation, known as “common Pb” (Woodhead et al., 2012).  It has recently been observed 

that some samples have single common Pb sources/transport mechanisms, while others 

have several.  These can include colloidal transport and incorporation of detrital Pb in dust 

at hiatuses (Woodhead et al., 2012).    

A large range of U/Pb ratios is also important for U/Pb dating to be successful, as this is 

necessary for the generation of U/Pb isochrons (Woodhead and Pickering, 2012).  As a 

result, not all speleothems are viable candidates for U/Pb dating.  Also, as U is not evenly 

distributed throughout speleothems (Fairchild and Treble, 2009), care must be taken when 

selecting sample locations even in suitable speleothems. 

Cole et al. (2003) proposed using digital autoradiography to select suitable speleothems, 

and further more the most appropriate sampling locations within them.  In this method, 

the natural radiation in the speleothem is used to produce an image of U levels in the 

speleothems.  This is achieved by placing a cut speleothem surface on a phosphor imaging 

plate for some time (up to several weeks).  Radiation from the speleothem will cause the 
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phosphor crystals to excite.  This energy is then released when the plate is scanned with 

red and/or blue laser light in the autoradiograph, and this released energy is measured to 

produce an image of radioactivity in the speleothem surface (Pickering et al., 2010).  

Although the method is not element specific, for speleothems it can generally be assumed 

that the larger part of the emitted radiation is from U, and ICP-MS can be used to ensure 

that this is the case (Pickering et al., 2010).  Digital autoradiography is advantageous as it is 

non-destructive and allows whole speleothems to be analysed at once, provided they are 

smaller than the phosphor plate.  For samples with very low U contents, several weeks 

contact time with the phosphor plate may be required, and a certain degree of trial and 

error may be necessary to find the optimal contact time for each sample.   

Once subsections of speleothems have been identified by digital autoradiography as having 

high U content, laser ablation ICP-MS could then be used to ensure that Pb levels are low in 

these areas (Woodhead et al., 2012).  While a useful tool, laser ablation ICP-MS can only be 

performed on small pieces of speleothem (a few cm2 large at most), and so is more 

appropriate to screen areas after they have already been identified as containing high 

levels of U by autoradiography.  Also, care must be taken to ensure that sawing or cutting 

of sample slabs does not introduce contaminant Pb to the samples.    

3.6.2.2 Mass Spectrometric Analysis and Isochron Construction 

 

Care must be taken when preparing samples for analysis by ICPMS or other methods to 

avoid contamination of the sample by anthropogenic Pb (Woodhead et al., 2012).  Analysis 

by multicollector inductively coupled plasma mass spectrometry (MC-ICPMS) has several 

advantages over other techniques for U/Pb dating of speleothems: the method is relatively 

insensitive to impurities such as organics, there is improved control of instrumental mass 

fractionation, and sample throughput is increased (Woodhead et al., 2006, Woodhead and 

Pickering, 2012).  

The majority of speleothems studies which use U/Pb dating methods make use of Tera-

Wasserburg (T-W) isochron construction (Figure 3.1).  A T-W diagram is a concordia  plot in 

207Pb/206Pb against 238U/206Pb space (Tera and Wasserburg, 1972), also known as the “semi-

total Pb-U isochron” (Ludwig, 1998), which does not have to be corrected for common Pb 

(Woodhead et al., 2012).  T-W diagrams avoid the use of both 208Pb and 204Pb, and only use 

207Pb,206Pb and 238U, which can be well measured by MC-ICPMS (Fairchild and Baker, 2012).  

Excluding 204Pb is advantageous as Hg contamination of the argon carrier gas in MC-ICPMS 
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techniques may lead to interference, reducing the accuracy of the measurement of 204Pb 

(Woodhead and Pickering, 2012).   

In a T-W isochron, the concordia curve represents the line along which concordant ages 

(i.e. those which derive only from undisturbed radiogenic Pb, with agreement between 

both decay schemes) should lie (Woodhead et al., 2012), as shown in Figure 3.1 by the solid 

line marked Concordia curve.  The concordant ages themselves are represented by tick 

marks on this concordia.   

To measure the age of a sample, several individual sub-samples, ideally from the same 

layer, are analysed, with the aim to produce a large spread in U/Pb ratios.  These (almost 

certainly) discordant ages will plot away from the concordia, forming a mixing line between 

common Pb and radiogenic Pb (Woodhead et al., 2006), assuming that only the amount of 

common Pb varies, and not its composition (Woodhead et al., 2012).  An example of a 

mixing line produced in a Tera-Wasserburg plot by several subsamples is shown in Figure 

3.1 as Line A.  The U-Pb age of the sample is determined from the point at which this line 

crosses the Tera-Wasserburg concordia.   

Single aliquot, common Pb-corrected ages may be employed in certain situations where the 

composition of common Pb is known and does not vary, producing an anchored isochron 

(Cliff et al., 2010, Woodhead and Pickering, 2012).  This approach is represented by Line B 

in Figure 3.1. 

 

 

 

 

 

 

 

 

 

 

Figure 3.1 
Example of a Tera-Wasserburg isochron, from Woodhead et al. (2012).  Line A represents 
the usually employed method of U/Pb analyses, i.e. analysing several subsamples to 
produce a mixing line between common Pb and radiogenic Pb.  Line B represents a new 
method in which a single, radiogenic sample is used to produce the isochron, anchored to a 
known common Pb composition. 
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Another type of isochron which may be used is the 3-dimensional Tera Wasserburg, which 

adds 204Pb/206Pb to the T-W concordia, to represent common Pb (Wendt, 1984).   This 

method is advantageous where common Pb contents are high (e.g. Carl et al., 1989), but is 

limited by the same limitations to 204Pb measurement as conventional T-W plots. 

3.6.2.3 Disequilibrium Corrections 

 

In the application of U/Pb dating methods to samples less than ca. 5 Ma, a correction must 

be made for initial isotope disequilibrium in the U-series decay chain (Woodhead and 

Pickering, 2012).  Many speleothems precipitate from waters with non-equilibrium 

234U/238U, as increased availability of 234U from lattice damaged sites led to 234U excess 

(Woodhead and Pickering, 2012).  Also, many speleothems are formed with negligible 

levels of 230Th (Woodhead and Pickering, 2012).  These effects must be corrected for, with 

these corrections causing shifts of up to several hundreds of thousands of years. 

If the present day 234U/238U can be measured from young material from the same 

speleothem or cave, the disequilibrium can be quantified and a correction applied to older 

samples intended for U/Pb dating (e.g. Pickering et al., 2010).  If this is not possible, an 

estimate of the original state of equilibrium should be made, and used to apply a correction 

to the U/Pb data, as in Meyer et al. (2009). 

  



  

102 
 

 

 

 

 

4 Chapter 4 

 
Calcite - Aragonite 

Relationships and Climate of 

early MIS 5e and the early 

Holocene Recorded in 

Speleothems from SW Turkey 
 

 

  



  

103 
 

4.1 Introduction 

4.1.1 Dim Cave 

 

Dim Cave is a show cave located near to the Mediterranean coast of SW Turkey, close to 

the town of Alanya and 145 km from the large city of Antalya.  The location of the cave is 

shown by the red circle in Figure 4.1.  The cave was first explored by speleologists in 1986, 

and was opened to tourists in 1998 (http://www.dimcave.com.tr).  The cave is 360 m long 

and 10-15 m wide and high (http://www.dimcave.com.tr), with a lake at one end which has 

been at a lower level in recent years (Baykara, 2009).  The cave plan is shown in Figure 4.2. 

 

  
Figure 4.1 Dim Cave location within Turkey (red circle) 

Figure 4.2  Dim Cave plan.  Image from http://www.dimcave.com.tr/magara.htm 

http://www.dimcave.com.tr/magara.htm
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4.1.2 Monitoring of Dim Cave 

4.1.2.1 Temperature and Humidity 

The owners of Dim Cave, the MAGTUR Co., report that temperature inside Dim Cave 

remains relatively constant within the range of 18-19°C, and that humidity is approximately 

90% throughout the year (http://www.dimcave.com.tr).  When visited on the 25th and 26th 

of March, 2009, air temperature ranged from 18.1 to 18.6°C, and humidity ranged from 96 

to 99%. 

4.1.2.2 Water Samples 

Waters were collected from Dim Cave at the time of stalagmite collection and at several 

subsequent visits by colleagues Mr Oruç Baykara and Dr Mehmet Özkul.  Trace element 

data for these samples over time are presented in Table 4.1 and Figure 4.3.  The water 

samples were also analysed for hydrogen and oxygen isotopes.  These data are compared 

to meteoric water lines in section 4.2. 

The Dim Cave drip waters have Mg/Ca * 1000 ratios ranging from 625 to 7449, and Sr/Ca * 

1000 ranging from 0.278 to 0.863.  Using a KMg value of 0.018, as determined by Huang and 

Fairchild (2001), these drip waters would produce calcite with Mg/Ca * 1000 ratios in the 

range of 11.252 to 134.082, while a KSr value of 0.15 as suggested by McMillan et al. (2005) 

indicates that these waters would produce calcite with Sr/Ca * 1000 ratios ranging from 

0.0417 to 0.129.  Aragonite precipitated from these waters should have Sr/Ca * 1000 ratios 

in the range of 0.314 to 0.534, assuming a KSr value of 1.13 (Kinsman and Holland, 1969). 

 

In Figure 4.3, the data are separated by water sample type (drip or stagnant water source) 

and drip rate.  For the pool, lake and spring data, the lake has the lowest Sr/Ca values, and 

shows similarities in Mg/Ca trend with the pool and spring in winter while spring trends are 

divergent in both Mg/Ca and Sr/Ca.  The spring has the lowest Mg/Ca data in all months 

except March 2009, perhaps as prior calcite precipitation upstream of the lake and pool 

may have lead to higher Mg/Ca ratios in these samples.  

For the slow dripping samples in B, there are clearly similarities in Sr/Ca between all three 

drips, although drips “walk” and “high” each have one less data point than drip “short”.  

Similarly, in the winter months the Mg/Ca data show correlation between drips and with 

the Sr/Ca data.  Thus it is likely that these ratios are being controlled at least in part by a 

common factor such as precipitation amount.  A higher resolution time series of dripwaters 



  

105 
 

in Dim Cave would be useful to establish if there are true correlations in drip water 

chemistry between drips of similar drip speed. 

One of the fast dripping sites, named “wire” has a very similar trend for both Sr/Ca and 

Mg/Ca over time, while the other fast drip, “shower” has differing trends for the two 

elements.  These very fast drips are most likely responding to singular rainfall events, with 

water arriving at the drip by fracture flow.  It is also possible that hydrological routing may 

change following extreme rainfall events.  This may suggest that very fast drips in Dim Cave 

would not be suitable for climatic interpretation due to the bias of single events.   

 
Drip Drip Rate Date Ca (ppm) Mg (ppm) Sr (ppm) 

“Short” 

 Mar 2009 18.0 34.5 0.0311 

 May 2009 13.4 60.5 0.0213 

3 drips s
-1

 Dec 2009 26.4 35.8 0.0223 

 Jan 2010 15.0 32.1 0.0192 

 Feb 2010 31.7 39.0 0.0354 

“High” 0.33 drips s
-1

 

Mar 2009 28.7 45.5 0.0309 

May 2009 11.8 17.2 0.001 

Jan 2010 18.4 41.5 0.0320 

Feb 2010 17.1 43.8 0.0323 

“Walk” 1 drip s
-1

 

Mar 2009 42.6 29.8 0.0259 

Dec 2009 42.5 33.9 0.0345 

Jan 2010 13.5 12.2 0.0136 

Feb 2010 35.1 30.7 0.0293 

“Shower” 

 Mar 2009 15.5 38.7 0.0241 

 May 2009 19.3 42.2 0.0167 

Continuous Dec 2009 28.4 27.2 0.0274 

 Jan 2010 31.6 38.6 0.0289 

 Feb 2010 12.1 38.5 0.0098 

“Wire” 

 Mar 2009 20.7 35.7 0.0279 

 May 2009 19.0 18.5 0.0157 

Continuous Dec 2009 22.8 22.4 0.0186 

 Jan 2010 20.5 29.9 0.0252 

 Feb 2010 44.7 37.3 0.0321 

“Pool” 

 Mar 2009 32.7 41.8 0.0313 

 May 2009 34.8 42.2 0.0349 

Non-dripping Dec 2009 28.0 64.2 0.0230 

 Jan 2010 21.0 19.9 0.0225 

 Feb 2010 28.3 40.6 0.0301 

“Lake” 

 Mar 2009 50.5 19.1 0.0375 

 May 2009 63.6 51.7 0.0436 

Non-dripping Dec 2009 11.9 17.1 0.0098 

 Jan 2010 39.8 22.4 0.0285 

 Feb 2010 19.9 17.9 0.0157 

“Spring” Non-dripping 

Mar 2009 28.1 16.3 0.0507 

Dec 2009 45.8 11.3 0.0416 

Jan 2010 60.6 11.4 0.0458 

Feb 2010 32.2 11.8 0.0288 
  
Table 4.1 Dim Cave drip water cation data 
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Figure 4.3 
Trace element data for water samples from Dim Cave.  A, C, E = Sr data; B, D, F = Mg data.  Data are separated by 
sample type and drip rate.   
A and B = non dripping water samples; a pool (blue crosses) and lake (black open circles) within the cave and a 
spring (green triangles) in the near vicinity. C and D= Slower dripping drip waters in March 2009 (“short” [red 
diamonds] = 3 drips per s, “high” [purple open squares] = 0.33 drip per s, “walk” [brown crosses] = 1 drip per s).  E 
and F = Continuous drips in March 2009, “shower” (turquoise open diamonds) and “wire” (orange squares).  

A B 

C 

E F 

D 
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Figure 4.4 Map of locations used in calculation of Meteoric Water Lines (MWLs) in relation to Dim Cave. 
Red circle = Dim Cave.  Green open squares = Locations used by Dirican et al. (2005) to construct the Local Meteoric Water 
Line (LMWL) for Turkey.  Black triangle = Antalya IAEA station. 
 

  

4.2 Isotopic Composition of Precipitation and Groundwater 

near Dim Cave, Dim Cave Drip Waters and Modern 

Speleothem Growth 

4.2.1 IAEA Weather Station Data 

 

The closest IAEA station to Dim Cave with a large and continuous dataset is at Antalya 

(Figure 4.4, black triangle).  Data from 6 locations in Turkey were used by Dirican et al. 

(2005) to calculate a Local Meteoric Water Line (LMWL) for Turkey; these locations are 

shown in Figure 4.4 as open green squares.  Geographical data comparing the location of 

Dim Cave with the Antalya IAEA station is shown in Table 4.2. 

  

Location 
Latitude / Longitude  

(degrees) 

Elevation  

(m.a.s.l) 

Dim Cave 
36.54N 

32.1E 
232 

Antalya IAEA Station 
36.88N 

30.7E 
49 

Table 4.2  Geographic data for Dim Cave and Antalya IAEA station 

A B 

C 

E F 

D 
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Saris et al. (2010) used data from 107 Turkish State Meteorological Service stations to 

classify the precipitation regimes of Turkey.  The two closest stations to Dim Cave, Antalya 

and Manavgat, were both classified as 4A, which is a precipitation regime with a high 

magnitude December peak with a rapid onset of winter and a gradual cessation towards 

dry summers. 

The monthly averages of several climate variables recorded at Antalya IAEA station are 

shown in Figure 4.5.  Figure 4.5A shows average monthly air temperature and precipitation 

amount, and indicates that the region experiences hot summers and cool winters (i.e. 

seasonal contrast) with average temperatures always well above freezing, and that the 

rainfall regime is winter-heavy, with very low rainfall for the summer months.  Figure 4.5B 

shows mean monthly water excess at Antalya, calculated using the Thornthwaite formula 

(Thornthwaite, 1948) and mean monthly air temperature and precipitation data (1963-

2004) from Antalya IAEA station.  The data show that a soil moisture deficit exists at 

Antalya during the period May-September.   Therefore, it is probable that recharge to the 

aquifer will occur during the winter half-year (Oct-Apr).      

The weighted means of δD and δ18O of precipitation are shown in Figure 4.5C; both 

isotopes follow similar patterns throughout the year, with an overall trend towards less 

negative values from Jan-June, and towards more negative values from Sep-Dec, which is in 

positive correlation with air temperature and negative correlation with precipitation 

amount.  The months of July and August are contrary to the trend, as they are more 

negative than the values for September.  This is most likely due to the very low sample 

number for these months, partly due to the fact that some years it did not rain in Antalya 

during the months of July or August, and exacerbated by the fact that isotopic analyses 

were not carried out on the samples collected from each year that it did rain.  Table 4.3 

shows the number of samples per month analysed for isotopes by the IAEA, and illustrates 

that the summer months are underrepresented in relation to the winter months.   

Table 4.4 and Figure 4.6 calculate the percentage contribution of periods of the year to the 

total annual precipitation at Antalya.  The period June-September contributes only 2% of 

the yearly precipitation; therefore the signal is likely to be heavily skewed towards winter 

precipitation. 
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Figure 4.5 Average Monthly Precipitation and Temperature data for Antalya 

(IAEA and WMO, 2006), for the period 1963-2004.  Months in which less than 20 

mm rainfall was recorded were excluded, in an attempt to reduce the effects of 

evaporation on the averages. 

A) Average monthly precipitation amount (blue bars) and average monthly air 

temperature (red diamonds and solid line).   

B) Water Excess (black diamonds and dotted line).  Pink dashed line indicates 

zero water excess.   

C) Average monthly weighted δ
18

O (purple crosses and dashed line) and δD 

(green open circles and solid line) of precipitation. 
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Month Number of δ18O measurements 

Jan 30 

Feb 28 

Mar 32 

Apr 27 

May 28 

Jun 16 

Jul 7 

Aug 5 

Sep 15 

Oct 27 

Nov 28 

Dec 32 

Period % of Annual Precipitation 

Dec-Feb 58.0 

Mar-May 18.2 

Jun-Aug 1.1 

Sep-Nov 22.7 

Oct-Mar 90.0 

Apr-Sep 10.0 

Oct-May 98.0 

Jun-Sep 2.0 

Table 4.3:  Number of water samples analysed for isotopic data per month at Antalya IAEA Station 

(1963-2004) (IAEA and WMO, 2006). 

Table 4.4:  Percentage contributions of time periods to total annual precipitation at Antalya IAEA 

Station (IAEA and WMO, 2006).  Periods are as in Figure 4.6. 

 

Figure 4.6:  Percentage contribution of time periods to total annual precipitation at Antalya IAEA Station (IAEA 
and WMO, 2006).  These data are also presented numerically in Table 4.4. 
A)  Data are separated arbitrarily into the four seasons 
B) Data are separated into the winter and summer half years 
C) Data are separated into the periods Oct-May, which provides ~98% of the annual rainfall, and Jun-Sep, 
which provides only ~2% of annual rainfall. 
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4.2.1 Dim Dripwaters and Meteoric Water Lines 

 

Dripwaters were collected over several months, as described in section 4.1.2.2.   

A comparison of Meteoric Water Lines (MWLs) is shown in Figure 4.7.  The Antalya IAEA 

data is represented by the orange, dashed line labelled as Antalya-LMWL, which is 

described by Equation 4.1.  Months in which less than 20 mm of rain fell have been 

removed from this data set, to exclude evaporative effects. 

The Antalya-LMWL is close to the Turkey-LMWL (Equation 4.2) of Dirican et al. (2005), 

which uses data from several locations along the Mediterranean coast of Turkey, 

suggesting that rainfall at Antalya is from a Mediterranean source, as expected. 

 

                                   

Equation 4.1 

  Antalya IAEA Station Data LMWL Equation 

 

                            

Equation 4.2 

  Turkey-LMWL Equation 

The data for Dim dripwaters (turquoise rings in Figure 4.7) plot closer to the Mediterranean 

Meteoric Water Line (MMWL, Equation 4.5) than the Turkey LMWL, and far away from the 

Global Meteoric Water Line (GMWL; Equation 4.4) (Craig, 1961).  The equation for the 

LMWL of the Dim dripwater is shown in Equation 4.3.  The MMWL was defined after Gat 

and colleagues (Gat and Carmi, 1970, 1987, Gat and Dansgaard, 1972, Gat, 1980, 1996, Gat 

et al., 1996) and documented the high value of the d of stable isotopes in winter 

precipitation in the eastern Mediterranean Sea region. 

 

                          

Equation 4.3 

 Dim Dripwaters LMWL 

 

                       

Equation 4.4  

GMWL Equation 
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Equation 4.5 

 MMWL Equation 

 

 

d denotes the position of the isotopic composition of a precipitation sample relative to the 

GMWL  

 

                  

Equation 4.6 

Deuterium excess Equation (Dansgaard, 1964) 

Figure 4.7 Comparison of local and global meteoric water lines with Dim Cave dripwaters. 
GMWL = Global Meteoric Water Line (Craig, 1961) [green dotted line] 
MMWL = Mediterranean Meteoric Water Line (Gat, 1980, Gat and Carmi, 1987, Gat and Carmi, 1970) [red solid 
line] 
LMWL = Local Meteoric Water Line;  
                Turkey (Dirican et al., 2005) [purple dotted/dashed line];  
                Antalya (IAEA and WMO, 2006) [orange dashed line]  
Dim Dripwaters are identified by open turquoise circles; the solid turquoise line running through them represents 
the overall trend. 
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4.2.1.1      Water-Calcite Equilibrium 

Table 4.5 shows modern calcite δ18O values for 2 soda straws collected from Dim Cave 

(δ18Oc), along with high and low values for Dim drip waters (δ18Ow) and air temperature.  

 

 

Sample 
δ

18
Oc 

(‰ VPDB) 

δ
18

Ow 

(‰ VSMOW) 
Air-Temp. (ºC) 

DSS 1 -4.049 High 

Low 

-5.25 

-6.13 
18.6 

DSS 7 -3.618 

 

Table 4.5 Summary of measured δ
18

O values of Dim Cave drip waters (δ
18

Ow) and soda straw 

calcite (δ
18

Oc)  

 

Aragonite with δ18O values of -4.049 to -3.618 ‰ precipitated from waters of δ18O value      

-5.25 to -6.13‰ is expected to have precipitated under air temperatures of approximately 

7 -13 °C (Kim et al., 2007).  This suggests that modern aragonite is not precipitating in 

isotopic equilibrium with dripwaters.  However, the range of values predicted from several 

different equilibrium equations is much larger than this range, indicating that these 

equations may not be of sufficient accuracy to judge equilibrium.  Also, it is possible that 

the equilibrium state may have been different in the past.  Therefore, Hendy tests (Hendy, 

1971) will also be used to determine whether equilibrium precipitation was occurring. 
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4.3 Stalagmites  DIM-1, DIM-2 and DIM-3 

Stalagmites DIM-1 and DIM-2 (Figure 4.8 A and C) are stalagmites collected from Dim Cave 

in March 2009.  Both were toppled when found, and therefore not actively precipitating.  

The top of DIM-1 was also missing, leaving 568 mm of growth.  DIM-2 comprises 230 mm of 

growth.    

At some time after DIM-1 toppled, a new period of growth was deposited on the outer 

layers of the stalagmite, at a right angle to the original growth direction.   Because it is not 

known if this growth precipitated from the same drip, or if the position of DIM-1 changed 

significantly after toppling such that the new growth is from a drip in a different part of the 

cave, we have named the period of new growth DIM-3 (Figure 4.8B), and treat it as though 

it precipitated from a different drip to DIM-1, but will discuss it in this chapter along with 

DIM-1. 

 

It is probable that the force required to topple DIM-1 and DIM-2 came from an earthquake, 

which is possible as the area is close to the Anatolian fault region.  Panno et al. (2009) has 

suggested that growth periods of speleothems may be used to date earthquakes which 

occurred before instrumental and anecdotal records, provided modern growth can be 

shown to be interrupted by known earthquake occurrences.  Unfortunately, this is not 

possible for DIM-1 and DIM-2, partly because the top of the stalagmite is missing, and 

partly because we do not have a modern stalagmite record with which to compare growth 

periods and earthquake episodes. 

4.3.1 Physical Characteristics of DIM-1, DIM-2 and DIM-3 

4.3.1.1 Hiatus in DIM-1 

DIM-1 has one very clear hiatus at ca. 480 mm on the central axis (red line on Figure 4.8 A), 

followed by a shift in drip axis after growth had resumed.  Asrat et al. (2007) highlighted 

the usefulness of distinct morphological changes in stalagmites from arid or semi-arid 

regions in aiding palaeoclimatic interpretation if they can be directly related to hydrological 

change.  It is expected that the hiatus in DIM-1 resulted from an increase in aridity, due to 

the fact that stalagmite diameter reduced immediately before the hiatus.

A B 
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Figure 4.8 

A) Stalagmite DIM-1.  Red line indicates location of hiatus.  Blue box indicates one set of the “lateral wings” 

mentioned in section 4.3.1.3. 

B)  DIM-3, shown as it grew on the outside of DIM-1 at right angles to DIM-1’s growth axis. 

C) Stalagmite DIM-2 
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4.3.1.2 Stalagmite Shape 

DIM-1 and DIM-2 are columnar in shape and of near constant diameter throughout growth, 

with the exception of the area around the hiatus, where width reduces rapidly up to the 

hiatus, and when growth resumed the previous constant diameter was restored.  As 

mentioned above, this reduction in stalagmite width coupled with a growth hiatus most 

likely indicates a trend towards increased aridity.  Slowly dripping sites which are fed by 

vadose seepage flow water are likely to result in columnar, constant diameter stalagmites 

(McDermott et al., 2006), so it could be inferred that DIM-1 was fed by slow dripping, 

vadose seepage flow-fed drips.  

DIM-3 is not columnar in shape, diameter is much wider at the base compared to when 

growth ceased, however as the stalagmite is not very large (only 34 mm of growth), not 

much information can be inferred from this.  There appears to be a “splash pit” in the 

growth axis of DIM-3, which may have implications for stable isotope measurements. 

4.3.1.3 Interfingering “wings” 

DIM-1 exhibits lateral “wings”, which are less translucent than the area around the central 

growth axis (see blue box in Figure 4.8A).  This is very similar to the structure noted by 

Verheyden et al. (2008) in stalagmite JeG-stm-1 from Jeita Cave, Lebanon.  In JeG-stm-1, 

the “wings” were found to have much more abundant fluid inclusions compared with the 

central portion of the stalagmite; it is likely that it is also fluid inclusions which give the 

“wings” in DIM-1 their more opaque nature. 

4.3.1.4 3D Evolution of DIM-1Structure and Laser-Photostimulated Luminescence 

Sawing of progressive slabs of DIM-1 for various analyses (Figure 4.9) showed that the 

stalagmite internal structure was not simple at all, and some structures were only visible at 

certain depths through the stalagmite.  This was noticeable to the naked eye in normal 

light, and was extremely clear when the slabs were imaged using direct scanning laser-

photostimulated luminescence imaging (SLPL) (Figure 4.10).  From these images, it seems 

most likely that areas which luminesce (dark areas on the image) are original minerals 

(aragonite), and non-luminescent areas (white on the image) are recrystallised calcite, 

which have lost their luminescence.  A similar situation was found by Spötl et al. (2002b), 

although not via SLPL.  Sawing of slabs to investigate the 3D evolution of DIM-1’s structure 

also revealed that some structures which had previously been assumed to be only visible 

layers were in fact micro-hiatuses (Figure 4.11).  This is of particular importance as it may 

affect U/Th dating. 
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4.3.1.5 Crystallography 

4.3.1.5.1 DIM-1 

The discovery of the 3D evolution of DIM-1’s structure had important implications for 

understanding the crystallography.  Original XRD analysis was performed on Face A, and 

revealed that the majority of DIM-1 is calcite, with a layer of aragonite immediately 

preceding the hiatus, which corresponds to the region 467-480 mm on the central growth 

axis.  Thin section microphotographs of this change are shown in Figure 4.12.   The calcite 

crystals lack the equant morphology that often indicates recrystallisation, however this 

may be because the fabric has been guided by aragonite inclusions.  Laser-stimulated 

photoluminescence imaging on Face A, performed early on in the research, was 

inconclusive and did not show the very clear structure that was identified in Faces D and E.  

This clear structure prompted additional XRD analysis on Face E, the results of which are 

shown in Figure 4.13.  The most important discoveries from this analysis are that the area 

above the hiatus, identified by the green box, is aragonite, and below the aragonite region, 

the calcite appears to be “eating into” the aragonite from below, identified by the red box.  

Thus it is likely that at least part of the stalagmite is recrystallised (aragonite to calcite 

transformation), with recrystallisation still progressing in this portion of the stalagmite.  

Analysis of the 3D structure was crucial to this interpretation, as the corresponding section 

of Face A did not show these changes, either in SLPL, thin section microphotography or XRD 

analysis.  As a result of this interpretation of DIM-1s evolution, new U/Th were chosen from 

aragonitic parts of the stalagmite to attempt to avoid the effects of recrystallisation on U-

Series dating.   

4.3.1.5.2 DIM-3 

DIM-3 was found by XRD analysis to be comprised entirely of aragonite. 
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Figure 4.9 Schematic indicating how progressive slabs through DIM-1 were used for analyses. 

Face E 

Half of the diagnostic scans and SLPL imaging were performed on 

this face, and as a result of the conclusions drawn new XRD 

samples were taken from this face also. 

Face C 

LA-ICP-MS was performed on this face. 

Face B 

Further LA-ICP-MS was performed on this face.  Microscope analysis of 

thin sections was performed on this face 

Face F 

Some of last set of U/Th dates were selected from aragonite regions 

on this face. 

Face D 

Half of the diagnostic scans and SLPL imaging were performed on 

this face. 

Face A 

Stable Isotope measurements, U/Th samples and original XRD 

sampling points were from this face. 

Half of 

stalagmite 

Half of 

stalagmite 

Growth direction 
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Figure 4.10 Diagnostic Imaging of DIM-1 (upper portion). 

A) Face D.  Scan in visible light, B) Face D.   Direct scanning laser-photostimulated luminescence imaging (SLPL imaging).  Dark areas indicate high luminescence. 

C) Face E.  Scan in visible light D) Face E.   Direct scanning laser-photostimulated luminescence imaging (SLPL imaging).  Dark areas indicate high luminescence. 
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Figure 4.11  Location of a microhiatus in DIM-1 which was revealed by the stress of sawing causing the slab to 
split along the microhiatus. 
A)  Red line indicates position of visible “layer”. 
B)  Slab cracked along microhiatus.  Yellow surface is rough, corroborating the fact that this visible structure is a 
result of a cessation of growth for a short period. 

  

Figure 4.12 Thin section microphotographs of DIM-1.  All images are transmitted, cross-polarized light, and 
inverted vertically. 
A) The intersection between calcite and aragonite growth before the hiatus. 
B) Aragonite fabric from the aragonite layer preceding the hiatus. 
C) The aragonite layer at a thinner section of its length. 
D)  The intersection of the aragonite layer with two sections of calcite. 
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Figure 4.13 DIM-1 XRD analysis results shown in relation to SLPL image (A) and 
photograph (B).  
Dark areas on SLPL image indicate high luminescence.   Yellow circles indicate aragonite, 
blue circle indicates calcite (as identified by XRD analysis).  Green rectangle identifies region 
of interest above hiatus that appears to show recrystallisation in process.  Red rectangle 
indicates area where aragonite is being replaced by calcite, leading to an appearance of the 
aragonite being “eaten away”. 

 

A 
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4.3.1.5.3 DIM-2 

Observations of the structure of DIM-2 suggested that some diagenetic alteration, most 

likely recrystallisation, had occurred.  The main reason to suspect this was that some layers 

clearly crossed areas of differing crystallography (red rectangle in Figure 4.14i).  XRD 

analyses confirmed that the areas of differing appearance in DIM-2 were of different 

mineralogy.  The original fabric of DIM-2 is a bright white, soft, porous aragonite (Figure 

4.15A, and regions marked A on Figure 4.14i), which has been replaced in several areas by a 

dull light brown, hard, dense calcite (regions marked C on Figure 4.14i).  One area exhibited 

both fabrics interspersed (region A+C in Figure 4.14i). Thin section analysis by microscopy 

supported the conclusion that areas of DIM-2 had been recrystallised from aragonite to 

calcite (see Figure 4.15).  Evidence for recrystallisation in thin section included interlocking 

of the two fabrics at intersections between the two mineralogies (Figure 4.15C), and 

“islands” of both fabrics within areas primarily composed of the other polymorph (Figure 

4.15B).  SLPL imaging also supported the interpretation that DIM-2 was recrystallised in 

places rather than containing both polymorphs as primary minerals, as while the aragonite 

regions showed high levels of luminescence (dark colouring in Figure 4.14ii) and layers 

within this fluorescence, the calcite regions contain little to no luminescence (light 

colouring in Figure 4.14 ii).  The explanation offered here is that the luminescence is caused 

by organic molecules, which were deposited at high concentrations in the original 

aragonite due to low discharge rates.  Conversely, the subsequent higher discharge rates 

which led to recrystallisation of the aragonite as calcite resulted in much lower 

concentrations of organic molecules, and therefore almost no luminescence.  A simplified 

version of the crystallography of DIM-2 is shown in Figure 4.14i.    

C D 
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Figure 4.14  i) Crystallography of DIM-2, according to XRD measurements.  A= aragonite, C=calcite.  Red box indicates area in which some layers were 
partially recrystallised, laterally.  ii) Direct scanning laser-photostimulated luminescence imaging (SLPL) of DIM-2.  Dark areas indicate high luminescence, 
light areas indicate low luminescence.  Note, this image was taken of the opposite half stalagmite slab to i). 

i) 

ii) 

i) 
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Figure 4.15 Thin section microphotographs of DIM-2. 
A)  Pristine unaltered aragonite in the lower part of DIM-2, which has not yet undergone 
recrystallisation at the macro scale. 
B) Intersection between calcite (lighter) and aragonite areas, with a very clear aragonite 
relic “island” in the calcite region. 
C)  Intermingling of calcite and aragonite at the boundary, and also what appears to be 
banding in the aragonite. 
D) Clearer view of the banding in the aragonite.  The voids are due to the thin section 
making process and are not original features. 
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4.3.2 Uranium Series Dating 

4.3.2.1 Sampling Strategy 

4.3.2.1.1 DIM-1 

U/Th samples were selected from DIM-1 with the intention of constructing a chronology 

for palaeoclimatic reconstruction.  Samples were chosen based on stratigraphic features 

such as shifts in the growth axis, and the hiatus.  However, problems with the DIM-1 U/Th 

chronology (see Section 4.3.2.2.1.1), most likely due to recrystallisation of aragonite as 

calcite, necessitated several batches of U/Th dates to attempt to reconcile the problems 

and retrieve a viable chronology.  Figure 4.16A shows the locations of all the sampling 

locations. 

4.3.2.1.2 DIM-3 

Due to the small size of DIM-3, only two U/Th locations were chosen, near top and bottom 

(Figure 4.16B). 

4.3.2.1.3 DIM-2 

DIM-2 had already been identified before any dating was undertaken as a speleothem 

which had undergone partial or complete recrystallisation from calcite to aragonite in 

places.  Therefore the aim of U/Th dating this stalagmite was not to build a chronology for 

palaeoclimatic reconstruction, as it was expected that recrystallisation had lead to U-loss, 

reducing the accuracy of U/Th dates.  However, samples were taken from the two areas of 

aragonite which appear to not have undergone macro recrystallisation, with the aim of 

investigating whether speleothems in which the U/Th system has become opened may still 

be dateable if sample selection is careful (Figure 4.16C).   After sampling, it became 

apparent that like DIM-1, DIM-2 has some evolution of structure in the z-dimension, as 

pockets of recrystallised calcite could be seen in the aragonite areas at depths further away 

from the centre of the stalagmite.  However, as none of these pockets could be seen on the 

face sampled, and high U content (up to 5 ppm in the aragonite) allowed small sample 

sizes, the samples taken were deemed to be unaltered, assuming that recrystallisation was 

localised to the pockets and had not caused U-migration further afield. 

4.3.2.2 Results 

23 ages were determined throughout DIM-1, 2 ages were determined from DIM-3, and 7 

ages were determined throughout DIM-2 (Figure 4.16 and Table 4.6, 4.7 and 4.8). Errors 

are 2 sigma.  A detrital correction ratio (238U/232Th) of 0.83 was used.  This correction 
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accounts for the fact that most of the Th in the speleothem does not originate from soluble 

Th in the carbonate-precipitating waters, due to the fact that Th is largely insoluble, but in 

fact originates from silicate minerals which incorporate into the carbonate.  The value of 

0.83 is reached by multiplying the average crustal mineral 232Th/238U value (~3.8) by the 

decay constants of 232Th and 238U, to give a [238U/232Th] value of 0.83.   

To correct the data, the 232Th is assumed to be completely from detrital silicate, and from 

this the amount of 230Th that needs to be accounted for can be estimated, assuming that 

the initial Th was at secular equilibrium, i.e. [230Th/232Th] = 1.  U is also corrected for detrital 

contamination, using the 238U/232Th detrital correction ratio, and assuming that [234U/238U] 

was at secular equilibrium. 
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Figure 4.16 Location of U/Th dating samples from the Dim Cave stalagmites 
A) DIM-1, Face A (black filled ovals) and equivalent regions of Face F (open red ovals)  
B) DIM-3  
C) DIM-2 
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Mineralogy 
Sample 

ID 

Mm from 

base 

U 

(ppm) 

232
Th 

(ppb) 
[

234
U/

238
U]  [

234
U/

238
U]Initial   [

230
Th/

238
U]  [

230
Th/

232
Th] 

Uncorrected  

Age (kyr) 

Corrected  

Age (kyr) 

Aragonite 52-3 Above top* 1.063 0.925 1.307 ± 0.206 1.439 ± 0.003 0.933 3252 126.59 ± 0.73 126.57 ± 0.73 
Calcite 29-10 568 0.430 0.307 1.313 ± 0.057 1.435 ± 0.001 0.893 3795 116.37 ± 0.45 116.36 ± 0.447 

Aragonite 52-2 566 3.284 0.681 1.313 ± 0.204 1.449 ± 0.003 0.942 13778 127.51 ± 0.73 127.50 ± 0.73 
Calcite 41-8 564 0.422 0.167 1.319 ± 0.060 1.363 ± 0.001 0.462 3543 46.06 ± 0.16 46.05 ± 0.165 

Aragonite 52-4 558 4.664 0.279 1.316 ± 0.206 1.453 ± 0.003 0.943 47880 127.23 ± 0.73 127.22 ± 0.73 
Aragonite 52-1 506 6.358 3.963 1.313 ± 0.207 1.449 ± 0.003 0.938 4567 126.59 ± 0.78 126.58 ± 0.78 

Calcite 37-5 500 0.384 0.749 1.304 ± 0.046 1.437 ± 0.001 0.937 1456 127.97 ± 0.51 127.93 ± 0.515 
Calcite 29-9 494 0.772 0.305 1.258 ± 0.054 1.377 ± 0.001 0.922 7085 133.93 ± 0.57 133.92 ± 0.568 

Aragonite 41-6 474 2.499 0.193 1.336 ± 0.074 1.343 ± 0.001 0.090 3557 7.60 ± 0.02 7.60 ± 0.023 
Aragonite 52-5 472 4.140 0.988 1.318 ± 0.209 1.452 ± 0.003 0.944 12000 126.95 ± 0.73 126.95 ± 0.73 
Aragonite 29-7 470 1.863 0.301 1.331 ± 0.045 1.463 ± 0.001 0.917 17226 118.37 ± 0.43 118.36 ± 0.427 

Calcite 41-5 460 0.249 0.123 1.318 ± 0.093 1.452 ± 0.002 0.929 5712 123.50 ± 0.65 123.49 ± 0.646 
Calcite 41-4 422 0.172 0.082 1.327 ± 0.116 1.328 ± 0.002 0.005 33 0.43 ± 0.01 0.42 ± 0.008 
Calcite 37-3 360 0.166 0.989 1.400 ± 0.038 1.578 ± 0.001 1.019 518 129.24 ± 0.69 129.13 ± 0.697 
Calcite 33-6 354 0.170 0.268 1.405 ± 0.082 1.576 ± 0.002 1.002 1923 124.52 ± 0.56 124.49 ± 0.559 
Calcite 41-2 304 0.147 0.133 1.455 ± 0.090 1.638 ± 0.002 1.016 3428 119.28 ± 0.60 119.26 ± 0.603 
Calcite 41-1 166 0.166 0.170 1.648 ± 0.100 1.923 ± 0.002 1.196 3552 124.85 ± 0.65 124.83 ± 0.652 
Calcite 33-4 120 0.158 0.452 1.698 ± 0.073 2.004 ± 0.003 1.256 1334 128.4 ± 0.79 128.36 ± 0.790 
Calcite 37-1 120 0.185 0.204 1.693 ± 0.032 1.997 ± 0.002 1.251 3447 128.22 ± 0.66 128.20 ± 0.663 
Calcite 37-4 110 0.126 0.176 1.755 ± 0.041 2.090 ± 0.002 1.308 2840 129.42 ± 0.53 129.40 ± 0.529 
Calcite 33-5 88 0.144 0.443 1.719 ± 0.089 2.008 ± 0.003 1.217 1203 119.07 ± 0.70 119.02 ± 0.698 
Calcite 29-6 17 0.104 0.359 1.641 ± 0.103 1.912 ± 0.002 1.188 1043 124.37 ± 0.63 124.32 ± 0.633 
Calcite 37-2 0 0.101 0.266 1.664 ± 0.046 1.961 ± 0.002 1.238 1425 130.17 ± 0.70 130.13 ± 0.699 

Table 4.6  U/Th Age Data for stalagmites for DIM-1, arranged by sample depth.  [234U/238U], [234U/238U]Initial, [
230Th/238U] and 

[230Th/232U] are activity ratios.  Ages are corrected for detrital interference.  Ages in shaded cells are considered unreliable due to problems (see 

Section 4.3.2.2.1.1).   

* This sample was taken from an outer layer which does not have an analogue on the growth axis due to the fact that the stalagmite was broken 

before sampling. 



  

129 
 

 

 

  

Stalagmite 
Mm from 

base 
U (ppm) 232Th (ppb) [234U/238U]  [234U/238U]Initial   [230Th/238U]  

[230Th/232Th

] 

Uncorrected  

Age (kyr) 

Corrected  

Age (kyr) 

DIM-3 34 5.286 0.277 1.278 ± 0.041 1.284 ± 0.001 0.080 4634 7.01 ± 0.02 7.00 ± 0.018 
DIM-3 0 5.658 0.232 1.295 ± 0.108 1.302 ± 0.001 0.093 6859 8.05 ± 0.02 8.05 ± 0.022 

DIM-2 226 7.065 0.126 1.181 ± 0.176 1.252 ± 0.003 0.794 135374 116.30 ± 0.63 116.30 ± 0.632 
DIM-2 224 6.874 0.178 1.183 ± 0.039 1.253 ± 0.001 0.788 92291 114.49 ± 0.41 114.49 ± 0.413 
DIM-2 198 1.043 0.092 1.189 ± 0.046 1.287 ± 0.001 0.908 31105 147.32 ± 0.71 147.32 ± 0.712 
DIM-2 64 9.780 0.207 1.189 ± 0.060 1.258 ± 0.001 0.777 111506 110.79 ± 0.53 110.79 ± 0.526 
DIM-2 64 10.369 0.198 1.186 ± 0.120 1.253 ± 0.002 0.770 122047 109.60 ± 0.65 109.60 ± 0.655 
DIM-2 14 6.699 0.310 1.184 ± 0.052 1.254 ± 0.001 0.779 51119 112.15 ±0.53 112.14 ± 0.525 
DIM-2 5 4.789 0.506 1.181 ± 0.042 1.248 ± 0.001 0.774 22250 111.52 ± 0.40 111.52 ± 0.397 

Table 4.7  U/Th Age Data for stalagmites for DIM-2 and DIM-3, arranged by sample depth.  [234U/238U], [234U/238U]Initial, [
230Th/238U] 

and [230Th/232U] are activity ratios.  Ages are corrected for detrital interference.  All samples are aragonite.  Ages in shaded cells are considered 

unreliable due to problems  
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Table 4.8  U/Th Age Data for DIM-1, arranged chronologically, by batch.   [234U/238U], [234U/238U]Initial  , and [230Th/238U]  are activity 

ratios.  Ages are corrected for detrital interference.  Ages in shaded cells are considered unreliable due to problems (see Section 4.3.2.2.1.1).   

* This sample was taken from an outer layer which does not have an analogue on the growth axis due to the fact that the stalagmite was 

broken before sampling.  It was sampled as a test of the other samples; i.e. if all the aragonite samples in batch 52 were in chronological order, 

this sample (52-3) should be the youngest.

Mineralogy Sample ID Mm from base U (ppm) 
232

Th (ppb) [
234

U/
238

U] Initial [
234

U/
238

U] [
230

Th/
238

U] [
230

Th/
232

Th] Age (kyr) 

Calcite 29-6 17 0.104 0.359 1.641 ± 0.103 1.912 ± 0.002 1.188 1043 124.32 ± 0.633 
Aragonite 29-7 470 1.863 0.301 1.331 ± 0.045 1.463 ± 0.001 0.917 17226 118.36 ± 0.427 

Calcite 29-9 494 0.772 0.305 1.258 ± 0.054 1.377 ± 0.001 0.922 7085 133.92 ± 0.568 
Calcite 29-10 568 0.430 0.307 1.313 ± 0.057 1.435 ± 0.001 0.893 3795 116.36 ± 0.447 

Calcite 33-4 120 0.158 0.452 1.698 ± 0.073 2.004 ± 0.003 1.256 1334 128.36 ± 0.790 
Calcite 33-5 88 0.144 0.443 1.719 ± 0.089 2.008 ± 0.003 1.217 1203 119.02 ± 0.698 
Calcite 33-6 354 0.170 0.268 1.405 ± 0.082 1.576 ± 0.002 1.002 1923 124.49 ± 0.559 

Calcite 37-1 120 0.185 0.204 1.693 ± 0.032 1.997 ± 0.002 1.251 3447 128.20 ± 0.663 
Calcite 37-2 0 0.101 0.266 1.664 ± 0.046 1.961 ± 0.002 1.238 1425 130.13 ± 0.699 
Calcite 37-3 360 0.166 0.989 1.400 ± 0.038 1.578 ± 0.001 1.019 518 129.13 ± 0.697 
Calcite 37-4 110 0.126 0.176 1.755 ± 0.041 2.090 ± 0.002 1.308 2840 129.40 ± 0.529 
Calcite 37-5 500 0.384 0.749 1.304 ± 0.046 1.437 ± 0.001 0.937 1456 127.93 ± 0.515 

Calcite 41-1 166 0.166 0.170 1.648 ± 0.100 1.923 ± 0.002 1.196 3552 124.83 ± 0.652 
Calcite 41-2 304 0.147 0.133 1.455 ± 0.090 1.638 ± 0.002 1.016 3428 119.26 ± 0.603 
Calcite 41-4 422 0.172 0.082 1.327 ± 0.116 1.328 ± 0.002 0.005 33 0.42 ± 0.008 
Calcite 41-5 460 0.249 0.123 1.318 ± 0.093 1.452 ± 0.002 0.929 5712 123.49 ± 0.646 

Aragonite 41-6 474 2.499 0.193 1.336 ± 0.074 1.343 ± 0.001 0.090 3557 7.60 ± 0.023 
Calcite 41-8 564 0.422 0.167 1.319 ± 0.060 1.363 ± 0.001 0.462 3543 46.05 ± 0.165 

Aragonite 52-1 506 6.358 3.963 1.313 ± 0.207 1.449 ± 0.003 0.938 4567 126.58 ± 0.78 
Aragonite 52-2 566 3.284 0.681 1.313 ± 0.204 1.449 ± 0.003 0.942 13778 127.50 ± 0.73 
Aragonite 52-3 Above top* 1.063 0.925 1.307 ± 0.206 1.439 ± 0.003 0.933 3252 126.57 ± 0.73 
Aragonite 52-4 558 4.664 0.279 1.316 ± 0.206 1.453 ± 0.003 0.943 47880 127.22 ± 0.73 
Aragonite 52-5 472 4.140 0.988 1.318 ± 0.209 1.452 ± 0.003 0.944 12000 126.95 ± 0.73 
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4.3.2.2.1 DIM-1 

Aragonite samples from DIM-1 are characterised by high uranium (1.063 - 6.358 ppm), 

while calcite samples are characterised by lower uranium (0.101 - 0.772 ppm).  

4.3.2.2.1.1 Problems with the DIM-1 Age Model 

The first 2 batches of dates (analysed together) for DIM-1 (samples beginning 29- and 33- in 

Table 4.6 and 4.8) did not produce a chronologically ordered profile.  However, problems 

were identified in the analytical procedure, such as an inhomogeneous standard, so these 

samples were disregarded at first.  The following batch of dates (samples beginning 37- ) 

did produce a chronology that was in stratigraphic order within error, and was therefore 

used to create an age model.   

However, the subsequent batch of U/Th dates, intended to refine the age model (samples 

41- ), were far from in stratigraphic order. Analysis of the 3D structure of DIM-1 (see 

Section 4.3.1.4) revealed evidence of recrystallisation of aragonite to calcite that had not 

been clear on the central faces.  Thus, the final batch of dates (samples 52- ) were all 

selected from parts of the stalagmite where original aragonite remained, as shown in 

Figure 4.17 (samples from aragonite in previous batches were found to be too close to the 

change in mineralogy).  These new dates formed a common chronology within error with 

batch 37.  It is worth noting that two samples taken from the same depth on the central 

growth axis, samples 33-4 and 37-1, which were analysed in separate batches, returned 

very similar dates (128.36 ± 0.790 and 128.20 ± 0.663).   

  

Figure 4.17  Last set of U/Th dates, selected from areas identified as primary aragonite. 
A = Samples selected from Face F 
B= Samples selected from Face A 

52-3  

126.57 ± 0.73 ka 

52-4  

127.22 ± 0.73 ka 

52-5  

126.95 ± 0.73 ka 

A 
52-2  

127.50 ± 0.73 ka 

B 

52-1 

 126.58 ± 0.78 ka 
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Thus, a chronology was created for DIM-1 using a combination of primary aragonite and 

recrystallised calcite samples.  Sample 52-3 (126.57 ± 0.73 kyr BP) was not used as it was 

not possible to assign a growth axis depth to this sample, as it was taken from an outer 

layer that did not continue round to the growth axis.  Normally, recrystallisation promotes 

U loss, as uranium is highly soluble as the UO2
2+ uranyl ion complexes (Langmuir, 1978), 

with the consequence that the ages calculated are much too old (e.g. Hoffmann et al., 

2009, Lachniet et al., 2012).  However it does not appear that U loss was a large factor in 

the anomalous dates from secondary calcite in DIM-1, with the possible exception of 

sample 29-9 (data point ringed in blue in Figure 4.19), which gave an age older than 

expected.  Instead, many of the ages appear far too young, e.g. sample 41-4 which gave an 

age of 0.42 kyr BP.  As there is no evidence of U uptake during recrystallisation (e.g. in the 

form of abnormally high U content) it appears that Th may have been lost from some 

locations.   For example, the sample mentioned above for its young age, 41-4, has a 

[230Th/238U] activity ratio of only 0.005.  Figure 4.18 plots 230Th/238U against 234U/238U, and 

clearly shows that samples not selected for the age model have U/Th systems which have 

been disturbed, by Th loss in all examples except sample 29-9, which appears to have 

undergone U loss.  Thorium is expected to have a low solubility (Langmuir and Herman, 

1980, Ryan and Rai, 1987, Vandenborre et al., 2010), so this is unexpected, and it is not 

clear at this point by what mechanism Th could have been lost from DIM-1.  

In addition to Th-loss as an explanation for why some samples from the recrystallised areas 

were unusable, there is also the fact that there is at least one major hiatus in DIM-1 (as 

discussed in section 4.3.1.1) and perhaps several micro-hiatuses (as discussed in section 

4.3.1.4).  Figure 4.19 shows the location of some dates which may have been affected by 

these hiatuses, as U or Th isotopes may migrate along hiatuses, but there may be many 

more, as they can be hard to identify. 
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It is unusual to use ages from a recrystallised speleothem in an age chronology, even where 

ages are not generally too old, meaning that U loss was not a large factor.  The fact that 

one of the recrystallised calcite samples was taken from above the hiatus and fits well 

within the age model of the aragonite samples in this part of the stalagmite suggests that 

the recrystallised samples can be used to complement the aragonite samples.  However, it 

is clear that there has been some isotopic disturbance, leading to possible Th loss and 

anomalously young ages.  For this reason, the age model must be treated with some 

caution.  Those ages from recrystallised areas which produce acceptable dates and have 

been used in the chronology appear to have been sampled from areas in which the system 

opened only minimally.   
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Figure 4.18 
230Th/238U versus 234U/238U for DIM-1.  Red diamonds represent dates selected for the age 
model.  The red dashed line indicates the best-fit line for these data, and the R2 value for this 
line is shown (0.9994).  Black crosses represent data not selected for the age model.  The 
data point ringed in blue represents sample 29-9 (see discussion of this sample in text).  3 of 
the points not selected for the age model fall significantly below the rest on the 230Th/238U 
axis, while falling within range of the other points on the 234U/238U axis (these data points 
are identified by the green ring).   
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Figure 4.19 
DIM-1 dating locations before selection of samples in Figure 4.19.  Arrows identify 
structures which may have affected the U/Th chemistry of samples selected nearby. 

Micro Hiatus  

Date = 0.418 ± 0.01 kyr BP 

 

Micro Hiatus.  

Date = 119.26 ± 0.6 kyr BP 

 

Too close to Hiatus  

Date = 133.922 kyr BP 
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4.3.2.2.1.2 Age Model and Growth Rates 

An age model for DIM-1 was constructed from those dates deemed reliable (identified in 

Table 4.7 by non-shaded cells).  The age model was constructed using the StalAge algorithm 

for the program R (Scholz and Hoffmann, 2011), and is presented in Figure 4.20.  StalAge 

creates an age model by first screening for major outliers.  Screening for minor outliers and 

age inversions follows, after which an iterative procedure is used to increase the 

uncertainty of outliers.  A Monte-Carlo simulation is then applied, fitting ensembles of 

straight lines to sub-sets of the age data, to produce the age model and 95% confidence 

limits (Scholz and Hoffmann, 2011).  

The growth rates of DIM-1 appear to be very fast in places.  Indeed, the age model suggests 

that the portion of the stalagmite between ca 400 and ca 200 mm from the top of the 

stalagmite was deposited in a very short period of time, on the order of 100 years, although 

with the large error envelope, this period could actually be over 1 kyr (Figure 4.20).  This 

section of the stalagmite has very few dates, due to the absence of primary aragonite in 

this region, and the problems with the majority of calcite dates.  Therefore it is unlikely that 

the age model could be improved upon much in this region of the chronology.  It is also 

possible that one age, sample, 37-3 (129.13 kyr BP ± 0.697) may be older than the true age 

due to U loss during recrystallisation.  However, the primary aragonite ages above it 

constrain how much younger the true age could be; therefore if the age is too old it is likely 

only approximately 1 kyr too old, and in fact most likely is within the date’s own analytic 

error.  The other calcite dates also likely have true ages within their analytical errors, as if 

the true ages are much more than 1 kyr older than the calcite ages, the growth rate of DIM-

1 would be unfeasible.  Parts of DIM-1 which have a more certain chronology have growth 

rates of 0.1-1mm yr-1.  This growth rate is fast, but not at a rate unheard of in the literature, 

for example a fast growing stalagmite from Ethiopia was found to have a growth rate of 

~0.53 mm yr-1 (Asrat et al., 2007).   

As the errors on the age model are large, another approach is to assume relatively constant 

growth.  In this scenario the 568 mm of growth would have been precipitated in 

approximately 3 kyr.  This method assumes that the hiatus was of short duration, and 

results in average growth rates on the order of 0.2 mm yr-1.  As DIM-1 appears to have 

laminations, which may be of an annual nature, future research on DIM-1 could investigate 

if these layers are indeed annual, and if so, whether they contain annual geochemical 

signals. 

A 
52-3  

126.57 ± 0.73 ka 

B 

52-5  

126.95 ± 0.73 ka 

52-2  

127.50 ± 0.73 ka 

52-4  

127.22 ± 0.73 ka 
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Figure 4.20 DIM-1 Age Model 

A) Final Age Model for DIM-1, constructed using StalAge (Scholz and Hoffmann, 2011).  Green line indicates age model, red lines 

indicates error envelope. Dashed blue vertical line indicates approximate location of the hiatus.  Data points ringed in pink indicate 

that the samples were aragonite. B) Location of dates used in age model. Symbols as in Figure 4.16. 
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4.3.2.2.1.3 Initial (234U/238U)0 

The initial (234U/238U)0 data of DIM-1 are plotted against 230Th/238U in Figure 4.21.  They 

appear to show a trend of high values in the base of the stalagmite (green ring), with values 

reducing in the upper portion of the stalagmite (orange ring).  This is most likely a result of 

alpha recoil effects in the epikarst during the period before DIM-1 grew, i.e. MIS 6.  

Enrichment of 234U in speleothems is a consequence of accumulation of 234U in easily 

leached sites within soils and overlying rock during periods when leaching activity is much 

reduced, for example during arid phases.  234U is then leached when precipitation levels 

increase and is subsequently deposited in speleothems (Plagnes et al., 2002).  The trend of 

the samples in Figure 4.21 also closely follows an isochron between ca. 130-120 kyr BP, 

which supports the veracity of the age model adopted for DIM-1. 

There are three anomalous points in Figure 4.21, identified by the pink ring.  These samples 

all produced anomalously young ages (0.42, 7.60 and 46.05 kyr BP respectively), and it is 

for this reason that they do not follow the trend of the other points, as their 230Th/238U 

values are very low.   (234U/238U)0  values for the 3 points still follow the trend outlined 

above, as shown in Figure 4.22, which plots the data against the depth in the stalagmite.  

Figure 4.22 also separates aragonite and calcite samples, and shows that there is no 

noticeable difference between the two mineralogies in terms of (234U/238U)0, unlike a 

partially calcitized stalagmite from Mexico in which secondary calcite was characterised by 

lower (234U/238U)0 values than layers of primary aragonite (Lachniet et al., 2012). Thus the 

fluid which recrystallised the primary aragonite appears to have had a (234U/238U)0 

composition very close to that of the fluid from which the primary aragonite itself 

precipitated. 

4.3.2.2.2 DIM-3 

The two U/Th dates from DIM-3 are in stratigraphic order, and demonstrate that DIM-3 

grew during the period ca. 8.05-7.00 kyr BP (see Table 4.8), although a small overgrowth 

remains undated. 
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Figure 4.21 Initial [234U/238U] vs. 230Th/238U variations in DIM-1.  Green ring = base of 

stalagmite, orange ring = upper portion of stalagmite, pink ring = anomalous points. 

 

Figure 4.22 Initial [234U/238U] activity ratio variations in DIM-1 plotted against 

distance from base.  Aragonite samples are identified by blue diamonds, calcite samples 

are red rings. 
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4.3.2.2.3 DIM-2 

DIM-2 was sampled for U/Th dating with a hope of ascertaining whether parts of the 

stalagmite had remained protected from the recrystallisation that had occurred in the 

areas identified in Figure 4.14i.  Dating of DIM-2 was partially successful in this regard.  

Figure 4.23 shows the location of the U/Th samples from DIM-2 and the dates they 

produced.  In the lower section of primary aragonite, reproduction of dates (note, dates 

were not true replicates as they were from slightly different depths) at both the lower and 

upper limits of the region produced ages in stratigraphic order, and reproducible within 

error.  This suggests that dating of the primary aragonite in DIM-2 would produce a usable 

chronology.  However, in the upper section of primary aragonite U/Th dating was not so 

successful.  The lower date produced an anomalously old age, most likely due to U loss, as 

[U] is 1.043 ppm for that sample, compared with 4.8 - 10.4 ppm for the rest of the 

aragonite samples.  It is likely that this sample was taken too close to the boundary 

between original and altered fabrics.  The two ages from the top of the stalagmite were 

close in age to each other (but not within error), and older than expected (i.e. older than 

the ages from the lower region of primary aragonite).  There is a change to calcite at the 

top of the stalagmite; it is possible that again these samples were collected from too close 

to the zone of recrystallisation. 
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Figure 4.23 Location and ages of U/Th samples from DIM-2 
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4.3.3 Stable Isotope Measurements 

4.3.3.1 Hendy Tests 

Hendy tests (Hendy, 1971) were performed on 3 laminae in DIM-1, (Figures 4.24 A, 4.25 A-

C, 4.26 A-C), of which one was above the hiatus, one below and one within the aragonite 

region.  After sampling the Hendy Test in the upper section of DIM-1, it became apparent 

that the layer that had been followed may in fact have been a micro-hiatus.  This may have 

had an effect on the isotopes.  One Hendy test was carried out on DIM-3 (Figure 4.24 B, 

4.25 D, Figure 4.26 D).  Three Hendy Tests were carried out on DIM-2 (Figure 4.24 C, 4.27, 

4.28), one across a change in mineralogy, where the change from aragonite to calcite had 

not occurred across full layers, so that layers cut across differing mineralogies; one in the 

lower section of aragonite and one in the upper section of aragonite. 

The three Hendy tests in DIM-1 show low covariation between δ18O and δ13C, as well as low 

variation in δ18O along the layer (all 3 layers vary by up to approximately 0.5‰).  The 

aragonite layer showed the lowest covariation between δ18O and δ13C, and the lowest 

variation in δ18O along the layer, which is to be expected as it is the primary mineral 

whereas the other 2 Hendy tests were taken from parts of the stalagmite which appear to 

be recrystallised.  However, even the recrystallised layers returned good Hendy tests.  This 

may indicate that the recrystallisation did not cause a large change in the stable isotopes of 

DIM-1.   

The sample from DIM-2 that passes through the change in mineralogy shows high 

covariance between δ18O and δ13C, and large variation in δ18O, especially at the 

intersections between the two minerals.  Thus, the recrystallisation of aragonite to calcite 

in DIM-2 has clearly led to a shift in the isotope ratios of oxygen and carbon.  In contrast, 

the two layers from the primary aragonite regions returned Hendy tests that were low in 

δ18O variation and δ18O-δ13C covariation (Figure 4.27C shows one data point which is very 

different to the others; this may be a measurement error, which would benefit from 

reanalysis in further work. 

The Hendy test from DIM-3 shows much higher covariation between δ18O and δ13C, as well 

as slightly higher variation in δ18O along the layer (ca. 0.9 ‰).  Therefore, it is likely that the 

stable isotope system of DIM-3 was not in isotopic equilibrium.  Any slight change in 

sampling point laterally along a layer could produce a large difference in oxygen or carbon 

isotopes, especially as DIM-3 is so narrow, causing sampling troughs to correspond to a 

greater proportion of the layer laterally. 
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Figure 4.24  Locations of Hendy Tests in the Dim Stalagmites 
A) DIM-1, B) DIM-3, C) DIM-2 
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Figure 4.25 

Hendy tests for stalagmite DIM-1 (A-C) and DIM-3 (D), δ18O and δ13C variations along a single lamina. 

Distance from base of stalagmite:  A = 291mm, B = 474mm, C = 546mm, D = DIM-3 

Filled diamonds = oxygen isotopes, open circles, dashed line = carbon isotopes.   

Horizontal axis labels indicate relation to growth axis (denoted by 0). 
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Figure 4.26 
Hendy tests for stalagmite DIM-1(A-C) and DIM-3 (D), covariation between δ18O and δ13C.  
Distance from base of stalagmite:  A = 291 mm, B = 474 mm, C = 546 mm, D = DIM3 
R2 values indicate amount of correlation between δ18O and δ13C 
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Figure 4.27 

Hendy tests for stalagmite DIM-2, δ18O and δ13C variations along a 

single lamina. 

Distance from base of stalagmite: A) 180 mm, passing through the 

change from calcite to aragonite.  B) In lower aragonite C) In upper 

aragonite 

Filled black diamonds = oxygen isotopes, open circles = carbon 

isotopes.  

Horizontal axis labels indicate relation to growth axis (denoted by 0). 
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Figure 4.28  

Hendy tests for stalagmite DIM-2, covariation between δ18O and δ13C. 

Distance from base of stalagmite: A) 180 mm, passing through the 

change from calcite to aragonite.  B) In lower aragonite C) In upper 

aragonite 

Lines join measurements in order of progression along lamina. 
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4.3.3.2 Axial Profile Stable Isotope Results 

4.3.3.2.1 Sampling Strategy 

Axial stable isotope samples were taken at 1-2 mm resolution in DIM-1, at 1 mm resolution 

in DIM-3 and at 1-5 mm resolution in DIM-2.  DIM-2 was not sampled at as high resolution 

as DIM-1 and DIM-3 due to the fact that it was clearly recrystallised and therefore unlikely 

to be useful as a palaeoclimate proxy.  The aim of sampling was instead to characterise the 

isotopic signature of recrystallised fabrics in DIM-2. 

4.3.3.2.2 DIM-1 

4.3.3.2.2.1 Oxygen Isotopes 

The oxygen isotope variations through DIM-1 are plotted against time in Figure 4.29.  The 

most striking part of the record is the rapid excursion to less negative values immediately 

before the aragonite layer, and the equally rapid return to more negative values with the 

return to calcite fabric.  There is also a noticeable trend to more negative values beginning 

at ca. 129 kyr BP, which also coincides with an increase in the variability of the data. 

 

 

 

 

 

 

 

 

 

 

 

Figure 4.29 δ
18

O variations in DIM-1 through time.  Red line = calcite, green line = aragonite. 

Dashed black line = theoretical aragonite signal with equilibrium separation factor between calcite 

and aragonite removed.  Separation factor of 0.7‰ used, as appropriate for temperatures of  3-

19°C (Grossman and Ku, 1981).  Dim Cave air temperature is currently quite stable at ca 18-19°C. 
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4.3.3.2.2.2 Carbon Isotopes 

Carbon isotopes for DIM-1 are plotted against time in Figure 4.30.  δ13C shows similar 

variations to δ18O, with a trend to more negative values occurring at ca. 129 kyr BP, 

following by a pronounced trend to less negative values immediately preceding the 

aragonite layer, and a return to more negative values seen in the values for the aragonite 

layer and the calcite immediately above it.  These more negative values are the most 

negative of the entire speleothem. 

 

 

 

 

 

 

 

 

 

 

  

Figure 4.30 δ13C variations in DIM-1 through time.  Navy = calcite, orange = 
aragonite. 
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4.3.3.2.2.3 Oxygen and Carbon Isotope Variations 

A crossplot of oxygen and carbon isotope data is shown in Figure 4.31.  There is a moderate 

positive covariation (0.3677) between the two isotopes, indicating that a common variable 

or set of variables may have been influencing both isotopes, but as the covariance is not 

very high they may still be interpreted separately.  Positive covariance between δ18O and 

δ13C, which was also seen in records from Villars Cave (Genty et al., 2003) and Bourgeouis-

Delaunay, La Chaise de Vouthon, SW France (Couchoud et al., 2009).   

 

The issue of the overlapping errors on the age model becomes apparent when the U/Th 

dates are plotted against δ18O and δ13C (Figure 4.32), and makes it difficult to pinpoint 

accurately when climatic or environmental changes may have happened in the region of 

Dim Cave.  If a contemporaneous speleothem from Dim Cave had been recovered, 

comparing the 2 records would have been a possible way to anchor events in the DIM-1 

isotope record to more certain dates.  As this was not possible, the next alternative is to 

compare DIM-1 with contemporaneous records from caves (or other proxies) in the 

Mediterranean region.  This will be performed in the palaeoclimatic interpretation (Section 

4.4.6.1.) 
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Figure 4.31 δ18O and δ13C cross plot for isotopic axial profile of DIM-1.  
The R2 value for the line of best fit is displayed (0.3677). 

 

  

Figure 4.32 δ18O (red) and δ13C (navy) variations in DIM-1 through time. 
U/Th dates shown at top, with errors.  
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4.3.3.2.3 DIM-3 

δ18O and δ13C variations in DIM-3 (Figure 4.33) show much less variability that in DIM-1, 

which is not unexpected due to the fact that the record is much shorter, and DIM-3 is only 

comprised of aragonite. δ18O especially show no discernible trend, with values oscillating 

within a 1‰ range for the length of the record and eventually reaching a plateau at higher 

values before growth ceases.  δ13C shows more variability; the oscillating cycles are present 

in this record also, and of slightly bigger magnitude, and at the time that δ18O forms a 

plateau, δ13C shows a positive excursion of approximately 3.5‰.  As the δ18O plateau and 

δ13C excursion occur immediately before the end of growth, all three events may be caused 

by the same set of climatic variables.  This will be discussed further in Section 4.3.6.2. 

 
Figure 4.33  δ18O and δ13C variations for DIM-3 through time 
Filled diamonds = oxygen isotopes, open circles, dashed line = carbon 
isotopes.   
U/Th dates shown at top as filled squares with error bars. 
 

 

4.3.3.2.4 DIM-2 

The most prominent oxygen and carbon isotopic variations in DIM-2 (Figure 4.34) 

correspond to the changes in mineralogy.  δ13C shows much larger variation than δ18O, with 

the most noticeable shift at a calcite-aragonite boundary occurring at the change located at 

approximately 185 mm, where δ13C shifts by ca. 4.5‰ and δ18O by ca. 2‰.  In Figure 4.34, 

the calcite above this boundary is marked by a green bracket, and the aragonite below it is 
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marked by a red bracket.  Due to the large difference in isotopic composition at this 

boundary, and the consistency of values within the δ13C record in these two sections, these 

sections are selected as likely representative values for primary aragonite and secondary 

calcite in DIM-2.  The fact that the aragonite section marked by the brown bracket has 

similar δ13C values to the red bracketed aragonite strengthens this hypothesis.  

The remaining bracketed section, identified by the purple bracket, contains three 

previously identified regions (calcite, aragonite and mixed mineralogy).  This entire 

bracketed section contains δ13C values which vary between values similar to the brown/red 

bracketed aragonite areas, to values similar to the green bracketed calcite area.  This 

suggests that it is not only the previously identified mixed mineralogy section which 

contains both calcite and aragonite, but that both the other two regions identified as 

aragonite and calcite respectfully are in fact of mixed mineralogy. 

Using the aforementioned areas of DIM-2, primary aragonite and secondary calcite in DIM-

2 can be characterised (Table 4.9).  These ranges are representative; not every data point in 

each section falls into this range. 

 

 

Table 4.9 Representative δ18O and δ13C of primary aragonite and secondary calcite
   in DIM-2 

 

There is little difference in the δ18O of primary aragonite and secondary calcite in DIM-2, 

although the calcite values are slightly more negative.  δ13C offers a greater degree of 

confidence in distinguishing between the two minerals, as the two ranges do not overlap, 

with calcite values again more negative, as they were with δ18O. 

The fact that the aragonite and calcite sections in the purple bracketed section appear to 

be of mixed mineralogy highlights the problems of using a small number of XRD samples to 

characterise areas defined by visible changes, and suggests that carbon and oxygen 

isotopes may be able to help define boundaries in mineralogies in some speleothems, 

provided the different mineralogies show distinct stable isotope signatures. 

Carbonate Form Representative δ18O range Representative δ13C range 

Primary Aragonite -3.8‰ to -5.2‰ -8‰ to -10‰ 

Secondary Calcite -4.5‰ to -5.5‰ -11‰ to -12‰ 



  

152 
 

  

-13 

-12 

-11 

-10 

-9 

-8 

-7 

δ
1

3 C
 (

‰
 V

P
D

B
) -7 

-6 

-5 

-4 

-3 

0 50 100 150 200 250 

δ
1

8 O
 (

‰
V

P
D

B
) 

Figure 4.34 
 δ18O (black diamonds) and δ13C (open circles and dashed line) variations for DIM-2 expressed against mm from the base of the stalagmite. 
Vertical red lines and labels at top indicate changes in mineralogy.  Coloured brackets separate the record into sections discussed in the text. 
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4.3.4 Strontium Isotope Measurements 

4.3.4.1 Sampling Strategy 

20 samples were selected throughout DIM-1, to represent the physical, mineralogical and 

isotopic changes in the stalagmite.  Only 4 samples were selected from DIM-3 due to its 

small size.  8 samples were selected from DIM-2 in order to investigate the effect of 

recrystallisation on strontium isotopes.  One sample each were analysed for a modern 

aragonite from Dim Cave collected from an actively precipitating soda straw, bedrock and 

soil above Dim Cave. 

4.3.4.2 Results 

87Sr/86Sr data for the Dim stalagmites and components of the cave system are presented in 

Table 4.10.  The Dim Cave host carbonate has an 87Sr/86Sr value of 0.707162 ± 0.000005.  

This limestone is believed to be of Palaeozoic age (Oruç Baykara, 2009, pers. comm.), which 

is in line with the 87Sr/86Sr  value as such seawater 87Sr/86Sr   values occurred during the 

Permian (McArthur et al., 2001).  The acetic acid leach of the soil gave an 87Sr/86Sr value of 

0.708455 ± 0.000006.  Speleothem   87Sr/86Sr values vary between 0.708137 and 0.708338.  

Thus, all speleothem values were more radiogenic than the host rock and less radiogenic 

than the soil values, with the exception of DIM-2, which is slightly more radiogenic than soil 

values.  All speleothem values were also less radiogenic than the value for modern 

seawater, which is 0.70906 ± 0.00033 (Goede et al., 1998).  All of these components are 

shown in Figure 4.35. 
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Table 4.10 Strontium Isotope data for the Dim Cave stalagmites and 
environmental components.  

Stalagmite Sample ID 
Mm from 

base 
Sample Type 87Sr/86Sr 

DIM-1 DIM-1 BASE 8 acetic leach 0.708315 ± 0.00004 
DIM-1 DIM-1 BASE 8 1% acetic preleach 0.708320 ± 0.000007 
DIM-1 DIM1-90 90 acetic leach 0.708289 ± 0.000005 
DIM-1 DIM1-98 98 acetic leach 0.708294 ± 0.000005 
DIM-1 DIM1-105 105 acetic leach 0.708301 ± 0.000006 
DIM-1 DIM1-106 106 acetic leach 0.708297 ± 0.000005 
DIM-1 DIM-1 AS 124 acetic leach 0.708336 ± 0.000109 
DIM-1 DIM1-200 200 acetic leach 0.708338 ± 0.000007 
DIM-1 DIM-1 MID 304 acetic leach 0.708217 ± 0.000024 
DIM-1 DIM-1 MID 304 1% acetic preleach 0.708200 ± 0.000015 
DIM-1 DIM1-370 370 acetic leach 0.708205 ± 0.000008 
DIM-1 DIM-1 BH 416 acetic leach 0.708201 ± 0.000025 
DIM-1 DIM-1 BH 416 1% acetic preleach 0.708269 ± 0.000022 
DIM-1 DIM1-430 430 acetic leach 0.708259 ± 0.000027 
DIM-1 DIM1-438 438 acetic leach 0.708217 ± 0.000007 
DIM-1 DIM-1 BH2 454 acetic leach 0.708110 ± 0.000011 
DIM-1 DIM-1 BH2 454 1% acetic preleach 0.708163 ± 0.000017 
DIM-1 DIM-1 ARAG 470 acetic leach 0.708152 ± 0.000007 
DIM-1 DIM-1 ARAG 470 1% acetic preleach 0.708159 ± 0.000008 
DIM-1 DIM1-474 474 acetic leach 0.708177 ± 0.000005 
DIM-1 DIM1-478 478 acetic leach 0.708225 ± 0.000006 
DIM-1 DIM-1 AH 482 acetic leach 0.708282 ± 0.00001 
DIM-1 DIM-1 AH 482 1% acetic preleach 0.708253 ± 0.000011 
DIM-1 DIM1-486 486 acetic leach 0.708214 ± 0.000007 
DIM-1 DIM1-514 514 acetic leach 0.708251 ± 0.000018 
DIM-1 DIM-1 TOP 560 acetic leach 0.708273 ± 0.000011 
DIM-1 DIM-1 TOP 560 1% acetic preleach 0.708253 ± 0.000012 

DIM-3 DIM3-BASE 2 acetic leach 0.708209 ± 0.000009 
DIM-3 DIM-3 18 acetic leach 0.708248 ± 0.000011 
DIM-3 DIM3-28 28 acetic leach 0.708201 ± 0.000006 
DIM-3 DIM3-TOP 34 acetic leach 0.708278 ± 0.000008 

DIM-2 DIM-2 BASE 10 acetic leach 0.708475 ± 0.000016 
DIM-2 DIM2-65 65 acetic leach 0.708485 ± 0.000006 
DIM-2 DIM2-70 70 acetic leach 0.708461 ± 0.000006 
DIM-2 DIM-2 INV 100 acetic leach 0.708509 ± 0.00001 
DIM-2 DIM-2 INV2 132 acetic leach 0.708516 ± 0.000006 
DIM-2 DIM-2 CALC 170 acetic leach 0.708520 ± 0.000011 
DIM-2 DIM2-190 190 acetic leach 0.708536 ± 0.000006 
DIM-2 DIM-2 TOP 220 acetic leach 0.708561 ± 0.000007 

DIM SOIL - - acetic leach 0.708455 ± 0.000006 
DIM SOIL - - Silicate residue 0.716712 ± 0.000004 

DIM SODA 
STRAW 

- - acetic leach 0.708415 ± 0.000008 

DIM  
BEDROCK 

- - acetic leach 0.707162 ± 0.000005 
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The host rock provides one of the most important sources of speleothem Sr, with other 

sources including the overlying soil layer, sea spray, and atmospheric dust (Banner et al., 

1996, Goede et al., 1998, Ayalon et al., 1999, Bar-Matthews et al., 2000, Verheyden et al., 

2000, Frumkin and Stein, 2004, Li et al., 2005, Zhou et al., 2009, Capo et al., 1998).  The 

simplest explanation for variations in stalagmite 87Sr/86Sr  may be varying contribution from 

soil and host-rock sources above the cave (Oster et al., 2010).  This can be assumed if 

dripwater 87Sr/86Sr  falls between the values for host rock and soil leachates (Zhou et al., 

2009). And as there is little fractionation between dripwater and calcite (Banner and 

Kaufman, 1994), we will use the speleothem values.  All the Dim speleothems are more 

radiogenic than the host rock, so there must be at least one other input of Sr to the drip 

water.  As suggested above, soil may provide the exogenic input; alternatively the 

proximity of Dim Cave to the coast makes sea spray a possibility.  Aeolian dust typically has 

87Sr/86Sr of ca. 0.7200, significantly higher than any other the Dim Cave system 

components, so it is less likely to be part of the exogenic component. 

Figure 4.35 
87Sr/86Sr of DIM-1 (filled red diamonds), DIM-2 (purple crosses), DIM-3 (unfilled green 
triangles), modern aragonite from a Dim cave soda straw (black ring), bedrock above Dim 
Cave (solid grey line), a soil acetic leach (dashed brown line) and modern seawater (dot-
and-dashed blue line; data from Capo et al. (1990) and Goede et al. (1998)).  DIM-2 samples 
are plotted at the age of the lower portion of primary aragonite. 
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If the system is a simple two-component mixing arrangement, a linear mixing line will be 

created on an 87Sr/86Sr vs. 1/Sr diagram (Goede et al., 1998).  A 1/[Sr](with units (µg / g)-1) 

against 87Sr/86Sr can be used to estimate the maximum isotopic composition of the 

exogenic source by extrapolating the line of best fit to 1/Sr = 0 (Goede et al., 1998).   This is 

attempted in Figure 4.36.  The calcite parts of DIM-1 are plotted separately to the aragonite 

samples from DIM-1 and DIM-3, but both data sets produce linear mixing lines which 

extrapolate to approximately the same point, 0.70865.  This is therefore the maximum 

isotopic composition of the exogenic source.  This exogenic value is then added to a replica 

of Figure 4.35 in Figure 4.37.  The exogenic component is more radiogenic than the soil 

value, but less radiogenic than the seawater value.  Therefore it is likely that the exogenic 

component is a combination of the two, with a potential small input from aeolian dust, but 

this could only be a small addition, as the 87Sr/86Sr  of a speleothem can change 

dramatically even if only a very small amount of material with a very different 87Sr/86Sr  to 

that of the normal source is added (Banner et al., 1996).  Each speleothem can now be 

interpreted separately in terms of the relative inputs of Sr from the bedrock and exogenic 

sources.  This will be done in the following sections.   

 

In other carbonate systems, recrystallised carbonates may preserve the 87Sr/86Sr value of 

the fluids that interact with them, causing recrystallisation (Banner, 1995).  The fact that 

the recrystallised calcite of DIM-1 produced the same 87Sr/86Sr vs. 1/Sr solution to the 

exogenic Sr component, suggests that while the 87Sr/86Sr may have been reset to the value 

of the percolating water, it is still in equilibrium with the system, and simply records the 

conditions at a later time (in the case of DIM-1, not much later, but perhaps longer in the 

case of DIM-2).  
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Figure 4.36 
87Sr/86Sr vs. 1/[Sr] plot for DIM-1 (calcite= filled black diamonds, aragonite = red crosses) 
and DIM-3 (unfilled green triangles).  DIM-2 is excluded due to the absence of [Sr] data 
at this time. 

Figure 4.37 
Exogenic source of Sr (dotted black line) added to plot of 87Sr/86Sr of DIM-1 (filled red diamonds), 
DIM-2 (purple crosses), DIM-3 (unfilled green triangles), modern aragonite from a Dim cave soda 
straw (black ring), bedrock above Dim Cave (solid grey line), a soil acetic leach (dashed brown 
line) and modern seawater (dot-and-dashed blue line; data from Capo et al. (1990) and Goede et 
al. (1998)).  DIM-2 samples are plotted at the age of the lower portion of primary aragonite. 
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Figure 4.38 depicts the covariation between 87Sr/86Sr and δ18O in the 3 Dim Cave 

speleothems.  Aragonite and calcite are separated, with the result that aragonite samples 

show very high positive covariance between 87Sr/86Sr and δ18O (R2= 0.8671 for DIM-1 

aragonite, 0.8347 for DIM-3 aragonite and 0.8471 for DIM-2 aragonite), while calcitic 

samples show low positive covariance (R2 = 0.2297 for DIM-1 calcite, 0.1008 for DIM-2 

calcite [not shown on chart]).  It is inconclusive whether this difference is due to the 

differing minerals themselves, or the effect of recrystallisation.  If recrystallisation has 

resulted in a loss of covariance between 87Sr/86Sr and δ18O, it is unclear which isotopic 

system has been changed.  It is also possible that neither system changed; and that climatic 

conditions only caused covariance between 87Sr/86Sr and δ18O at times when original 

aragonite was not being recrystallised as calcite shortly after (i.e. drier periods).   

 

Figure 4.39 depicts the covariation between 87Sr/86Sr and δ13C in the 3 Dim Cave 

speleothems, with calcite and aragonite separated.  There is less covariance between 

87Sr/86Sr and δ13C compared to that between 87Sr/86Sr and δ18O.  This partly because such 

large changes occur in the δ13C of the DIM-1 record, so that there may be a difference of 

several per mil in only 2-3 mm, so that as the 87Sr/86Sr samples taken were larger, they may 

have spanned more than one  δ13C sample.  There is a difference in the direction of 

covariation (i.e. positive or negative) between different aragonite datasets; DIM-3 shows a 

positive correlation, while the DIM-2 data is negatively correlated.  The problematic DIM-1 

aragonite dataset has 3 δ13C points for one 87Sr/86Sr value, and so shows a very low degree 

of covariation; however if the middle δ13C was taken as the correct value, the data would 

then show a very high degree of negative correlation. 

 

As both the secondary calcite datasets plot within the 87Sr/86Sr range of the corresponding 

primary aragonite (i.e. from the same speleothem), while the δ18O and δ13C values are 

more negative, it seems more likely that the δ18O and δ13C systems have been disturbed 

and the 87Sr/86Sr  values have remained unchanged (or only slightly changed).  
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Figure 4.38 δ18O vs. 87Sr/86Sr for the Dim Stalagmites: DIM-1 calcite (filled black diamonds), 
DIM-1 aragonite (red crosses), DIM-2 calcite (pink rings), DIM-2 aragonite (blue asterisks), 
DIM-3 aragonite (green triangles).  Best-fit lines with associated R2 values are shown for the 
3 aragonite data sets, to illustrate the high level of covariance compared with the calcite data 
sets. 
 

Figure 4.39 δ13C vs. 87Sr/86Sr for the Dim Stalagmites: DIM-1 calcite (filled black diamonds), 
DIM-1 aragonite (red crosses), DIM-2 calcite (pink rings), DIM-2 aragonite (blue asterisks), 
DIM-3 aragonite (green triangles).  As δ13C for the Dim Cave stalagmites is much more 
variable than δ18O, and 87Sr/86Sr  samples were in some cases selected specifically from areas 
of the stalagmites which showed high isotopic variability,  selecting the corresponding data 
point for each 87Sr/86Sr sample was not as simple.  Therefore, in some cases more than one 
δ13C value has been plotted against an 87Sr/86Sr point.   
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4.3.4.2.1 DIM-1 

27 analyses were performed on samples from DIM-1, some of which were replicates, with 

one analysis being on a 1% acetic leach, and one analysis performed on the “preleach”, in 

case too much Sr was stripped during the acetic leach step.  Results were averaged to 

produce the plot in Figure 4.40 (insert), a 20 sample data set.  One sample has a clearly 

much larger error than the others; as this sample essentially failed, it was removed, to 

produce the main plot of Figure 4.40.  As is evident, removal of this point has only changed 

the shape of the data very slightly, while reducing the uncertainty considerably. 

87Sr/86Sr shows a similar trend to δ18O, as shown in Figure 4.40.  As with the stable isotope 

data, the most prominent feature of the record occurs around the aragonite region and 

hiatus, although the strontium isotope values begin the negative excursion which brings 

them closer to the bedrock value earlier than the δ18O values begin the trend to more 

positive values associated with the aragonite region, and the return to more radiogenic 

87Sr/86Sr values which signals a higher exogenic component therefore occurs while the δ18O 

data is becoming more positive. 

87Sr/86Sr also falls to less radiogenic values before the aragonite region, beginning at ca. 

128.5 kyr.  This trend does not have an analogous change in the δ18O record, although the 

δ18O data appears to be much more variable at this time. 

4.3.4.2.2 DIM-3 

The much lower 87Sr/86Sr sampling resolution in DIM-3 compared to DIM-1 results in the 

possibility that the true changes may not be seen, if the areas where variations occurred 

were not sampled.  From the four sampled points, there appears to be an oscillatory 

pattern to the values, with values beginning less radiogenic and becoming more radiogenic, 

returning to less radiogenic and finally becoming their most radiogenic at the end of 

growth.  This last tend to more radiogenic occurs in approximately the same timeframe as 

the clear trend to less negative values in the δ13C data, thus for this part of the record, 

87Sr/86Sr and δ13C are positively correlated. 
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Figure 4.40 
87Sr/86Sr profile for DIM-1 (black filled circle with error bars, which represent internal precisions at the 2SE level), shown in comparison to δ18O 
(red line = calcite, green line = aragonite).  Inset shows shape of profile before removal of the anomalous point. 
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4.3.4.2.3 DIM-2 

The 87Sr/86Sr data for DIM-2 are shown in Figure 4.42 where they are compared to the 

oxygen and carbon data, and Figure 4.43, where they are compared to mineralogy.  The 

general trend of 87Sr/86Sr values in DIM-2 is from less radiogenic (0.708475) at the base of 

the stalagmite, to more radiogenic (0.708561) at the top.  This general trend is interrupted 

by an excursion to less radiogenic values (0.708461) approximately 70 mm above the base 

of the stalagmite.  This excursion occurs in a recrystallised section of the stalagmite.  

Figures 4.38 and 4.39 demonstrate that the covariation between 87Sr/86Sr  and both δ13C 

and δ18O that is seen in the primary aragonite is not present in the recrystallised calcite, 

presumably because one or both systems was altered during recrystallisation.  Therefore, 

the 87Sr/86Sr data from the recrystallised and mixed mineralogy sections may not be viable.  

The data from the aragonite region agrees with the general trend produced by all the data 

however; over time the data progresses from less radiogenic values which contain a high 

bedrock component to more radiogenic values which contain a higher relative input from 

the exogenic source. 

Figure 4.41 
87Sr/86Sr (blue crosses, dotted and dashed line) variations in DIM-3, compared with δ18O 
(black filled diamonds) and δ13C (green open circles and dashed line) profiles.  87Sr/86Sr axis 
uses same values as Figure 4.37, to allow comparison of magnitude of variations with 
DIM-1. 
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Figure 4.42 
87Sr/86Sr (crosses, dotted and dashed line) profile for DIM-2 shown in comparison to the δ18O 
(black diamonds) and δ13C (open circles and dashed line) profiles 

Figure 4.43 
87Sr/86Sr (crosses, dotted and dashed line) profile for DIM-2 shown in comparison to 
mineralogy (dotted line).  

0.7084 

0.70845 

0.7085 

0.70855 

0.7086 -13 

-11 

-9 

-7 

-5 

-3 

0 50 100 150 200 250 

8
7
S

r/
8
6
S

r 

δ
1
8
O

 a
n

d
 δ

1
3
C

 (
‰

 V
P

D
B

) 

Distance from base of stalagmite (mm) 



  

164 
 

4.3.5 Trace Element Measurements 

4.3.5.1 DIM-1 

4.3.5.1.1 Sampling Strategy 

 

A suite of trace elemental data was collected via laser ablation.  Not all elements will be 

presented here; only those data which were above detection limits and had discernible 

trends are mentioned. 

It was not possible to analyse the whole of DIM-1 using laser ablation, due to the size of 

stalagmite, the limit of the size of piece which can fit in the laser stage, and the length of 

time taken for each analysis.  Therefore, four sections were selected for analysis: the 

aragonite region (including a portion of calcite either side), the period at approximately 

128.44 kyr BP, where Sr isotopes decrease greatly prior to the decrease associated with the 

aragonite region, a section from just above the shift in growth axis near the bottom of the 

stalagmite at approximately 128.9 kyr BP, which coincides with an increase in growth rate 

and the beginning of the trend to more negative values in the stable isotopes, and a section 

from the point at which oxygen isotopes begin to truly decrease, at approximately 128.52 

kyr BP.  For clarity in coming figures, these will be named Aragonite Region, 87Sr/86Sr 

Collapse, Above Shift, and δ18O Change, respectively. 

4.3.5.1.2 Trace Element Results  

 

Trace element data for DIM-1 is presented in Figures 4.44 - 4.49.  The aragonite region 

(Figure 4.44 A) shows high Sr and low Mg, which is in accordance with the partition 

coefficients of Sr and Mg into aragonite (Kinsman and Holland, 1969, Oomori et al., 1987).  

The “87Sr/86Sr Collapse” region shows a large decrease in Mg, Sr and Ba, and high 

covariation in these elements.  These collapses are not coeval with the 87Sr/86Sr Collapse, as 

the laser tracts only covered a very short period of time.  What they do seem to show, is 

that climate (especially precipitation) may have been very variable at this time, leading to 

large shifts in drip water trace elements.   

The δ18O Change region (Figure 4.47), and the Above Shift region (Figure 4.49) do not show 

any important trends, but they are included here for comparison with the more variable 

time periods. 



  

165 
 

0 

0.1 

0.2 

0.3 

0.4 

0.5 

0.6 

0 

10 

20 

30 

40 

50 

60 

70 

80 

90 

100 

127.5 127.75 128 128.25 128.5 128.75 129 

Sr
/C

a 
* 

1
0

0
0

 

M
g/

C
a 

* 
1

0
0

0
 

Age (kyr BP) 

In Section 4.1.2.2, dripwaters for Dim Cave were presented and the theoretical ranges of 

Mg/Ca and Sr/Ca which should precipitate from them were calculated.  These values can be 

compared with values for DIM-1.  The predicted range of values for Mg/Ca * 1000 of 

calcites precipitated from the Dim Cave drip waters is 11.252 – 134.082.  This is in good 

agreement with the observed values of calcite in DIM-1, which ranged from 13.737 to 

79.811.  The predicted range of values for Sr/Ca * 1000 of calcites precipitated from the 

Dim Cave dripwaters is 0.0417 to 0.129.  The observed range for calcite in DIM-1 is 0.0253 – 

0.203, which is a slightly larger range but only by a small margin.  These similar values for 

Mg/Ca and Sr/Ca of calcites in DIM-1 to the predicted values of calcite precipitated from 

the Dim Cave drip waters suggests that drip water chemistry is similar today to at the time 

that DIM-1 was precipitated. 

Sr/Ca values for aragonite in DIM-1 are also similar to those predicted, although of a larger 

range.  The theoretical Sr/Ca * 1000 range calculated using a distribution coefficient of 1.13 

was 0.314 – 0.534, while the actual range in DIM-1 was 0.188 – 0.500.   

  

Figure 4.44 
Mg/Ca * 1000 (black line) and Sr/Ca * 1000 (blue dotted line) variations for the 
sections of DIM-1 outlined above.  Aragonite Region (A), 87Sr/86Sr Collapse (B), δ18O 
Change (C), Above Shift (D). 
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Figure 4.45 
Crossplot of Mg/Ca * 1000 vs. Sr/Ca * 1000 for the sections of DIM-1 outlined above: 

87Sr/86Sr Collapse (red unfilled circles, B in Figure 4.44), δ18O Change (green crosses, C), and 
Above Shift (black diamonds, D) regions.  The aragonite region is excluded as the near 
exclusion of Mg from aragonite would affect the correlation. 
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Figure 4.46 
Crossplot of Sr/Ca * 1000 vs. Ba/Ca * 1000 for the sections of DIM-1 outlined above: 
the Aragonite Region (blue x’s, A in Figure 4.44), 87Sr/86Sr Collapse (red unfilled circles, 
B), δ18O Change (green crosses, C), and Above Shift (black diamonds, D) regions.   
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Figure 4.47 Mg/Ca * 1000 (black line), Sr/Ca * 1000 (blue dotted line) and Ba/Ca * 1000 (red 
line) variations for the δ18O Change region of DIM-1 
A) The entire record for this piece 
B) Higher resolution plot of the later part of this record, to enable trends to be viewed more 
clearly. 
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Figure 4.48 
Mg/Ca * 1000 (black line), Sr/Ca * 1000 (blue dotted line), and Ba/Ca * 1000 (red 
line) variations for the 87Sr/86Sr Collapse region of DIM-1. 

Figure 4.49 
Mg/Ca * 1000 (black line), Sr/Ca * 1000 (blue dotted line), and Ba/Ca * 1000 (red 
line) variations for the Above Shift region of DIM-1. 
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4.3.5.2 DIM-2 

LA-ICP-MS was used to measure changes in trace element composition across two 

mineralogical changes in DIM-2 (Figures 4.50-4.51).  These analyses were originally 

intended as screening runs; producing datasets of raw, uncorrected data over large 

transects quickly to pinpoint areas of interest.  The data was then corrected to absolute 

elemental ratios using data from NIST glass standard scans. 

The upper section analysed shows the expected compositions for both elements as the 

mineralogy changes: High Mg, low Sr in calcite, low Mg, high Sr in aragonite.  This suggests 

that in DIM-2, trace element concentrations in recrystallised calcite were inherited from 

the reprecipitating water and not retained from the primary aragonite. 

The lower transect does not show an abrupt change between minerals, with values 

oscillating between the two styles of geochemical content described above.  This region 

falls within the area identified by the stable isotope data as being of mixed mineralogy, in 

contrast to the (low resolution) XRD boundaries.  Therefore, the trace element data 

support the stable isotope data, in that the mineralogical change is not clearly defined at 

the lower boundary.  It would seem that although this region appeared to give the most 

reliable U/Th dates, if a chronology were to be attempted, the upper region of aragonite is 

more likely to produce ages that have not been affected by open system behaviour.  

Representative Mg/Ca * 1000 and Sr/Ca * 1000 values for primary aragonite and secondary 

calcite in DIM-2 are shown in Table 4.11.  These values are in reasonably good agreement 

with the values expected to precipitate from the Dim Cave drip waters (calcite with 

Mg/Ca*1000 of 11.3 - 134 and Sr/Ca*1000 of 0.0417 – 0.129, aragonite with Sr/Ca*1000 of 

0.314 – 0.975). 

 

 
 

 

 

 

Table 4.11 Representative Mg/Ca * 1000 and Sr/Ca * 1000 of primary aragonite and 
secondary calcite in DIM-2 

 

Carbonate Form 
Representative  

Mg/Ca * 1000 range 

Representative  

Sr/Ca * 1000 range 

Primary Aragonite 0-50 0.75-1.25 

Secondary Calcite 75-100 0.1-0.3 
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Figure 4.50 Mg/Ca * 1000 data for DIM-2 (grey line).  Black line represents a 50-
point moving average. Mineralogy is represented by dashed blue line. 
 
  

Figure 4.51 Sr/Ca * 1000 data for Dim-2 (pink line).  Red line represents a 50-point 
moving average. Mineralogy is represented by dashed blue line. 
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4.3.6 Palaeoclimatic and Palaeoenvironment Interpretations 

4.3.6.1 DIM-1 

4.3.6.1.1 The Growth of DIM-1 and Subsequent Diagenesis 

DIM-1 began growth at approximately 130.2 kyr BP.  This is approximately the time at 

which Vostok temperatures increased to as much as 3°C higher than today (Petit et al., 

1999), and due to large errors on the DIM-1 age model, the start of accretion could also be 

related to the Asian Monsoon Termination at ca. 129.3 ± 0.8 kyr BP (Yuan et al., 2004), and 

the Eemian interglacial, as will be discussed in section 4.3.6.1.2. 

DIM-1 is comprised mostly of calcite, with a change to aragonite occurring immediately 

below a hiatus, followed by a continuation of calcite mineralogy to the (broken) top of the 

stalagmite.  A small, post DIM-1 Holocene growth on the outside of DIM-1, named DIM-3, 

and actively precipitating speleothems in Dim Cave are formed of aragonite.  Interpretation 

of these changing mineralogies is clearly crucial to the interpretation of the climatic signal 

within DIM-1, and pivotal to this process is confirming that all fabrics are primary.  As 

explained in Section 4.4.1.4, the central axis of DIM-1 does not show signs of 

recrystallisation that are immediately obvious.  The outer regions of the stalagmite have a 

different structure.  Aragonite, as confirmed by XRD exists in places but when these layers 

are traced to the central growth axis the mineralogy is calcite.  In thin section, small 

euhedral calcite crystals are common in the calcite parts of DIM-1 (Figure 4.12A), which is 

indicative of reprecipitation (Martín-García et al., 2009). 

Therefore, the interpretation which best fits the evidence is that most, if not all, of the 

calcite in DIM-1 is secondary, having recrystallised from an original aragonite mineralogy.  

This primary aragonite is preserved in one axial region, immediately below the hiatus.  

4.3.6.1.1.1 Aragonite as the Primary Mineral of DIM-1 

Aragonite speleothems have been found in hundreds of ambient temperature caves 

throughout the world (Moore, 1956, Cabrol, 1978, Hill and Forti, 1997, Bar-Matthews et al., 

1991, Frisia et al., 2002, Woo and Choi, 2006).  Aragonite tends to form in warmer caves, 

for example temperatures greater than >12°C have been suggested (Moore, 1956, Cabrol, 

1978, Cabrol and Coudray, 1982, Martín-García et al., 2009, Alonso-Zarza et al., 2011), 

although both polymorphs were able to form at 14.5°C in the Grotte de Clamouse, SW 

France (Frisia et al., 2002).   
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Many researchers have investigated the controlling factors of aragonite growth, such as 

temperature, drip water Mg/Ca ratios, phosphate, sulphate, organics and saturation 

(Moore, 1956, Kitano, 1962, Fyfe and Bischoff, 1965, Berner, 1966, Folk, 1974, Given and 

Wilkinson, 1985, González and Lohmann, 1988, Zhong and Mucci, 1989, Frisia et al., 2002, 

De Choudens-Sánchez and González, 2009, Bar-Matthews et al., 1991, Railsback et al., 

1994).  Aragonite has also been found to precipitate at high pH (Kim et al., 2006), and 

under very fast precipitation rates (Kitano et al., 1962, Kitano and Hood, 1965).  Aragonite 

is sometimes able to precipitate from waters that the carbonate saturation state data 

dictate that only calcite should be able to form (Frisia et al., 2002), indicating that there 

may be threshold effects or interplay of several factors controlling which polymorph of 

calcium carbonate precipitates.  The most important factors in controlling mineralogy 

appear to be temperature, Mg content and  CO3
2--controlled kinetics, with equilibrium 

thermodynamics being of little importance (De Choudens-Sánchez and González, 2009).  

The interplay of these factors will be discussed in Section 4.3.6.1.3, in reference to the 

persistence of the aragonite region in DIM-1.   

 

Aragonite may nucleate at clastic layers and corrosion surfaces in speleothems (Craig et al., 

1984), with clastic layers perhaps occurring when there was insufficient water flow to wash 

them off the speleothem surface (Railsback et al., 1994).  This is unlikely to have been the 

cause for DIM-1 aragonite, as aragonite is interpreted as being the primary mineral for the 

whole of the speleothem, not only the layer which remains now.  Organic macromolecules 

may also act as templates for aragonite precipitation (Hou and Feng, 2005).  This process 

may be of importance, as SLPL imaging revealed that the original aragonite parts of DIM-1 

had high concentrations of fluorescent material, which is most likely to be organics, while 

the recrystallised calcite regions had lost most of this fluorescence.  It is not yet clear why 

fluorescent material was not retained in the secondary calcite.   

 

4.3.6.1.1.2 Replacement of DIM-1 Aragonite by Calcite 

The replacement of aragonite by calcite is a dissolution-reprecipitation reaction, which 

occurs due to the difference in solubility of aragonite and calcite:  At 25°C and one 

atmosphere, the solubility product of aragonite (ksA) is 10-8.22, while the solubility product of 

calcite (ksC) is 10-8.35 (Garrels et al., 1960, 1961), and the more soluble polymorph will be the 

less stable (Fyfe and Bischoff, 1965).  Therefore, recrystallization of aragonite may occur if 

the speleothem is open to water infiltration (Frisia et al., 2002), for example if the 
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speleothem is porous (Frisia et al., 2000) with evidence for dissolution phenomena (Frisia, 

1996).   Replacement occurs at the microscale, and occurs when waters are undersaturated 

in aragonite and saturated in LMC (Maliva et al., 2000, Frisia et al., 2002, Hopley et al., 

2009, Alonso-Zarza et al., 2011).  If waters are just below the saturation point of either 

mineral, micritization will occur, and waters undersaturated with respect to both minerals 

will cause dissolution (Martín-García et al., 2009).  Thus, partial replacement of aragonite 

by the subsequently precipitating calcite indicates dissolution due to variations in solution 

composition (Spötl et al., 2002b).    

 Only a thin film of water (<100 Å) may be necessary to initiate the transformation from 

aragonite to calcite, or neomorphism, in a closed system (Pingitore, 1976, Perdikouri et al., 

2008).  In this process, aragonite dissolves on one side of the film, while calcite 

spontaneously precipitates on the other (Folk, 1965, Kinsman, 1969, Folk and Assereto, 

1976, Pingitore, 1982, Bathurst, 1964, Dodd, 1966, Hopley et al., 2009).  This process is 

known as calcitisation, which is more likely in a closed system, and in which aspects of the 

original aragonite are preserved (Hopley et al., 2009, Woo and Choi, 2006).  A second 

possible method was suggested by Al-Aasm and Veizer (1986b, a), in which two stages 

occur, first dissolution of the aragonite and then cementation of the secondary calcite, 

which destroys all remnants of the original aragonite (Hopley et al., 2009, Woo and Choi, 

2006). 

It is assumed here that it was contact with waters that were undersaturated with respect 

to aragonite that led to dissolution of the aragonite and reprecipitation as calcite, but there 

are other possible causes.  For example, aragonite speleothems which formed in caves that 

subsequently experienced an increase in humidity may undergo calcitisation (Woo and 

Choi, 2006), or changes in the composition and alkalinity of the infiltration water may be a 

cause of recrystallisation (Alonso-Zarza et al., 2011).  The saturation state of drip waters is 

deemed to be the most likely cause, as it accounts for how some of the outer parts of the 

stalagmite could have remained as aragonite while the corresponding central parts of the 

stalagmite were recrystallised, due to the fact that the waters became saturated while 

flowing over the surface. 

The rate of the transformation from aragonite to calcite is dependent on nucleation and 

growth rate of the replacing calcite, not on the dissolution rate of the aragonite (Morse and 

Mackenzie, 1990).  During calcitisation, migration of ions towards incorporation into 

neomorphic calcite is controlled to a large degree by ionic diffusion rates, and not to such 
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an extent by concentrations of such ions in the pore waters (Pingitore, 1982, Woo and 

Choi, 2006).  This may mean that trace elements in DIM-1 are not recording the 

concentration of the waters which lead to recrystallisation, but retain information from the 

primary aragonite.  This trend will be modulated by uptake rates; for example as calcite 

grows it tends to preferentially accept ions smaller than Ca2+, while aragonite will accept 

divalent cations the size of Ca2+ or larger, such as Sr2+(Fyfe and Bischoff, 1965, Speer, 1983).  

Indeed strontium substitutes ideally for calcium in aragonite (Finch and Allison, 2007), 

leading to high concentration of Sr in aragonite (Bar-Matthews et al., 1991, Spötl et al., 

2002b, Ortega et al., 2005).   Sr concentration will thus be much lower in the reprecipitated 

calcite, in line with other speleothem records such as that of Cabrol (1978).   

As the U/Th ages for calcitic samples of DIM-1 appear to be only slightly too old (as a 

percentage of the true age), it appears that recrystallisation of the primary aragonite may 

have happened soon after it was initially precipitated, perhaps within the same wet season 

or at the beginning of the next.  The most likely cause of this diagenetic process is periods 

of high infiltration, similar to the “flushing” model suggested by Lachniet et al. (2012).  

DIM-1 formed of primary aragonite at a time when its feeding drip water was saturated 

with respect to aragonite.  At some time afterwards (probably soon afterwards, as the U/Th 

system is in places only slightly disturbed), a rapid “flushing” of dripwater into the aquifer 

due to increased precipitation led to lower water/rock interaction times in the aquifer, thus 

producing cave waters which were undersaturated with respect to aragonite.  When these 

waters reached the tip of DIM-1, they dissolved the metastable aragonite, after which they 

became saturated with respect to calcite but not aragonite, thus favouring recrystallisation 

as calcite, the stable polymorph, in the same location.   

 

Mg/Ca of the dripwater would have had to have been low at this time, as Mg2+ inhibits 

calcite growth .  At low Mg/Ca ratios and low supersaturation values, calcite is able to 

compete with aragonite for reactants due to its higher growth rate (De Choudens-Sánchez 

and González, 2009). Increased precipitation could result in low dripwater Mg/Ca, through 

the mechanisms of decreased water/rock reaction times, which would be further 

decreased if flushing events led to a change in hydrological routing so that conduit flow 

dominated (Cruz et al., 2007, Fairchild and Treble, 2009), a reduction in the amount of PCP 

occurring in the epikarst, as this would reduce the amount of Ca removed while Mg stayed 

in the groundwater (Fairchild et al., 2006, Cruz et al., 2007), and a reduction in the amount 

of dolomite dissolution relative to that of calcite in the epikarst due to its slower 
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dissolution (Fairchild and Treble, 2009).  Once calcite has achieved nucleation, presence of 

Mg2+ in the solution will have little or no affect on the progress of transformation to calcite 

(Morse and Mackenzie, 1990).   

This process of primary aragonite being precipitated by waters saturated with respect to 

aragonite, then subsequently dissolved by waters undersaturated with respect to aragonite 

during a period of high rainfall, and recrystallised as calcite, is interpreted as the mode of 

formation for the majority of DIM-1, and is summarised in Figure 4.52 (T0-T2).  However, 

aragonite was able to persist in the region preceding the hiatus (and also above the hiatus 

in outer portions of the stalagmite).  For this to happen, it is necessary that arid conditions 

continued after the precipitation of the aragonite layer which still remains, so that the 

stage of dissolution by waters undersaturated with respect to aragonite was delayed.  The 

hiatus occurs at this point, supporting the view that there was a reduction in drip rate at 

this time.  When waters became undersaturated with respect to aragonite again, and 

dissolution of the aragonite and recrystallisation as calcite recommenced, the percolating 

waters could not penetrate deep enough to dissolve all of the aragonite which had been 

deposited since the last phase of recrystallisation had occurred.  Therefore, the aragonite 

region was protected, and the previous growth mode of precipitation-dissolution-

recrystallisation continued above it.  The survival of some aragonite above the hiatus, but 

not as complete layers and only in outer portions of the stalagmite, indicates that the 

waters that recrystallised this depth of DIM-1 were only slightly undersaturated with 

respect to aragonite, and that they quickly gained saturation with respect to aragonite as 

they flowed over the stalagmite surface.   This process is summarised in Figure 4.52 (T3-T7).  

 

Diagenetic alteration has important implications for interpretation of the stable isotopes in 

DIM-1, as the oxygen isotope fractionation factors for aragonite and calcite as they 

precipitate from fluids are different (Lachniet, 2009). 
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DIM-1 

T 0:  Cave Setting 

Waters 

undersaturated  

with respect to 

aragonite 

T 2:  Aragonite-

dissolving conditions 

(high flow) 

 

Recrystallised calcite 

from previous seasons 

Growth of T1 

recrystallised as calcite 

Figure 4.52 This page and following page 
The growth and recrystallisation of DIM-1.  Not to scale.  Processes and geometry are simplified. 
 
T0: DIM-1 as it would have grown in the cave setting. 
T1: A layer of primary aragonite is precipitated during the wet season from dripwaters that are saturated with respect to aragonite. 
T2: Either later in the same wet season, or at the beginning of the next year’s, water flow is higher than in T1, leading to waters that are undersaturated with respect to aragonite.  These 
waters dissolve the aragonite precipitated during T1 as they flow over the speleothem surface, and the layer is reprecipitated as secondary calcite. 
T3:   Flow returns to conditions which promote waters saturated with respect to aragonite, resulting in another layer of primary aragonite. 
T4:  Conditions become more arid, so that there is no period of high flow producing dripwaters undersaturated with respect to aragonite that would recrystallise the aragonite layer formed 
in T3.  Instead, waters saturated with respect to aragonite form another layer of aragonite on the speleothem surface. 
T5: As conditions start to return to wetter conditions, waters slightly undersaturated with respect to aragonite dissolve the aragonite precipitated in T4 at the tip of the stalagmite.  As they 
do so, because they are only slightly undersaturated with respect to aragonite, they become saturated before they reach the flanks of the stalagmite.  Thus, the aragonite formed during T4 
on the flanks of the stalagmite remains. 
T6:  A period of waters saturated with respect to aragonite results in a new layer of aragonite being deposited. 
T7:  Higher flow leads to dripwaters undersaturated with respect to aragonite, which dissolve and recrystallise the aragonite layer deposited during T6 as calcite.  The aragonite layer 
deposited during T3, and the aragonite sections created on the flanks during T4-5, are preserved and protected by the surrounding calcite, and therefore persist as the rest of the 
speleothem is formed by an alternating cycle of aragonite layer precipitation and subsequent dissolution and recrystallisation of that layer as calcite. 

  

Waters saturated 

with respect to 

aragonite 

T 1:  Aragonite-

forming conditions 

Recrystallised calcite 

from previous seasons 

Primary aragonite 

growth of current 

season 



  

177 
 

  

T 6:  Aragonite-forming conditions T 7:  Aragonite-dissolving conditions 

T 4:  Aragonite-forming conditions (NO DISSOLVING PERIOD) 

Waters saturated 

with respect to 

aragonite 

Recrystallised calcite 

from previous seasons 

Primary aragonite  

growth of T3 

Growth of T1  

recrystallised as calcite 
Primary aragonite  

growth of current season 

T 5:  Aragonite-dissolving conditions, waters slightly undersaturated 

Recrystallised calcite 

from previous seasons 

Primary aragonite  

growth of T3 
Growth of T1  

recrystallised as calcite 

Primary aragonite  

growth of T4 

Waters saturated 

with respect to 

aragonite 

Waters 

undersaturated with 

respect to aragonite 

Growth of T4 recrystallised as calcite 

Recrystallised calcite 

from previous seasons 

Primary aragonite  

growth of T3 
Growth of T1 and T6  

recrystallised as calcite 

Primary aragonite  

growth of T4 

Waters 

undersaturated with 

respect to aragonite 

Growth of T4 recrystallised as calcite 

Recrystallised calcite 

from previous seasons 

Primary aragonite  

growth of T3 + T6 
Growth of T1  

recrystallised as calcite 

Primary aragonite  

growth of T4 

Waters saturated 

with respect to 

aragonite 

Growth of T4 recrystallised as calcite 

Waters saturated 

with respect to 

aragonite 

T 3:  Aragonite-

forming conditions 

Recrystallised calcite 

from previous seasons 

Primary aragonite 

growth of current 

season 

Growth of T1 

recrystallised  

as calcite 

Figure 4.52 Continued.  Figure description on previous page. 



  

178 
 

-8 

-7.5 

-7 

-6.5 

-6 

-5.5 

-5 

-4.5 

-4 

δ
1

8 O
  ‰

 (
V

P
D

B
) 

 

-16 

-14 

-12 

-10 

-8 

-6 

-4 

-2 

126.5 127 127.5 128 128.5 129 129.5 130 130.5 

δ
1

3 C
 (

‰
 V

P
B

D
) 

Age (kyr BP) 

 

 

4.3.6.1.2 The Eemian Record in DIM-1 

 

Figure 4.53 A shows DIM-1 δ18O with a 10-point running mean to make identification of 

trends easier.  At approximately 128.6 ± 0.7 kyr BP, δ18O began a trend to more negative 

values, with the culmination of the trend occurring at 128.4 ± 0.7 kyr BP.  This trend most 

likely reflects an increase in precipitation.  Figure 4.53 B shows DIM-1 δ13C with a 10-point 

running mean.  δ13C data for DIM-1 suggests that warm, wet conditions may have been 

reached slightly earlier, with the trend to more negative values beginning at ca 128.9 ± 0.7 

kyr BP, and reaching a plateau of low values at ca 128.7 ± 0.7 kyr BP.     This date for the 

onset of warm-wet conditions is very similar to the chronology suggested by a speleothem 

from Antro del Corchia, Italy, in which the change occurred at 128.6 ± 0.7  (Drysdale et al., 

2005) (Figure 4.54). 

  

Figure 4.53 δ
18

O (green line) and δ
13

C (purple line) data for DIM-1 with 10-point running mean. 
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Figure 4.54:  Comparison of δ
18

O record of DIM-1 (red and green lines) with several other records from MIS 5e; 
Purple line = Soreq Cave, Israel (Grant et al., 2012), Black line = Corchia Cave, Italy (Drysdale et al., 2009), Blue 
line = Bourgeouis-Delaunay Cave, France (Couchoud et al., 2009). 
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Soreq Cave in Israel experienced intense rainfall associated with sapropel S5 at ca. 128-121 

kyr BP (Bar-Matthews et al., 2003, Grant et al., 2012).  Sapropel S5 occurred at ca. 125 kyr 

BP, at which time climate in the eastern Mediterranean favoured forest growth (Cheddadi 

and Rossignol-Strick, 1995).  Orbital tuning gives S5 an age of ~120 kyr BP (Hilgen, 1991), 

while dating via the Monsoon Index gives an age of ca. 127 kyr BP (Rossignol-Strick and 

Paterne, 1999).  At the time of S5, it appears that the west-east atmospheric gradients 

changed in the Mediterranean (Plagnes et al., 2002).  Sapropel S5 occurred after the 

deglaciation, and therefore could not have been caused by increased melt water discharge, 

thus increased precipitation is a possible candidate, especially as north-eastern 

Mediterranean pollen data support the proposal of a wet climate at the time of Sapropel S5 

(Bar-Matthews et al., 2003, Cheddadi and Rossignol-Strick, 1995).   

 

The positive covariation between δ18O and δ13C in DIM-1 is unlikely to have been caused by 

a change in the seasonal pattern of rainfall, as this would produce anti-correlated δ18O and 

δ13C in cases of both winter-to-summer-dominated and summer-to-winter-dominated 

regime changes (Couchoud et al., 2009). 

4.3.6.1.3 The Aragonite Region and Hiatus 

The section of DIM-1 which incorporates the primary aragonite region and the hiatus is 

interpreted as recording an arid phase.  There are several reasons for this, derived from 

multiple proxies.  Figure 4.55 shows variations in Mg/Ca, Sr/Ca, δ13C, δ18O and 87Sr/86Sr for 

the time period 128.5 kyr BP – 127.5 kyr BP.  Aragonite has previously been used as an 

indicator for aridity (Denniston et al., 2000, McMillan et al., 2005), although in these cases 

aridity caused a switch in primary mineralogy from calcite to aragonite.  Similar principles 

apply in the case of DIM-1 however, despite the fact that it is persistence of the primary 

aragonite that is the indicator for aridity.  This conclusion assumes that recrystallisation in 

others parts of the speleothem is only due to increased precipitation soon after the original 

aragonite growth, which may be over-simplistic as recrystallisation may happen long after 

the original growth if the recrystallising waters can penetrate deep enough into the 

speleothem.   

There is also a possibility that some of the calcite may be primary, as the Mg/Ca and Sr/Ca 

values are within the expected ranges of primary calcite precipitation from the Dim Cave 

drip waters.  If this were the case, the aragonite layer would be interpreted as being caused 

by an arid interval for the simpler reason that longer residence times would raise Mg/Ca 

values in the drip waters, restricting calcite growth and encouraging aragonite growth.  An 

A 

B 
B 

A 



  

181 
 

increase in Mg/Ca that occurs immediately before the hiatus could then be interpreted in 

terms of PCP, which would also indicate increased aridity.  High resolution petrographic 

analysis of the calcite of DIM-1, particularly immediately before and after the hiatus, would 

be a vital next step to determine the cause of the aragonite layer in DIM-1.    

The start of the arid interval occurs at ca. 128.1 kyr BP, as shown by the beginning of a 

trend to less radiogenic values in the 87Sr/86Sr data, a trend to more positive values in the 

δ13C data and a reduction in stalagmite width by approximately 50%.  Less radiogenic 

87Sr/86Sr values indicate that there is a larger contribution of bedrock-derived Sr, which 

would result from increased residence times arising from reduced precipitation.  This 

interpretation is the same as that reached by Banner (1996), who suggested that where 

there is a climatic control on fluctuations between soil and host-rock contributions to 

groundwater Sr, during periods of high E/P (i.e. low recharge) cave waters (and so 

speleothems) will carry more of a bedrock 87Sr/86Sr signature, due to long residence time 

(leading to increased water-rock interaction time) and predominantly conduit pathway 

flow.   

 

More positive δ13C values also indicate a reduction in rainfall, as either a reduction in soil 

microbial activity or vegetation density, or a shift to a higher proportion of C4 plants, which 

thrive in drier conditions, would lead to an increase in δ13C (Dorale et al., 1992, Bar-

Matthews et al., 1997, Baldini et al., 2005, Fairchild et al., 2007, Baker et al., 1997, Genty et 

al., 2003, Fleitmann et al., 2009).  This shift occurs very rapidly, but this does not exclude 

vegetation change as a possible cause, as Fleitmann et al. (2009) inferred that large shifts in 

vegetation  occurred in Northern Turkey in only a few decades to centuries during 

Holocene Greenland interstadials. The high δ13C in the DIM-1 aragonite layer also occurs at 

a time of high δ18O, which may indicate kinetic effects such as prolonged degassing or 

evaporation, which would contribute to the high δ13C values.  This process was previously 

suggested by Frisia et al. (2002), although other caves which might be expected to show 

highly evaporative conditions do not always show coenrichment of δ13C and δ18O (Bar-

Matthews et al., 1991, Hopley et al., 2009).   
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Figure 4.55 
The expression of an arid phase in DIM-1 in multiple proxies: Mg/Ca (royal blue line), Sr/Ca (dashed purple 
line), δ

13
C (navy line, with aragonite region in orange), δ

18
O (red line, with aragonite in green), 

87
Sr/

86
Sr (black 

line).  Pink dashed vertical line indicates the beginning of aridity; gray dashed vertical line indicates the 
beginning of the return to wetter conditions.  
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Previous studies have shown that speleothem growth rate decreases as a result of 

cold/arid intervals (Baker et al., 1993b, Asrat et al., 2007), due to reduction in 

biomass/bioproductivity above the cave (Baldini et al., 2005).  Therefore the reduction in 

width of DIM-1 leading up to the aragonite region also supports aridity. 

At the time this increased aridity trend began, the aragonite which was being precipitated 

was still subsequently being recrystallised as calcite.  However, as aridity intensified, prior 

precipitation of aragonite would have increased upflow of DIM-1.  Prior precipitation is 

enhanced during times of low water recharge, as water-rock contact times are increased 

(Fairchild et al., 2000, Fairchild and McMillan, 2007).  Prior precipitation causes cations to 

be removed  from the precipitating solution in the proportion they are incorporated into 

calcite (Holland et al., 1964).  As distribution coefficients for trace elements are typically far 

less than 1, following prior precipitation Ca will be reduced to a much greater degree than 

trace elements such as Mg.  Therefore, as aridity progresses, Mg concentration in the drip 

waters will have increased.  Increased drip-water Mg concentration has previously been 

shown to arise as result of low water availability (e.g. Bar-Matthews et al., 1991, Frisia et 

al., 2002, Polyak and Asmerom, 2001, Railsback et al., 1994).  Prior calcite precipitation can 

increase Mg/Ca to the point at which aragonite is the favoured polymorph (Frisia et al., 

2002, Spötl et al., 2002b).  This is important because it has been previously shown that 

wetted aragonite speleothems may not undergo recrystallisation to calcite, if aragonite-

forming conditions persist, such as high fluid  Mg2+ (Frisia et al., 2002).    

 Incorporation of Mg2+ into the calcite crystal lattice increases as solution Mg2+ increases 

(Davis et al., 2000).  High levels of Mg2+ in the lattice then inhibit calcite nucleation.  Mg2+ 

directly modifies calcite surface morphology, by altering the orientation of steps on the 

growth surface (Davis et al., 2004), leading to a reduction in the rate of step growth via an 

increase in solubility (Davis et al., 2000).  The increase in solubility prevents the growth of 

calcite nuclei beyond subcritical size (Reddy and Wang, 1980). 

While calcite growth is reduced, the presence of high Mg does not inhibit aragonite 

precipitation as Mg incorporation into aragonite is much lower than in calcite (Fyfe and 

Bischoff, 1965, Berner, 1975, Mucci and Morse, 1983, Davis et al., 2000).  High Mg2+ 

content in fact promotes aragonite precipitation (Murray, 1954, Fyfe and Bischoff, 1965, 

Davis et al., 2000, Lippmann, 1973, Gutjahr et al., 1996), allowing aragonite precipitation to 

occur even if the water was at low saturation, or in fact undersaturated with aragonite 

(Frisia et al., 2002). 
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However, high Mg/Ca is insufficient to initiate aragonite nucleation on its own, although it 

is accepted as being the prime factor (Hill and Forti, 1997); other factors such as drip rate, 

growth rate,  degassing, temperature, salinity, presence of SO4
2-, HPO4

2-, organics, 

evaporation and ion transport mechanism , must be considered (Cabrol, 1978, Given and 

Wilkinson, 1985, Frisia et al., 2002, Zhong and Mucci, 1989).   The existence of at least one 

other controlling factor is supported by the fact that studies seeking to pinpoint the 

dripwater Mg/Ca value at which aragonite will outcompete calcite have returned very 

different values.   Solution Mg/Ca may only need be as high as 0.4 for aragonite to 

precipitate under certain conditions, such as 10°C, pH 7 (Filipov, 1990), while as a general 

rule, in order for aragonite to be precipitated, drip water Mg/Ca must be in excess of 1.0 

(Folk, 1994, Morse et al., 1997, González and Lohmann, 1988).  There is also disagreement 

about whether there is an upper limit;  Frisia et al. (2002) found that in the Grotte de 

Clamouse, France, aragonite precipitated from fluids with Mg/Ca higher than 1.1, but lower 

than 2.06 as above this no aragonite was found to precipitate.  This is contradicted by 

Fischbeck and Müller (1971), who found that aragonite was the main polymorph to form at 

Mg/Ca of 2.91, and at 4.36 it was the only polymorph.     

Further aragonite precipitation will raise solution Mg/Ca further still, as Mg2+ is adsorbed 

up to 40 times less in aragonite than in calcite (Mucci and Morse, 1985) due to the different 

partitioning behaviour of aragonite (Morse and Mackenzie, 1990, Hill and Forti, 1997, Spötl 

et al., 2002b, McMillan et al., 2005), unless the aragonite structure is significantly relaxed, 

or nanodomains contain an Mg-rich phase (Finch and Allison, 2007).  As a result, aragonite 

speleothems are found to contain little or no Mg (McMillan et al., 2005, Martín-García et 

al., 2009).  Aragonite precipitation also lowers the saturation of the waters, until calcite 

growth is no longer possible, whereas high supersaturation could have allowed calcite 

precipitation at high levels of drip water Mg/Ca (Mg/Ca >1) by elevating growth rates 

beyond the influence of calcite nuclei inhibition by Mg2+  (Fernández-Díaz et al., 1996, De 

Choudens-Sánchez and González, 2009).   

This indicates that the degree of solution supersaturation exerts a strong control over 

speleothem mineralogy by controlling mineral growth rates (De Choudens-Sánchez and 

González, 2009), and in fact a combination Mg/Ca ratio and supersaturation of dripwaters 

have been shown to essentially control mineralogy (Given and Wilkinson, 1985, Fernández-

Díaz et al., 1996, De Choudens-Sánchez and González, 2009).  Importance of saturation is 
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so strong that while calcite can compete with aragonite for reactants at low Mg/Ca and low 

supersaturation (De Choudens-Sánchez and González, 2009), aragonite may precipitate 

from waters with low/no Mg under conditions of very high supersaturation (González and 

Lohmann, 1988), or if sudden loss of CO2 results in instantaneous aragonite supersaturation 

(Chafetz et al., 1991).  Hydrochemical conditions within Vinschgau Valley, NW Italy led to 

differing saturation states at different sites, so that both calcite and aragonite could form 

synchronously within the same valley (Spötl et al., 2002b).   Saturation was also found to 

affect the threshold at which Sr becomes an inhibitor to calcite growth (Wasylenki et al., 

2005). 

During the period of time that the surviving aragonite region was precipitated, dripwater 

Mg/Ca remained high due to the prolonged aridity, and so aragonite was able to continue 

precipitating and not undergo recrystallisation even though the speleothem may have 

become wetted.  However, it does appear that soon after the beginning of the aragonite 

region’s growth, precipitation began to increase.  This is indicated by the fact that 87Sr/86Sr 

began increasing away from bedrock values at approximately 127.75 kyr BP, indicating an 

increase in water-rock interaction due to increased residence times.  Almost synchronously, 

δ13C began to return to more negative values, indicative of an increased density of 

vegetation and the soil layer, and a higher proportion of C3 vegetation.  Sr/Ca began to 

reduce slightly at this time also.  Despite these signals of reduced aridity, primary aragonite 

continued to persist.  This is due to the fact that Mg/Ca levels in the dripwater were still 

high enough following the initial aridity, compounded by removal of Ca with only small 

amounts of Mg as aragonite precipitated, that calcite growth was not possible, even as 

Mg/Ca levels began to be lowered as a result of the increased precipitation flux.  This 

suggests that there may be lags involved with the response of crystallography to 

precipitation variations due to threshold effects, as also found by McMillan et al. (2005) in 

the Grotte de Clamouse, S France.  As a result, other, more direct proxies, should be used 

to interpret the exact timing of changes in rainfall amount. 

By approximately 127.6 kyr BP, dripwater Mg/Ca had reduced enough to allow calcite 

precipitation, so recrystallisation of the aragonite resumed.  The δ13C equilibrium 

separation factor between aragonite and calcite is 1.7 ± 0.4‰, and is independent of 

temperature between 10 and 40°C (Romanek et al., 1992).  The decrease in δ13C at the 

change is greater than this, indicating that it is not only the differing mineralogy that 

caused the large difference.  There may also be some change associated with the 
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recrystallisation process, but as values of the secondary calcite are likely to be somewhere 

between the values of the original mineral and the recrystallising fluid, the values should 

still be representative of conditions during the period of speleothem growth and 

recrystallisation.   

Before the return to the cycle of recrystallisation took place, however, a growth hiatus 

occurred.  Both δ13C and 87Sr/86Sr show no record of a reversal in the trend to increased 

precipitation, but it is extremely likely that an arid event of some kind occurred to cause 

the hiatus.  As the length of time in which the aragonite region was precipitated was ca. 

120 years according to the age model, and the sample resolution of δ13C is only 1 sample 

per approximately 10 years (and far coarser resolution for 87Sr/86Sr), it is possible that the 

event was of such short duration it was not picked up in the proxies.  High resolution 

analysis of the section of growth immediately preceding the hiatus could potentially shed 

some light on this, so would be an interesting direction for further work. 

Above the hiatus, recrystallisation of the aragonite as calcite continued to the (broken) top 

of the stalagmite, with the exception of the surviving areas of aragonite in the outer 

regions of the stalagmite, as discussed above. 

The existence of the arid phase in DIM-1 suggests climate instability in SW Turkey during 

early MIS 5e.  The Last Interglacial is now known to have shown climatic variability, rather 

than stability (Seidenkrantz et al., 1995, Guiot et al., 1993, Field et al., 1994, McManus et 

al., 1999, Muller et al., 2005, McManus et al., 1994, An and Porter, 1997, Grootes et al., 

1993). At least two oscillations of sea water cooling to ca. 2°C cooler than today occurred 

during MIS 5e (Knudsen et al., 2002).  These events were associated with the repeated 

southward expansion of polar waters, implying repositioning of an oceanic front at the 

boundary between surface currents which originated in the subtropical Atlantic and Arctic 

(McManus et al., 1994).  These episodes correlate with previously identified changes on the 

Greenland ice sheet (Dansgaard et al., 1993, Grootes et al., 1993).  There is also evidence 

for SST fluctuations in the Nordic seas at ca. 127-126 ka, 122-121 ka and 117 ka BP (Fronval 

and Jansen, 1996).  A combined isotopic and palynological record from Ioannina, Greece 

indicates a change to wetter conditions at 127.3 ka BP, warmer/drier conditions occurring 

at 126.8 and 125.7 ka BP, a change to cooler/wetter conditions at 123.6 and 120.3 ka BP 

and colder/drier conditions at 114.2ka BP (Tzedakis et al., 2003a).   
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Speleothem records from SW France and Italy also display suborbital climate variability 

during MIS5e (Couchoud et al., 2009, Drysdale et al., 2009).  Millennial-scale fluctuations in 

δ18O were found to be closely matched but lagged by changes in δ13C in a speleothem 

record of MIS 5e from Bourgeouis-Delaunay, La Chaise de Vouthon, SW France (Couchoud 

et al., 2009).  The lags were interpreted as responding to the fact that a rainfall δ18O signal 

is transported to a speleothem far faster than soil and vegetation above a cave respond to 

climatic change and transmit a corresponding change in δ13C to the dripwater and 

subsequently the speleothem (Couchoud et al., 2009).  Warm-wet conditions persisted at 

Antro del Corchia, Italy, during the period ~128.3 – 126.5 kyr BP, with a dry episode ~126.5 

– 125.2 kyr BP. (Drysdale et al., 2005, Drysdale et al., 2009).  A dry episode in the French 

record at ~128.2 – 127.9 kyr BP appears to very closely match the arid phase recorded in 

DIM-1, which is interpreted as beginning at 128.1 kyr BP.  However, the errors in the DIM-1 

age model are large enough that matching the arid interval recorded by DIM-1 to any 

specific arid interval in the Bourgeouis-Delaunay record is over optimistic; therefore it is 

more realistic to infer that DIM-1 responded to millennial scale variability during MIS 5e, as 

seen by other authors.  Similarly, it is tempting to relate a reversal in the trend towards 

more negative values at Soreq Cave (Grant et al., 2012) at ca. 127 kyr BP to the arid interval 

in DIM-1, however again the age errors preclude such exact matches (especially as at this 

point of the Soreq chronology, the errors on the ages are of the order of 2kyr).      

 

4.3.6.2 DIM-3 

4.3.6.2.1 Absence of the 8.2 kyr Event 

Low δ18O values are recorded during the period ca. 8.1 – 8.5 kyr BP in speleothems from 

Ernesto Cave (McDermott et al., 1999) and Savi Cave (Frisia et al., 2005) in Italy, and Soreq 

Cave (Bar-Matthews et al., 1999, 2000, 2003) in Israel.  This time period corresponds to the 

8.2 kyr Event and cooling caused by fluctuations in solar output (Street-Perrott and Perrott, 

1990, Goodfriend, 1991, Rohling and Palike, 2005).  However, not all records from the 

eastern Mediterranean show this event; for instance there is no clear evidence for it in a 

speleothem record from Jeita Cave, Lebanon (Verheyden et al., 2008)  Although DIM-3 

doesn’t cover this interval, the fact that growth began approximately when this period 

ended may suggest that conditions were also too dry for speleothem precipitation at Dim 

Cave.  This assumes that DIM-1 had already toppled, and was positioned underneath the 

drip that DIM-3 precipitated from, but this can’t be proven.  It is also possible that some 
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growth occurred during the early Holocene on DIM-1, but that this growth was lost when 

the stalagmite was broken.  

4.3.6.2.2 The Growth of DIM-3 

The entirety of DIM-3 is primary aragonite, whereas DIM-1 precipitated as aragonite which 

was then subsequently reprecipitated as calcite in the majority of the speleothem.  As 

detailed above, this recrystallisation is interpreted as indicating that the rainy season was 

sufficiently wet, as the presence of a fluid undersaturated with aragonite is necessary for 

recrystallisation of aragonite.  Therefore we can infer that conditions in SW Turkey were 

drier during the early Holocene than the early last interglacial.  This is supported by 

reduced growth rate in DIM-3 compared to DIM-1, and the fact that δ18O values in DIM-3 

are more positive (-3.9 to -5 ‰) than the primary aragonite in DIM-1 (-4.7 to -5.5 ‰). 

Although the early Holocene appears to have been drier than early MIS 5e, it also may have 

been wetter than the rest of the Holocene.  As discussed above, it cannot be proven that 

DIM-1 fell in time for DIM-3 to record the earliest Holocene, and it also cannot be proven 

that tectonic activity did not cause DIM-1 to roll out of the path of the drip that 

precipitated DIM-3.  However, for the purposes of this interpretation we will assume that 

DIM-3 was underneath its feeding drip for the entirety of the Holocene, and therefore that 

the period of growth of DIM-3 represents a pluvial period within a more arid Holocene.  

This time period correlates with a pluvial period documented across the eastern 

Mediterranean know as the Early Holocene Wet Period. 

4.3.6.2.2.1 The Early Holocene Wet Period  

The early Holocene in the eastern Mediterranean and Levant region was a wet period, and 

appears to have been the wettest phase of the last 25,000 years in the region (Robinson et 

al., 2006; their Fig 15D and references therein).  This period is sometimes referred to as the 

‘Holocene Optimum’ (e.g. Peyron et al., 2011).  A substantial increase in precipitation over 

the Mediterranean basin would likely have been associated with a reorganization of 

regional atmospheric circulation, (e.g. Zanchetta et al., 2007). 

 Speleothem records indicate that conditions were wet during the early Holocene in Israel 

at Jerusalem cave (Frumkin et al., 2000) and from 8.5 – 7 kyr BP at Soreq Cave (which 

experienced rainfall double that of today) (Bar-Matthews et al., 1997, 1999, 2000, 2003, 

Ayalon et al., 1999), from 9.2 - 6.5 kyr BP at Jeita Cave in Lebanon (Verheyden et al., 2008), 

from 8.9 – 7.3 kyr BP at Antro del Corchia, Italy (Zanchetta et al., 2007), from 8.2 – 7.1 kyr 

BP at Renella Cave in central Italy (Zhornyak et al., 2011), approximately 8.9 kyr BP in NW 
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Italy (Spötl et al., 2002b), and from ~8.5 – 7.5 kyr BP in Sicily (Frisia et al., 2006).  In Oman, 

there is evidence for a pluvial period from 10.5 – 6 kyr BP from speleothems (Burns et al., 

1998, Fleitmann et al., 2003b) and travertines and fracture calcites (Clark and Fontes, 

1990).  A pluvial period also occurred in the nearby Arabian Peninsula during the period ca. 

9 – 6 kyr BP (McClure, 1976). 

In addition to speleothem records, several other proxies indicate more pluvial conditions in 

the eastern Mediterranean and Middle East during the early Holocene, such as pollen 

records from SW Turkey (Vermoere et al., 1999), Syria and Israel (Rossignol-Strick, 1995),  

the Tenaghi Philippon in Greece and Lake Accesa in Italy (Peyron et al., 2011), Sicily (Sadori 

and Narcisi, 2001), the Zagros Mountains, Iran (Wright et al., 1967, Van Zeist and Bottema, 

1977, Stevens et al., 2001) and the African tropics (Gasse, 2000); high lake stands in North 

Africa (Street and Grove, 1979, COHMAP Members, 1988, Magny et al., 2002), East Africa 

(Butzer et al., 1972),  and SW Libya (Armitage et al., 2007); lacustrine records from Turkey 

(Van Zeist and Woldring, 1978, Lemcke and Sturm, 1997, Leng et al., 1999, Wick et al., 

2003, Roberts et al., 2001) the Yammouneh basin, Lebanon (Develle et al., 2010), the 

Arabian Peninsula (McClure, 1976), the Balkan Peninsula (Leng et al., 2010), and Lake Lisan 

and the Dead Sea (Neev and Hall, 1979, Frumkin et al., 1991, Migowski et al., 2006); 

southward migration of the desert boundary in Israel (Goodfriend, 1991, Goodfriend, 

1999); palaeostream deposits in the Wadi Faynan, Jordan (McLaren et al., 2004); and 

palaeosols on the Israeli coastal plain (Gvirtzman and Wieder, 2001). 

This pluvial period did not necessarily prevail over the entire Mediterranean region, as 

(Jalut et al., 2009) explained; various regional climates were able to prevail during the 

period, such as an attenuated oceanic type in the Western and Central Mediterranean.  For 

instance, in Morocco the early Holocene was a dry period (Cheddadi et al., 1998), and 

isotopic and pollen data from Lake Gölhisar, southwest Turkey (further west than Dim 

Cave), suggest that the period 8.9 – 6.8 kyr BP was an arid interval in the area (Eastwood et 

al., 2007).  However, the authors also indicate that isotopic fluctuations during the period 

8800-5100 cal. yr BP suggest oscillations between aridity and humidity.  It is possible that 

DIM-3 also records fluctuations in aridity, as both the δ18O and 87Sr/86Sr data oscillate. 

The deposition of sapropel 1 (S1) in the Eastern Mediterranean basin also suggests 

increased regional runoff  at this time (Kallel et al., 1997b, Melki et al., 2010).  A sapropel is 

a thin, black, often laminated, discrete layer of organic-rich sediment devoid of benthic 

organisms, deposited at large scale (Eastern Mediterranean basin wide) in response to 
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enhanced rainfall and freshwater continental runoff (Bar-Matthews et al., 2000, Emeis et 

al., 2000).  Sapropels were deposited at times when the eastern Mediterranean deep 

waters were anoxic, which is believed to have been induced by stratification of the water 

column driven by a low-salinity surface layer (Rossignol-Strick et al., 1982, Rossignol-Strick, 

1985, Rohling and Hilgen, 1991, Rohling, 1994, Kallel et al., 1997b, Bosch et al., 1998, 

Passier et al., 1999).  Sapropel intervals correlate closely with Northern Hemisphere 

insolation maxima, precession minima, and periods of decreasing ice volume, implying that 

deep water anoxia in the eastern Mediterranean Sea is linked to climate (Cita et al., 1977, 

Vergnaud-Grazzini et al., 1977, Rossignol-Strick, 1983, 1985, Hilgen, 1991, Lourens et al., 

1996, Calvert and Fontugne, 2001).   

The formation of S1 was the only time in the past 18 kyr BP that hydrological changes in the 

North Atlantic Ocean and Mediterranean Sea were not directly connected (Kallel et al., 

1997b, Kallel et al., 1997a).  Estimates for the length of S1 vary; analysis of ODP sites 969, 

967 and 964 led Emeis et al. (2003) to suggest a duration of ca 9.5 – 7 Kyr, while a longer 

estimate of ca. 10.8 – 6.1 kyr BP was reached by De Lange et al. (2008) following analysis of 

a suite of cores covering the eastern Mediterranean basin.  Bar-Matthews et al. (2000) 

suggest that eastern Mediterranean speleothem low δ18O events may bracket the 

maximum duration of sapropel events as they both reflect an increase in annual rainfall, 

and sapropel formation has a number of issues which affect interpretation of the length of 

the pluvial phase, such as diagenetic re-oxidation and mobilization processes (e.g. Wilson 

et al., 1985, Pruysers et al., 1991), and the fact that formation lags precipitation increase 

due to a critical threshold of flooding while speleothem δ18O has a much more immediate 

response (Bar-Matthews et al., 2000). 

A brief return to deep-water ventilation is inferred from an interruption in S1 deposition, 

observed at many eastern and central Mediterranean marine sites (Rohling et al., 1997, De 

Rijk et al., 1999, Ariztegui et al., 2000, Myers and Rohling, 2000, Giunta et al., 2003).  The 

reversal is believed to have lasted from ca. 500 – 150 years during the period ca. 8.0-7.5 kyr 

BP (Ariztegui et al., 2000), and may have been caused by a brief cooling event that allowed 

some deep and intermediate water circulation to resume (Myers and Rohling, 2000).  

Evidence for a short dry event on land at ca. 8 kyr BP has also been reported from Soreq 

Cave (Bar-Matthews et al., 1997, 1999), the Negev desert (Goodfriend, 1988, Goodfriend, 

1991) and tropical locations in Africa and Arabia (Street-Perrott and Perrott, 1990).  The 

fact that DIM-3 only begins deposition at approximately this time makes it very hard to 
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identify the imprint of  a dry event in the DIM-3 record, however it is possible that the 

timing of initiation of growth is a reflection of the end of a dry period, as conditions only 

became suitable for speleothem growth after such an event.  It is not clear whether growth 

did not occur before the arid event because conditions were not wet enough at Dim Cave 

to allow speleothem growth, or whether DIM-1 may have fallen over at this time. 

4.3.6.2.2.1.1 Causes of the Pluvial Period 

Wet conditions in the eastern Mediterranean may have been related to the enhanced 

African monsoon during a period of high insolation, or by a greater frequency of storms 

tracks into the area (Stevens et al., 2001),  or due to the fact that the ITCZ shifted to the 

north by approximately 500 km at this time (McClure, 1976, Sirocko et al., 1993, Fontes et 

al., 1993) allowing the south-west monsoon to bring rainfall to the area. 

S1 lasted longer than the period of increased precipitation in other records, and it has been 

suggested that in the Levantine basin, increased Nile discharge contributed to the increase 

in freshwater in the early and middle part of sapropels formation, as flow was believed to 

have been high during the period 9 – 5.6 kyr BP (Butzer et al., 1972), but it has recently 

been shown that discharge declined after ca. 8 kyr BP (Scrivner et al., 2004, Revel et al., 

2010).  (Zhornyak et al., 2011) tentatively suggest that increased Mediterranean 

precipitation over the entire basin may have sustained sapropel formation after 8 kyr BP, 

but admit that they are unable to test this theory with their data. 

Evidence for movements in the ITCZ affecting rainfall in the eastern Mediterranean at this 

time includes the fact that north of the equator, tropical regions experienced increased 

precipitation during the early Holocene (Fleitmann et al., 2003a, 2007, Haug et al., 2001, 

Stott et al., 2004), while close to the equator, precipitation was increased during the mid 

Holocene (Partin et al., 2007), and south of the equator this pluvial period occurred in the 

late Holocene (Mayle et al., 2000, Baker et al., 2001, Wang et al., 2006).   

This trend is likely due to a southward migration of the ITCZ during the Holocene in 

response to changes in the seasonality of the precession cycle (Haug et al., 2001, Stott et 

al., 2004, Wang et al., 2004, Partin et al., 2007).  Seasonality of precession is dependent on 

which hemisphere is at perihelion/aphelion during summer/winter when the earth has an 

elliptical orbit (Williams et al., 1998).  For instance, at present, southern hemisphere 

summer occurs at perihelion and northern hemisphere summer occurs at aphelion.  This 

means that southern hemisphere summers receive stronger solar heating as the Earth is 

closer to the sun that at northern hemisphere summer, and that southern hemisphere 
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summers are shorter due to the higher speed revolution of the Earth around its orbit near 

perihelion(Williams et al., 1998).   

 Seasonality affects the position of the ITCZ because when Southern Hemisphere insolation 

becomes more seasonal  the ITCZ will be more likely to be pulled to the Southern 

Hemisphere, and when Northern Hemisphere insolation becomes more seasonal, the ITCZ 

will be more likely to be pulled to the Northern Hemisphere with a more northerly position 

leading to more precipitation north of the equator, and vice versa (Berger and Loutre, 

1991, Liu et al., 2000, Haug et al., 2001).   

Pollen records from the Tenaghi Philippon in Greece and Lake Accesa in Italy indicate a 

‘Holocene Optimum’ from 9.5 – 7.8 kyr BP, with pronounced seasonality causing mild, wet 

winters and warm, dry summers (possibly drier than today) (Peyron et al., 2011).  Evidence 

for warm, dry summers include the fact that the summer drought in Iran was lengthened 

(Stevens et al., 2001).  Increased winter precipitation was also recorded by speleothems at 

Carburangeli Cave in Sicily (Frisia et al., 2006) and a marine pollen record in the Aegean Sea 

(Kotthoff et al., 2008).  Increased seasonality explains why some proxies from the region 

seem to suggest reduced rainfall, e.g. the lake level record for Lake Accesa, Italy (Magny et 

al., 2007) which was based on carbonate concretions which form during the summer.  

There appears to have also been increased seasonality during the early Holocene in Iran 

and eastern Anatolia, due to reduced or absent spring precipitation and wet winters 

(Stevens et al., 2001, Wick et al., 2003, Djamali et al., 2010).  

4.3.6.2.3 Cessation of Growth 

The end of DIM-3’s growth is approximately 7 kyr BP, suggesting that conditions may have 

become more arid at this time.  This is supported by a slight decrease in speleothem width 

at the very top of DIM-3, an increase in δ13C values in of ~4‰ at approximately 7.3 kyr BP, 

with the trend culminating in the cessation of growth and the precipitation of a non-pure 

overgrowth.  However, it is also possible that DIM-1 may have moved in its position on the 

cave floor as it was no longer fixed in place, especially as Turkey is a tectonically active 

region.  In this scenario, the drip that precipitated DIM-3 may have continued to feed 

speleothem growth, just not on to DIM-3. 

δ18O values do not show a corresponding increase; however a plateau occurs for 

approximately the last 0.2 kyr of growth, compared to the rest of the record which shows 

variation towards more negative values of up to 1‰.  This may therefore be the expression 

of the aridification in the δ18O record.   
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 Strontium isotopes also do not show the trend which may be expected (values moving 

towards the bedrock values due to increased water-rock interaction time as residence 

times are increased).  However, it is possible that there was an increase in the contribution 

of Sr from aeolian dust at this time, as aeolian dust has been shown to be a considerable 

source of Sr to speleothems in arid and semi-arid regions (Goede et al., 1998).   If increased 

aridity led to an increase in aeolian dust in the soil above Dim Cave, this could greatly affect 

the 87Sr/86Sr of DIM-3, as aeolian dust typically has 87Sr/86Sr of ca. 0.7200 (Capo et al., 

1998).  As this value is so much higher than the other components of the system affecting 

Dim Cave, only a small increase in the amount of dust in the soil above Dim Cave would be 

necessary to cause a large change in speleothem values.   Increased dust mobilization may 

indicate arid conditions in the source region (i.e. the Saharan region) (Moulin et al., 1997, 

Frumkin and Stein, 2004).  This is corroborated by the fact that the end of the period of 

growth of DIM-3, which coincides with the end of the pluvial period in the Mediterranean, 

was also found to coincide with increased aridity in North Africa and the Middle East due to 

the intensification of the African Monsoon (deMenocal et al., 2000).  Thus it appears that 

when conditions are moderately wet, such as during the period of growth of DIM-1, Sr from 

the bedrock is able to compensate for the much higher 87Sr/86Sr value of aeolian dust in the 

soil, while when dust levels increase as conditions become more arid, aeolian dust 

dominates the 87Sr/86Sr signal in the dripwater that feeds Dim Cave.  This necessitates a 

multi-proxy approach to interpreting 87Sr/86Sr in Dim Cave.   

The indication of an increase in aridity at Dim Cave at ca. 7.3 kyr BP suggested by DIM-3 

supports evidence from other records in the eastern Mediterranean that conditions 

became more arid at this time.  For example, from 7.5 – 6.5 kyr BP at Carburangeli Cave, 

Sicily, the prevalence of wet winters began to decrease, with multi-decadal long dry spells 

punctuating the wet periods (Frisia et al., 2006).  This suggests that the mid-Holocene was a 

drier and unstable period.  Several other records also support this conclusion.  After 7.0 kyr 

BP, the isotopic signatures of a Soreq Cave speleothem return to similar to the present day, 

suggesting that Eastern Mediterranean climate became similar to present at this time, 

while many short, small isotopic excursions suggest that the Holocene climate was unstable 

(Bar-Matthews et al., 1999).  A speleothem record from Jeita Cave, Lebanon also suggests 

that mid-Holocene climate was drier that the early Holocene and not stable, with the 

transition occurring at ca. 6.5 kyr BP at this location (Verheyden et al., 2008), approximately 

the time when natural vegetation patterns were established in south-western Turkey, 

indicating that the modern climate type had been reached (Van Zeist et al., 1975). 
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4.3.6.2.4 Archaeological Evidence and the Mesolithic to Neolithic Transition 

When considering ancient civilisations, disentangling the effect of climate from the effects 

of cultural and political change on a population’s survival can be very difficult (Glueck, 

1960, Raikes, 1967, Weiss and Bradley, 2001, Weninger et al., 2009).  Despite this, 

speleothem records have been successfully used to help understand cultural change (e.g. 

Drysdale et al., 2006, Frisia et al., 2006, Webster et al., 2007, Bar-Matthews and Ayalon, 

2011, Railsback et al., 2011, Drake, 2012), so it is important to ascertain whether DIM-3 can 

provide similar insights. 

In central Anatolia, the large and well-established settlement at Catalhöyük-East was 

deserted abruptly during the 8.2 kyr event (Gokturk et al., 2002), which was likely due to 

irregularities in the water supply, as the success of agriculture in the area would have relied 

on the freshwater supply (Weninger et al., 2006).  Following the 8.2 kyr event, a new 

settlement was established ca. 200m away across the River Carşamba (Catalhöyük-West) 

(Gokturk et al., 2002), marking the beginning of the Early Chalcolithic (sensu strictu) in 

Central Anatolia (Weninger et al., 2006).  Several studies (e.g. Bar-Yosef Mayer et al., 2012) 

have sought to discover whether the cause of the abandonment of the settlement was 

related to climate.   

The 8.2 kyr event seems to have had a hand in either the demise or creation of many 

settlements in the Eastern Mediterranean, with no sites showing clear stratigraphic 

evidence for continuous settlement during the event (Weninger et al., 2006).  This points to 

the suggestion that settlements may have been abandoned during the event due to water 

shortage, by necessity due to crop failing and the threat of starvation, and new settlements 

were built when regions with more plentiful freshwater supplies were found, mostly 

through expansion of settlements into south-east Europe (Weninger et al., 2006, Berger 

and Guilaine, 2009).  The moist period identified in DIM-3 suggests that on the SW 

Mediterranean coast of Turkey, wet conditions returned shortly after the 8.2 kyr event, 

allowing displaced civilisations to resettle on land which would be ideal for agriculture.   

However, not all areas of the eastern Mediterranean may have shared in this period of 

increased precipitation.  The Sofular cave record form northern Turkey doesn’t appear to 

have an event corresponding to the growth of DIM-3, which may be because the dominant 

moisture source for this cave is the Black Sea (Fleitmann et al., 2009), while the moisture 

which supplied the increased precipitation to other parts of the eastern Mediterranean 

came from an Atlantic or Mediterranean source.  The Dead Sea experienced a period of 
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prolonged low-level between 8.6 and 5.6 cal kyr BP due to a prolonged arid spell (Migowski 

et al., 2006).  The island of Cyprus appears to have deserted for >1 kyr following the 8.2 kyr 

event (Weninger et al., 2006), but it is not clear if this was because precipitation remained 

too low to support farming during that period, or because the position of Cyprus as an 

island made it more difficult for displaced peoples to reach it, choosing instead to remain 

on the European landmass. 

The Mesolithic to Neolithic transition appears to have occurred when conditions were 

becoming more dry in the Mediterranean region, at the transition from early Holocene 

pluvial phase to present-day climate mode, due to the fact that agricultural methods were 

more success for food accumulation (Frisia et al., 2006).  Neolithisation is believed to have 

originated in the Fertile Crescent (Flannery, 1973), with the expansion into coastal Anatolia 

occurring by the 63rd century cal BC in a model created by Lemmen et al. (2011).  From 

Anatolia, it appears that populations spread into south-east and central Europe, taking 

their Neolithic culture with them, as indicated by similarities in craniometric variables of 

ancient populations (Pinhasi and Pluciennik, 2004).  The end of growth of DIM-3 at ca. 7 kyr 

BP is interpreted as resulting from increasingly arid conditions at Dim Cave which prevailed 

over much of the eastern Mediterranean.  These arid conditions may have been the driver 

for ancient civilisations to adopt permanent settlements and farming as a means to gather 

food.  

4.3.6.3 DIM-2 

As DIM-2 is clearly a recrystallised speleothem, and appears to have recrystallised in a more 

pervasive way than DIM-1, it is unlikely to yield any usable palaeoclimatic information.  

However, useful information may be gleaned from the variation in chemical proxies 

between the primary aragonite and secondary calcite regions.  As discussed above, DIM-1 

is expected to have retained much of its geochemical character when recrystallised, due to 

the fact that recrystallisation occurred soon after precipitation, whereas DIM-2 appears to 

have recrystallised in a more pervasive manner, perhaps with large sections of aragonite 

being recrystallised at one time (e.g. the central recrystallised calcite zone), which may 

have been possible if the aragonite was very porous.  As the surviving aragonite is of a very 

soft, porous nature, and the aragonite which was recrystallised is expected to be at least as 

if not more open to infiltration, this seems a likely pathway for recrystallisation.  In 

comparison, the surviving aragonite of DIM-1 and DIM-3 is, while softer than the calcite in 

DIM-1, is harder and more compact than the primary aragonite of DIM-2.   
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The trace elemental composition of calcite and aragonite in DIM-2 is similar to that of DIM-

1, in that both polymorphs exhibit the expected tendency to accept ions of a certain size; 

Mg substitutes for Ca in calcite but much less so in aragonite, and Sr substitutes for Ca in 

aragonite but less so in calcite.  Therefore, the secondary mineral appears to be recording 

the geochemical signature of the reprecipitating fluids and not the primary mineral.  Mg 

and Sr levels of secondary calcites have been found to be similar to primary calcites 

(Martín-García et al., 2009).  Conversely, secondary calcites have also been found to have 

trace element compositions intermediate between primary aragonite and calcite, 

indicating a variation in the openness of the system, or a calcite-aragonite mixing trend, or 

both (Hopley et al., 2009).  At this time no primary calcite from Dim Cave has been found, 

so it is not possible to compare the compositions of primary and secondary calcite.  

Therefore the compositions of secondary calcite in DIM-2 may contain a geochemical 

signature intermediate between primary calcite and aragonite. 
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5.1 Torang Cave 

 
Torang Cave (Figure 5.1) was visited previously by Dr Sa’ad Al-Omari and Dr Peter Rowe on 

29/05/2005, at which stalagmite TG-6 and 5 other stalagmites not analysed here were 

collected.  Torang Cave is located 70 km SE of Baft in Iran, at coordinates N 28º 45' 18.7"; E 

56º 48' 43.4".  As the cave was not visited during the current project, no cave monitoring or 

drip water data is presented here.  Torang Cave is at an elevation of 1987 m.a.s.l., 25 m 

from the valley floor, and the overburden is 30 m thick.  The cave is believed to be a fissure 

cave, most likely formed in a fault, and is approximately 50 m long and 20 m deep.   

An online account published in a mountaineering magazine attests that Torang Cave is 

currently very wet, so much so that the author suggested the cave water could be trapped 

and used to alleviate the pressure put on water supplies by drought in the area (Salahi, 

2005). 

 

Figure 5.1 Location of Torang Cave (red circle) 
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5.2 Isotopic Composition of Precipitation and Groundwater 

near Torang Cave 

5.2.1 IAEA Weather Station Data 

 

The closest IAEA station to Torang Cave with a large dataset is at Tehran (Figure 5.2, pink 

triangle).  It is one of only 2 IAEA stations in Iran, both of which are located close to Tehran.  

Geographical data comparing the location of Torang Cave with the Tehran IAEA station is 

shown in Table 5.1. 

 

 

 

 

Figure 5.2 
Map of Iran showing location of Torang Cave (red circle) and Tehran IAEA station (pink 
triangle) 
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The monthly averages of several climate variables recorded at Tehran IAEA station are 

shown in Figure 5.3.  Figure 5.3A shows average monthly air temperature and precipitation 

amount, and indicates that the region experiences a high seasonal contrast, with hot 

summers and cold winters, in which temperatures reach as low as 2.8°C on average.  

Rainfall is very low annually, with the heaviest rainfall occurring in the winter and spring.  

For comparison, the heaviest month by precipitation at Antalya IAEA station is December, 

in which average volumes are in excess of 250 mm, while at Tehran, the largest volume falls 

in January and is only ca. 35 mm on average.  The summer season is very dry at Tehran, 

with the months June-September each receiving less than 10 mm on average.    Figure 5.3 B 

and C compare monthly average weighted δ18O of precipitation with air temperature and 

precipitation amount and indicate that δ18O is in general positively correlated with air 

temperature and negatively correlated with precipitation amount (note that δ18O values on 

y-axis are in reverse order).   The weighted means of δD and δ18O of precipitation are 

shown in Figure 5.3D; both isotopes follow similar patterns throughout the year, with an 

overall trend towards less negative values from Jan-June, and towards more negative 

values from Oct-Dec.  The months of July and August are contrary to the trend, as they are 

more negative than the values for September.  The intervening months show some 

variability, most likely due to the low number of samples due to years in which 

precipitation could not be collected, and the effects of intense rainfall events.   

 

Location 
Latitude / Longitude  

(degrees) 

Elevation  

(m.a.s.l) 

Torang Cave 
28.45N 

56.48E 
1987 

Tehran IAEA Station 
35.68N 

51.32E 
1200 

Table 5.1  Geographic data for Torang Cave and Tehran IAEA Station   
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Figure 5.3  Average monthly precipitation amount (blue bars), air temperature (red diamonds and solid line), weighted δ18O of precipitation (purple 
crosses and dashed line) and weighted δD of precipitation (green open circles and solid line) at Teheran (IAEA and WMO, 2006), for the period 1960-1987.   
A) Precipitation amount and air temperature.  B) Precipitation amount and δ18O of precipitation.  C) Air temperature and δ18O of precipitation.  D) δ18O of 
precipitation and δD of precipitation 
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5.3 Stalagmite TG-6 
Stalagmite TG-6 (Figure 5.4) was collected 30 m from the cave entrance, and was clearly 

not actively growing at the time of collection.   At the start of this project, the stalagmite 

had been cut into slabs previously, and the central slab had broken into several pieces.  The 

stalagmite is not of the tall, conical shape seen in DIM-1 and DIM-2; it has a more squat 

morphology, although the fact that parts of the slab may be missing makes it harder to 

judge exactly what shape TG-6 was when it was precipitating in the cave.   Two depositional 

hiatuses were visible, as shown in Figure 5.4, in fact the slab had broken along the weak 

point of the lower hiatus.  The majority of TG-6 is a matt, brownish-yellow colour, but 

towards the bottom of the stalagmite, cream “cloud” shapes are interspersed across the 

width of the speleothem.  

Figure 5.4 Stalagmite TG-6. 
A) TG-6 slab, as it existed at the time of the start of this project.  Red line indicates position of a 
depositional hiatus along which the slab had broken after sawing.  Blue line indicates a second 
depositional hiatus.  Yellow box indicates low resolution stable isotope sampling along growth 
axis carried out by Sa’ad Al-Omari prior to this project.   
B) Close up of large lower slab, to show resolution of stable isotope sampling with Sa’ad Al-
Omari’s and samples taken during this project, with ruler for scale. 

A 

B 
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5.3.1 Uranium Series Dating 

5.3.1.1 Sampling Strategy 

The majority of dating of TG-6 had been carried out prior to its use for this research, by Dr 

Sa’ad Al-Omari (Figure 5.5).  This dating chronology contained an inversion, most likely 

associated with material sampled too close to a very clear depositional hiatus, at which 

detrital material had accumulated before growth resumed.  Therefore 2 dates (yellow ovals 

in Figure 5.5) were resubmitted for analysis as part of this research; the suspected 

contaminated date below the lower hiatus and the date immediately above this hiatus, in 

case it has also been contaminated due to its proximity to the hiatus. 

  

263 ± 14 ka 

264 ± 3 ka 

265 ± 15 ka 

137 ± 4 ka 

 

326 ± 26 ka 

Figure 5.5  Location of U/Th dates previously performed on TG-6 (ovals).  Yellow ovals indicate the 
two dates that were selected to be reanalysed due to suspected contamination from the hiatus. 
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5.3.1.2 Results 

Unfortunately, due to laboratory issues, the two resampled dates have not yet been 

returned.  Therefore, in order to create an age model, the sample below the hiatus was 

excluded as it was not in stratigraphic order, but the sample from above the lower hiatus 

was used as it fits within the order of the other dates (Table 5.2). 

An additional age was supplied by Dr Sa’ad Al-Omari, who carried out the original research 

on TG-6.  This age is for the top of the stalagmite (coeval with sample NI7 in Table 5.2) and 

is 223 ± 4 kyr BP.  Unfortunately, no further geochemical information was supplied, 

however as the error far smaller than that for sample NI7, and the age is in stratigraphic 

order, this age was substituted for sample NI7 in the age model. 

5.3.1.3 Age Model and Growth Rates 

An age model was constructed for TG-6 (Figure 5.6) using the StalAge algorithm (Scholz and 

Hoffmann, 2011). 

The age model (green line, Figure 5.6) suggests a nearly constant growth rate.  This is very 

unlikely, as there two clear depositional hiatuses in TG-6.  Without the date below the 

lower hiatus, it is impossible to determine how long the stalagmite did not precipitate at 

the time of the hiatus, and therefore impossible to accurately predict the growth rates of 

TG-6.  Also, the age model produced does not place a high importance on the top age, so 

that the date for the cessation of growth is much older than 223 kyr BP.  Other methods of 

constructing the age model will be looked into in section 5.3.6. 

 

 

 

 

Sample ID 
238

U 

(ppm) 
232

Th (ppb) [
234

U/
238

U]  [
230

Th/
234

U]  [
230

Th/
232

Th] Age (kyr) 

NI7 0.617 0.292 1.349 ± 0.008 0.978 ± 0.008 8501 263.391 ± 14.182 

NI8 0.803 0.407 1.406 ± 0.098 0.987 ± 0.123 8348 263.971 ± 2.876 

NI9 1.244 1.122 1.341 ± 0.004 0.980 ± 0.008 4447 265.816 ± 14.606 

NI11 0.321 35.045 1.351 ± 0.004 1.031 ± 0.009 39 326.128 ± 26.062 

Table 5.2 U/Th Age Data for stalagmite TG-6.  [
234

U/
238

U], [
230

Th/
238

U] and [
230

Th/
232

U]  are 
activity ratios.  Ages are corrected for detrital interference.   
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5.1.1 Physical Characteristics  

5.1.1.1 Stalagmite Shape 

 

It is hard to determine the exact shape of TG-6, as it had been sawn and broken into so 

many pieces; however it appears that it was not of a constant diameter, and so therefore 

may have been fed by a drip of variable discharge. 

  

Figure 5.6 Age Model for TG-6.  Green line indicates age model, red lines indicates 
error envelope.  Blue dotted lines indicate positions of the hiatuses. 
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5.1.1.2 Crystallography 

The white curved forms within the fabric of TG-6 are a striking feature.  To investigate the 

reason for this change in colouring, the transition at the edge of one of these shapes was 

analysed under the microscope in thin section (Figure 5.7).  The mineralogy of the fabric 

which makes up the bulk of TG-6, the brownish coloured fabric (Figure 5.7A), appears to be 

calcite.  The crystals that make up this calcite are equant, which may be indicative of 

recrystallisation.  The fabric of the white shapes (Figure 5.7B) appears to be aragonite.  The 

shapes of the aragonite regions are so undulous, and their spacing within the rest of 

speleothem so complex and unlike the “superposition” mode of speleothem growth in 

which layers build up vertically, that it seems unlikely that these changes in mineralogy are 

primary.  Therefore, it is likely that TG-6 was originally aragonitic and has since 

recrystallised to calcite in the majority of the speleothem.    

Figure 5.7 Microscope images of TG-6 
A) The matte, brownish fabric which makes up the majority of the speleothem 
B) One of the white, cloud-like forms 

A B 1000 μm 1000 μm 
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5.1.2 Stable Isotope Measurements 

 

5.1.2.1 Sampling Strategy 

Sampling for stable isotope measurements had already been carried out at coarse 

resolution by Dr Sa’ad Al-Omari (Figure 5.8A).  Sampling was continued to increase the 

resolution to approximately 1 mm (Figure 5.8B) 
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Figure 5.8  δ18O (red lines) and δ13C (black dashed line) data for TG-6 
A) Original, low resolution data compiled by Dr Sa’ad Al-Omari 
B) Additional data to produce resolution of ~1 mm, this study. 
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5.1.2.2 Hendy Tests 

Hendy tests (Hendy, 1971) were performed on 3 lamina in TG-6 (Figure 5.9 and 5.10).  The 

layers were chosen to represent the area below the lower hiatus (A), between the two 

hiatuses (B), and above the top hiatus (B). 

The covariation between δ18O and δ13C increases with distance from the base of the 

stalagmite, indicating departure from equilibrium.  This may be due to recrystallisation of 

the original aragonite; the lower areas have not completely recrystallised and so the 

original isotopic signature and equilibrium is retained; while nearer the top of the 

speleothem, recrystallisation to calcite is much further progressed, so that the stable 

isotope signature of the original aragonite may have been lost. 

5.1.2.3 Axial Isotope Measurements 

 

A crossplot of δ18O and δ13C data is shown in Figure 5.11.  As the covariation was not as 

high as expected, the data were separated into sections of growth, as explained in the 

figure caption.  This process revealed that the degree to which kinetic processes affected 

the isotopic character of TG-6 was not constant through time.  Specifically, covariation was 

lowest after each hiatus, perhaps due to reduced evaporation as conditions became more 

humid.
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Figure 5.9 

Hendy tests for stalagmite TG-6, δ18O (black filled diamonds, 

solid line) and δ13C (unfilled circles, dashed line) variations 

along a single layer. 

Distance from base of stalagmite: A) 104mm.  B) 213.75mm.  

C) 247.5mm. 

Red stars indicate growth axis. 
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Figure 5.10 

Hendy tests for stalagmite TG-6, covariation between δ18O 

(black filled diamonds, solid line) and δ13C (unfilled circles, 

dashed line). 

Distance from base of stalagmite: A) 104 mm.  B) 213.75 mm.  

C) 247.5 mm. 

Lines join measurements in order of progression along lamina. 

Red stars indicate growth axis. 
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Figure 5.11:  Crossplot of δ
18

O and δ
13

C data for TG-6 
A:  All data.  Data show a positive correlation, but the relationship is not as strong as expected, given the 
clear similarities in the shapes of the δ

18
O and δ

13
C curves.  For this reason, the profiles were split into regions 

of differing coherence between δ
18

O and δ
13

C, as in Meyer et al. (2009). 
B:  Data separated into samples from above the lower hiatus (red squares) and below this hiatus (blue 
crosses). 
C)  Data from B, with the data from above the hiatus further divided; so that data from the region 22.5-38.75 
mm are separate (green triangles). 
D)  Lines of covariance and R

2
 values for 3 areas of high covariance in δ

18
O and δ

13
C.  The colours of these 

lines correspond to the colours of E, which separates all the data into regions of similar covariance. 
E:  δ

18
O and δ

13
C data for TG-6, separated into regions of similar covariance.  Colours correspond to groups 

plotted in C and D.  Black vertical dashed lines indicate the position of the two hiatuses. 
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5.1.2.4 Oxygen Isotopes 

The δ18O record forTG-6 (Figure 5.12) begins with a reasonably stable plateau for ca. 40 kyr.  

Superimposed on this plateau are variations of up to ~1.5 ‰. At 277.3 kyr BP there is a 

large excursion of approximately 3.5‰ to more negative values.  This change is associated 

with the lower hiatus.  Values then begin to gradually increase until ca. 265.2 kyr BP, when 

an abrupt return to more positive values occurs, this excursion resulting in the most 

positive values of the speleothem.  Following this at ca. 259.9 kyr BP, an abrupt negative 

excursion occurs, which is associated with the upper hiatus, and is of similar magnitude to 

the excursion associated with the lower hiatus. 

5.1.2.5 Carbon Isotopes 

The δ13C record for TG-6 is shown in Figure 5.13.  From ca. 320 - 295 kyr BP, the data are 

variable and form a gradual decrease of ca. 2.5‰.  Superimposed on this trend are large 

variations of up to ca. 2‰.  From ca. 295 - 280 kyr BP, the trend plateaus, but there are still 

relatively large variations about the mean, up to approximately 1‰.  Between ca. 280 and 

277 kyr BP, values become more positive by ca. 3‰, with two short-lived reversals of ca. 

1‰ superimposed on the excursion.  At 277.3 kyr BP, there is an abrupt excursion to more 

negative values by ca. 3‰.  This excursion coincides with the lower hiatus, and the 

associated δ18O change.  After growth resumes above the lower hiatus, values remain low 
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Figure 5.12 δ18O data for TG-6.  Dashed vertical lines indicate position of hiatuses. 



  

213 
 

and show less variability than below the lower hiatus, until at ca. 260 kyr BP, values once 

again abruptly increase by ca 3‰, and then immediately decrease by the same amount.  

The abrupt decrease in values occurs at the upper hiatus, above which values appear to 

continue to become more negative, but this trend is interrupted by the fact that the top of 

the stalagmite is broken.  
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Figure 5.13 δ13C data for TG-6.  Dashed vertical lines indicate position of hiatuses. 
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5.1.3 Trace Element Measurements 

5.1.3.1 Sampling Strategy 

A laser ablation transect was run across the lower hiatus, that is it incorporates the very 

top of the bottom slab of TG-6 and the very bottom of the top slab. 

5.1.3.2 Results 

Mg/Ca (Figure 5.14) increases gradually over the region, with no large change at the hiatus.  

Sr/Ca (Figure 5.15) shows a large increase at the hiatus.  Ba/Ca*1000 (Figure 5.16) shows 

the most dramatic change; values increase at the hiatus by more than an order of 

magnitude.  

0 

5 

10 

15 

20 

25 

30 

35 -7.5 

-7.0 

-6.5 

-6.0 

-5.5 

-5.0 

-4.5 

-4.0 

85 90 95 100 105 110 115 
M

g/
C

a 
* 

1
0

0
0

 

δ
1

8 O
 (

‰
 V

P
D

B
) 

Distance from top (mm) 

Figure 5.14  Mg/Ca * 1000 (black line) for the lower hiatus region, in comparison to δ18O (red 
line)  Dashed green vertical line denotes location of hiatus. 
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Figure 5.15 Sr/Ca * 1000 (blue line) for the lower hiatus region, in comparison to δ18O (red 
dashed line).  Dashed green vertical line denotes location of hiatus. 

 

 

Figure 5.16 Ba/Ca*1000 (red line) for the lower hiatus region, in comparison to Sr/Ca*1000 
(crosses and blue dotted line) Dashed green vertical line denotes location of hiatus. 
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5.1.4 Fluorescence Imaging 

 

 

Fluorescence imaging of TG-6 (Figure 5.17) appears to show highly fluorescent areas in the 

light coloured, cloud-shaped forms which petrographic analysis indicates may be aragonite, 

while the rest of the speleothem is calcite.  If the processes identified in DIM-1 occurred in 

TG-6 also (i.e. aragonite areas contain original fluorescence, then when recrystallised this 

fluorescence is lost), this data corroborates the recrystallisation of parts of TG-6. 

  

Figure 5.17 Fluorescence Imaging of TG-6, with true colour photograph for comparison. 
Blue colouring indicates low fluorescence, green indicates higher fluoresescence and red colouring 
indicates highest fluorescence (levels are relative, not absolute). 
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5.3.6 Palaeoclimatic Interpretation of TG-6 

TG-6 grew between 326 ± 26 kyr BP and 223 ± 4 kyr BP with at least 2 major hiatuses.  Only 

four dates form the age model for TG-6, of which 2 have large errors.  Therefore, the age 

model for TG-6 is necessarily over- simplistic, due to the lack of dates.  There is thus no 

constraint on the length of the either of the two hiatuses.  The age model constructed 

using the 4 ages available produces an almost linear growth model and associated constant 

growth rate; an extremely unlikely scenario in a stalagmite with at least two depositional 

hiatuses.  Also, microscope evidence suggests that recrystallisation may have occurred, 

with calcite replacing primary aragonite.  If so, open system conditions may have led to U 

loss and reported may be older than the “true” ages of the original aragonite. 

A series of approaches have been explored In order to attempt to assess some of the 

uncertainties in the TG-6 age model.  First, an age model was created in which the ages 

were merely connected point-to-point, assuming constant growth between points, and no 

cessation of growth at the hiatuses.  This age model is shown in Figure 5.18.   
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Figure 5.18  
Point to point age model for TG-6. Dashed blue vertical lines represent the approximate 
position of the two hiatuses. 
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The point to point age model shown in Figure 5.18 is very simplistic, due to its point to 

point nature, with a problematic issue being that it assumes no cessation of growth at the 

hiatuses. It is likely that growth ceased for some length of time at the hiatuses, although as 

the dates currently available do not provide limits to the length of the cessation of growth, 

the timing of these periods of inactivity can only be hypothesised.  An attempt to do so 

follows.   

The start of growth of TG-6 at 326 ± 26 kyr BP falls within the early part of MIS 9, 

suggesting that the growth phases of TG-6 may be linked to interglacial conditions.  This 

age is within error of a period of growth of a speleothem from Kana’im Cave in the Dead 

Sea area  of Israel, which was growing at 323.7 ± 18.9 kyr BP (Lisker et al., 2010).  MIS-9 is 

interpreted as a particularly warm and wet interglacial in Siberia, with significantly more 

speleothem growth than during MIS 1, 5 or 7 (Vaks et al., 2013).  In Northern Oman, the 

primary source of moisture during MIS 9 was monsoon rainfall, while Mediterranean-

source precipitation was decreased or even absent (Fleitmann et al., 2003b).  This strongly 

suggests that the ITCZ was located further to the north than at present (Fleitmann et al., 

2003b), and it is possible that if the ITCZ was displaced far enough north, monsoonal 

rainfall could also have reached Torang Cave in southern Iran at this time.  MIS 9 appears to 

have been a very wet interglacial, which may have been an important factor in allowing 

speleothem growth at Torang Cave, as today the region experiences low levels of rainfall.   

The oldest date above the lower hiatus is 265 ± 15 kyr BP, which is during MIS 8, at a time 

of high ice sheet extent (Petit et al., 1999).  The increase in Mg/Ca (Figure 5.14), Sr/Ca 

(Figure 5.15) and Ba/Ca (Figure 5.16) across the hiatus, as well as the marked excursions in 

δ18O (Figure 5.12) and δ13C (Figure 5.13), indicate that conditions were drier during the 

deposition of growth above the lower hiatus compared to growth below the lower hiatus.  

This is compatible with the reduced precipitation levels during glacial periods compared to 

interglacial periods.  Speleothems generally are more likely to grow in interglacial periods, 

but some have been known to grow during glacial periods, so growth of TG-6 during MIS 8 

Is not without precedent.  For example, a speleothem from Kana’im Cave, Israel grew 

during the period 259.8 ± 7.1 to 247.9 ± 6.3 kyr BP (Lisker et al., 2010), and flowstone SPA 

59 from Spannagel Cave, Austria, grew during the period ca. 261 – 249 kyr BP, (Holzkämper 

et al., 2005). 

Therefore, from these two dates on TG-6 it can be deduced that the lower hiatus began 

sometime between 326 ± 26 kyr BP and 265 ± 15 kyr BP, and finished at 265 ± 15 kyr BP or 
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shortly before.  A collapse in arboreal pollen at the Tenaghi Philippon, NE Greece, began at 

ca. 280 kyr BP and recovered ca. 265 kyr BP (Tzedakis et al., 2003b).  The similarity in the 

end point of the vegetation collapse and the age above the lower hiatus of TG-6 suggests 

that the two events may be linked to wider climate changes, as both a vegetation collapse 

and a cessation of speleothem growth may be caused by a reduction in precipitation, for 

example.  Therefore, a duration of 280 – 265 kyr BP has been applied to the hiatus (Figure 

5.19). 

Similarly, the upper hiatus must occur between the top two dates; i.e. between 264 ± 3 and 

223 ± 4 kyr BP.  The growth of TG-6 during MIS 9, a particularly wet interglacial, and MIS 8, 

a glacial, suggests that effective precipitation may be the dominant factor in speleothem 

growth in Torang Cave, with growth able to occur when either temperature is low enough 

(MIS 8), or precipitation high enough (MIS 9), for effective precipitation to reach a 

threshold.  Therefore, as conditions in MIS 7e were not as wet as during MIS 9 (Vaks et al., 

2013), effective precipitation may not have been high enough to initiate speleothem 

growth.  For this reason, the length of the upper hiatus has been correlated with the length 

of MIS 7e, which is ca. 237 – 228 kyr BP (Robinson et al., 2002), as shown in Figure 5.19.  A 

speleothem record from Peqiin Cave, Israel, also displays a hiatus during the period 240 – 

227 kyr BP (Bar-Matthews et al., 2003), although the authors attribute this to lack of 

sampling resolution rather than an actual cessation of growth.  The remainder of growth of 

TG-6 above the upper hiatus to the broken top would then have grown during MIS 7d, 

when effective precipitation was once again high enough for speleothem growth.  

These assumptions about the length of the two hiatuses have been applied to the point-to-

point age model, to create the adapted age model shown below in Figure 5.19.  
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This adapted age model was then applied to the oxygen and carbon stable isotope data for 

TG-6 (Figure 5.20). 

The δ18O and δ13C data shown in 5.20 support the interpretation of the growth of TG-6 

being driven by precipitation availability. At ca. 284 kyr BP, δ13C began to increase by ca. 

4‰, with the excursion ending as growth ceased at the lower hiatus.  This trend indicates 

increasing aridity, which is in agreement with the position of a hiatus at the end of this 

trend, and the timing of the vegetation collapse in the Tenaghi Philippon record.  At ca. 265 

kyr BP, when growth resumed, δ13C values had returned to low values, indicating a return 

to wetter conditions, or an increase in effective precipitation.  δ18O values were also more 

negative than below the hiatus by approximately 2‰, which suggests increased 

precipitation.   

 

  

Figure 5.19 
Point to point age model for TG-6, with hypothetical lengths of growth hiatuses included. The 
four ages are included as black circles. 
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Figure 5.20 
A) δ18O (red line) and δ13C (blue line) data for TG-6, plotted against the amended age model 
described above. 
B) Benthic δ18O record compiled from a stack of 57 global records (Lisiecki and Raymo, 
2005).  Terrestrial interglacial stages are indicated, after Tzedakis et al. (2003b). 
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Furthermore, the first two dates above the lower hiatus (265.8 ± 15 and 264.0 ± 3 kyr BP) 

indicate that approximately 58 mm of growth between these two sampling locations 

occurred in less than 2 kyr, giving a growth rate of 0.032 mm yr-1.  This is far faster than 

growth rates for the rest of the stalagmite, as below the lower hiatus the growth rate was 

0.0034 mm yr-1, and above the upper hiatus the growth rate was 0.0038 mm yr-1, both an 

order of magnitude slower.  The slowest growth appears to have occurred between the fast 

growth section and the upper hiatus, during the period 264 to 237 kyr BP, when the growth 

rate was just 7.2 x 10-4 mm yr-1.  These growth rates have been approximated using only 4 

dates and the estimated beginning and end points for the two hiatuses, so they are 

probably not completely accurate.  However, it does appear that the fastest growth in TG-6 

occurred just above the lower hiatus, which indicates increased effective precipitation as 

this would have facilitated faster carbonate precipitation.   

Both oxygen and carbon isotopes return to more positive values by ca. 240 kyr BP, 

indicating low water availability, although δ18O began to increase sooner than δ13C.  

Following these isotopic excursions, the second major growth hiatus occurred, after which 

δ18O and δ13C returned to more negative values, signalling a return to higher effective 

precipitation levels. 

With the age model of TG-6 as limited as it currently is, any palaeoclimatic interpretations 

drawn can only be hypotheses.  Further dates would help to improve the precision and 

accuracy of the age model, allowing more certain conclusions about climate in SW Iran 

during MIS 9-7 to be drawn. 
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6.1 Sehlak Cave 
Sehlak cave was previously visited by Dr Sa’ad Al-Omari and Dr Peter Rowe on 31.05.2005, 

at which time stalagmite SK-1 was collected, along with 6 other samples not analysed here.  

As the cave was not visited during this project, no modern dripwaters or calcite are 

presented here.  Sehlak Cave is located near Baft in Southern Iran, at coordinates  N 28º 33' 

0"; E 55º 8' 95".  The cave is at an elevation of 1990-2168 m.a.b.s.l., at a distance of 10 m 

from the valley floor, and has an overburden of approximately 50 m.  The cave is 50 m long 

and 5-10 m deep.  Sehlak’s close proximity to Torang Cave enables use of the same IAEA 

data to determine modern precipitation patterns. 

 

 

 

  

Figure 6.1 Location of Sehlak Cave (white diamond) within Iran 
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6.2 Stalagmite SK-1 
Stalagmite SK-1 (Figure 6.1) was collected from Sehlak Cave, Iran.  SK-1 was collected 45 m 

from the cave entrance and was inactive when removed from the cave.  The outside of the 

stalagmite was very corroded on one side.  This is most likely due to a prevailing air 

movement through the cave with a large moisture content.  

From the outside, the shape of SK-1 appears to be quite regular and conical, suggesting a 

constant drip.  However, the inside revealed that although layer width remained relatively 

constant, the drip axis varied considerably. 

  

Figure 6.1 Stalagmite SK-1 
Red boxes indicate approximate location of pieces chosen for LA-ICP-MS 
analysis. 
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6.2.1 Previous Attempts to Date SK-1 

A previous attempt to date SK-1 using U/Th dating methods was carried out by Dr Sa’ad Al-

Omari, the collector of the stalagmite.  A piece from the very top of SK-1 was used, and was 

found to be outside the limits of the U/Th method (i.e. older than ~700 kyr).  Therefore, in 

this project, U/Pb dating was proffered and attempted as an alternative method.  

6.2.2 Preliminary Screening of Samples 

LA-ICP-MS was used as a tool for screening samples to find those areas most likely to yield 

material datable by isotope dilution thermal ionization mass spectrometry, i.e. areas with 

high U, low common lead and a high range of U/Pb ratios.   The first scans used a NIST glass 

standard, but as this was not ideal due to coupling issues, a carbonate laser ablation 

standard was procured.  This standard was donated to the NIGL laboratory at BGS, by Dr 

Troy Rasbury, and has been named the Rasbury standard.  It is a paleosol from the late 

Permian of Texas, with a known age of 251 Ma and U content of 5 ppm, and appears to 

have a very homogenous composition. 

Target areas of SK-1 were chosen to retrieve ages of the top and bottom of the stalagmite, 

and two prominent shifts in drip axis (Figure 6.2).  However, preliminary scans of these 

pieces were in the main unsuccessful, with a low spread in U/Pb compositions leading to 

large errors (often 100% of the age).  Therefore, the data for the bottom and the drip axis 

change piece are not shown here.  However, analyses of the top yielded much more 

promising results (Figures 6.3 & 6.4).  Ablation points were clustered in 3 lines; the top 

layer (A), the bottom layer (B), and a layer running through the middle which was of much 

lighter colouring that the rest of the piece (C) (Figures 6.3 and 6.4).  The top and bottom 

analyses (A & B), gave very imprecise data, having too much common lead in them, while 

the lighter layer gave a much wider range of 238U/206Pb data, and therefore a much more 

precise estimate of the age (C).  Figure 6.3(D) shows how this layer was analysed further to 

ascertain whether the higher spread of 238U/206Pb values characterised the whole layer.  

This process produced a wide spread of values, which anchored the isochron, therefore 

improving the error. 

As aragonite is known to typically contain higher U concentrations than calcite, XRD was 

used to identify the mineral forming the light layer near the top of SK-1.  The layer was 

proven to be aragonite, while the layers immediately above and below were calcite.  The 

locations of these mineralogies are summarised in Figure 6.4. 
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Figure 6.3  Tera-Wasserburg diagrams for the top of SK-1.  Data-point error ellipses are 2s.  A)  The top calcite layer.  B) The next calcite layer below the 
aragonite layer.  C) The aragonite layer, preliminary scan.  D) The aragonite layer, additional data from extra laser scans 
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Figure 6.5 
Tera-Wasserburg diagram of composite of several sets of LA-ICP-MS analyses of the 
aragonite layer in SK-1.  Data have been normalised to the known age of the Rasbury 
standard.  Error ellipses are 68.3% confidence. 

 

 

 

 

6.2.3 High Resolution Sampling by LA-ICP-MS 

The data collected from the aragonite layer at the top of SK-1 were expanded upon in 

subsequent analyses, to produce as wide a range of 238U/206Pb values as possible.  The 

composite of these analyses, with the data normalised to the known age of the Rasbury 

standard, is shown in Figure 6.5.  This method appears to have produced a reasonably 

precise age, with a 10% error.  The fact that the age is precise, however, does not mean 

that it is accurate, and therefore comparison with an age reached by conventional 

dissolution of a chip of sample is necessary. 
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Following the success of LA-ICP-MS analysis of the aragonite layer, the logical next step 

would be to find any other aragonite layers in SK-1.  Autoradiography was chosen as a non-

destructive method to scan the whole face of the stalagmite for potential sampling 

locations. 

6.2.4 Digital Autoradiography and Fluorescence 

Digital autoradiography was used to identify areas of high radioactivity in SK-1, in the hope 

that they would contain high U and therefore be useful for U/Pb dating,.  This approach has 

been used successfully by others, (e.g. Cole et al., 2003, Pickering et al., 2010).  The method 

involved placing the flat, cut surface of SK-1 in contact with a Eu-doped BaClF digital 

storage phosphor imaging plate inside a box to protect the plate from being affected by 

background radiation for an extended period of time.  Due to the quite low content of U in 

SK-1, a week was found to be necessary. 

After the exposure period, the plate was scanned with red (635 nm) laser light on an 

Amersham Biosciences Scanner Storm 860 digital autoradiograph and fluorescence 

scanner.  This scanning released the absorbed incident energy stored in the excited 

phosphor crystals by radioactive bombardment from SK-1 as a photostimulated 

luminescence signal, with an intensity proportional to the energy absorbed (Amemiya and 

Miyahara, 1988).  The luminescence data was then translated into an image using 

Amersham Biosciences ImageQuant TL v2005 (Figure 6.6). 
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With the exception of an outer layer, which corresponds to an unknown position on the 

growth axis, the only area of high radioactivity identified in SK-1 by autoradiography was 

the previously identified top aragonite layer.  It therefore appears that only this layer can 

be dated by U/Pb methods, negating the possibility of producing a full chronology, but 

nonetheless a useful exercise in comparing the results to the age calculated from the LA-

ICP-MS data. 

  

A 

A 

Figure 6.6 
A) Autoradiography image of SK-1.  Dark areas indicate high radioactivity. 
B) The corresponding visible areas in SK-1 (outlined in black) that are causing high radioactivity, 
assumed to be due to high U content.   

B 
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SK-1 was also scanned for fluorescence using the digital autoradiograph (Figure 6.7).  The 

images produced are shown in Figure 6.7.  The aragonite layer and outer layers that 

produced a high radioactivity signal in autoradiography analysis show as highly fluorescent 

areas (red), while an additional layer (identified by white box in A) also shows as high 

fluorescence but was not visible in the autoradiographic analysis.  This layer was not 

further analysed in this study, but further work could include XRD analysis to identify 

whether the layer is calcite or aragonite, and if it is aragonite LA-ICP-MS screening would 

determine if further U/Pb work on this layer would be profitable.  

The fluorescence data also show a similar situation to the Dim stalagmites, where areas of 

the stalagmite have almost no fluorescence, while others show higher fluorescence that 

also contains clear structure.  This therefore may indicate that there has been replacement 

of primary aragonite by secondary calcite.   

Figure 6.7 Fluorescence intensity of SK-1.  Blue colouring indicates low fluorescence, 
green indicates higher fluoresescence and red colouring indicates highest fluorescence 
(levels are relative, not absolute).  A) Blue (450 nm) laser light image; B) Red (635 nm) 
laser light image 

A B 
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6.2.5 ID-TIMS Results 

 

Several subsamples were cut from the aragonite layer in SK-1 for isotope dilution thermal 

ionization mass spectrometry (ID-TIMS), with an aim to achieve 10 mg of aragonite per 

aliquot, and a range of U concentrations and U/Pb ratios.  Samples were analysed on a 

Thermo Triton multicollector mass spectrometer.  The U/Pb data collected is shown in 

Table 6.1.  These data, when plotted on a Tera-Wasserburg diagram, produce the plot 

shown in Figure 6.8. 

 

 

 

 

 

 

  

Sample 

ID 

Total 

Pb 

(ppb) 

U 

(ppm) 
238

U/
206

Pb 
2 

(%) 

207
Pb/

206
Pb 

2 

(%) 

[
234

U/
238

U] 

measured 

2 

(%) 

SK1.1 82 8.610 349.609 0.165 0.81803 0.081   
SK1.2 48 4.265 298.383 0.368 0.82366 0.085   
SK1.5 115 8.865 259.524 0.407 0.82860 0.081   
SK1.6 36 6.957 615.282 0.670 0.77088 0.109   
SK1.7 74 8.949 398.337 0.330 0.80888 0.082   
SK1.8 54 4.716 295.407 0.495 0.82532 0.097   

SK1.9       1.031 

i) 
0.065 

ii) 
0.204 

Table 6.1  ID-TIMS U/Pb data for SK-1.  The two 2σ values for the 234U/238U values 
reflects the 2 uncertainties used when calculating the corrected age, see Table 7.2 

Figure 6.8 Tera-Wasserburg Diagram for SK-1 ID-TIMS data.  Error ellipses are 2σ. 
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The results were then modelled to produce a corrected age.  The age of 1.29 ± 0.12 Ma 

calculated by the Concordia in Figure 7.7 and the measured 234U/238U ratio of 1.031 as 

shown in Table 7.1 were used in this calculation.  Two error levels were used on the 

234U/238U activity ratio; 0.065% 2σ and 0.204% 2σ.  The output of this correction model is 

shown in Table 7.2.  As can be seen, the two different errors used do not produce 

substantially different results as the uncertainty in the regression dominates the total 

uncertainty budget. 

 
Both outputs produce an age of approximately 1.13 ± 0.07 Ma.  This can be regarded as the 

most accurate age.  The LA-ICP-MS age of 1.05 ± 0.09 Ma agrees within the uncertainty the 

ID result, both having reasonably small errors.  Therefore it seems probable that for some 

aragonitic or high U samples, LA-ICP-MS analysis may be sufficiently accurate and precise to 

obtain U/Pb dates, provided an appropriate carbonate standard is used.  More 

comparisons between ages produced by both methods are required verify this. 

 
The fluorescence images from SK-1 indicated that some recrystallisation may have 

occurred, which may have resulted in open system behaviour.  This was further indicated 

by the fact that 2 samples, which had been spiked with a U/Th solution, returned very 

different U/Th dating results; one an age of 700 ± 100 kyr BP, typical for a sample that is 

out of range for U/Th dating, and one an undefined age that did not plot on a 230Th/238U vs. 

234U/238U isochron.  This discrepancy may be due to open system behaviour in the second 

sample.  A possible way to avoid this in future samples could be to exclude the outer edges 

of aragonite layers in suspected recrystallised samples, as these may be more likely to have 

experienced open system conditions due to proximity to the fluids that caused dissolution-

reprecipitation. 

 

 
  

[234U/238U] 

measured
 2σ (%) 

[234U/238U]0  

mean 

2σ 

(abs) 

[234U/238U]0  

median 

Mean 

corrected 

age (Ma) 

2σ 

(abs) 

Median 

corrected 

age (Ma) 

1.031 
0.065 1.756 0.15 1.754 1.129 0.07 1.129 
0.204 1.758 0.15 1.755 1.130 0.07 1.130 

Table 6.2  Corrected U/Pb data for SK-1 via ID-TIMS analysis 
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7.1 Introduction 

 
The overall aims of this project were to use speleothems from southwest Turkey and 

Southern Iran to reconstruct Mid-Late Pleistocene-Holocene palaeoclimate in these little 

studied areas.  The speleothems were analysed geochemically and petrographically, and 

age models were constructed using U-Series methods.  However, two of the three Turkish 

speleothems and both of the Iranian speleothems exhibited evidence of recrystallisation of 

aragonite as calcite.   This disrupted the U-Series system sufficiently to make the 

construction of reliable age models difficult.  A major component of this project was 

therefore to investigate whether robust age models could be retrieved from partially 

recrystallised speleothems, by U/Th dating in the case of DIM-1 from Turkey, and U/Pb 

dating in the case of SK-1 from Iran. 

7.2 Dim Cave, SW Turkey 

7.2.1 Stalagmite DIM-1 

 

DIM-1 was found, by XRD and petrographic analysis, to be composed mainly of calcite, with 

a change to aragonite just before a hiatus near to the top of the stalagmite.  A shift in the 

growth axis immediately followed the hiatus, above which the stalagmite is again 

composed of calcite.  XRD and SPLS analysis of the 3D structure of DIM-1 revealed 

extensive recrystallisation of primary aragonite as secondary calcite.  It appears that the 

majority/entirety of DIM-1 was originally composed of aragonite, which has subsequently 

undergone recrystallisation to calcite, with only the section of aragonite below the hiatus 

remaining intact.   

It is probable that the cause of recrystallisation of primary aragonite in DIM-1 was 

infiltration by a water film, which occurred soon after the original aragonite growth.  The 

cause of this is inferred to have been periods of high rainfall, which led to flushing events in 

the epikarst.  Drip water flowing over the surface of DIM-1 during these events 

consequently had a lower Mg/Ca ratio as a result of dilution, allowing calcitisation of the 

aragonite substrate.  This calcitisation due to high rainfall may have occurred annually, with 

each wet season causing recrystallisation of the previous year’s growth, but it is more likely 

that recrystallisation happened less frequently, perhaps every few years.  The extent of the 

calcitisation implies that the original aragonite was very porous, allowing recrystallising 

waters to permeate more than one year’s growth of carbonate.  



  

236 
 

For the aragonite below the hiatus to have persisted, an extended arid phase is implied.   

δ18O, δ13C, Mg/Ca, Sr/Ca and 87Sr/86Sr data also indicate aridity.  During the arid phase, 

waters flowing over the surface of DIM-1 had an elevated Mg/Ca ratio and were not able to 

calcitize the aragonite surface.   The presence of the hiatus supports this conclusion, as it 

strongly suggests that growth eventually ceased due to aridity.  When rainfall began to 

increase after the dry phase associated with the hiatus, drip waters were only slightly 

undersaturated with respect to aragonite; this allowed some aragonite to persist on the 

outer flanks of DIM-1, as waters had reached saturation after flowing over and calcitizing 

axial sections of DIM-1. 

This extensive recrystallisation has important implications for the age model of DIM-1, as 

uranium may be lost under open system conditions, leading to erroneously old ages.  

Indeed, the U/Th dating of DIM-1 produced many erroneous ages, although almost all were 

erroneously young rather than old.  Some of these problematic ages were linked to the 

presence of hiatuses, as in addition to the prominent hiatus, there are probably several 

“micro-hiatuses”, which are not discernible in hand specimen or thin section, and one of 

which only became apparent when a stalagmite slab broke along a “micro-hiatus”. 

Samples for dating were taken from recrystallised calcite and from primary aragonite.  The 

primary aragonite was sampled from the aragonite region below the main hiatus and from 

the flanks of the stalagmite where it persisted as the remnants of layers which had been 

recrystallised in the centre of the stalagmite.  13 out of 23 dates were discarded on 

geochemical or stratigraphic grounds, the vast majority of these being recrystallised calcite 

samples, while only 2 out of 7 aragonite samples were discarded for these reasons, both of 

which were from axial parts of the aragonite region below the hiatus.  The five successful 

aragonite samples were taken from towards the flanks of the stalagmite, however one of 

these was taken from a layer that projected onto the growth axis above the broken top of 

the stalagmite and did not directly form part of the age model.  The dates from which the 

age model was constructed all lie within the early part of MIS 5e.  There is a high degree of 

error overlap between dates in the age model, suggesting that any geochemical disruption 

of the dates from recrystallisation is unlikely to have shifted the calculated errors by more 

than their 2σ error.   

The age model for DIM-1 indicates that the speleothem grew between ca 130 kyr BP and 

127 kyr BP.  This places the growth of DIM-1 during the early Eemian, and the timing of a 

trend towards more negative δ18O values, indicative of wetter conditions at ca. 128.6 ± 0.7 
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kyr BP, is similar to the timings of wet periods associated with the Eemian in several other 

records, such as those from Soreq and Corchia caves (Bar-Matthews et al., 2003, Drysdale 

et al., 2005).  The arid phase recorded in DIM-1 strongly suggests that climate was not 

stable during early MIS 5e in SW Turkey, and the dating strongly suggests that it can be 

correlated with arid phases identified in France (Couchoud et al., 2009), Italy (Drysdale et 

al., 2009), and Israel (Grant et al., 2012) at this time. 

7.2.2 Stalagmite DIM-3 

 

DIM-3 grew on the side of DIM-1 after the latter had toppled, and U/Th dating reveals that 

it was active during the early Holocene (ca 8-7 kyr BP).  DIM-3 is composed of primary 

aragonite.  Comparison of DIM-1 and DIM-3stable isotope data shows that during the brief 

period of growth of DIM-3, the climate was probably drier than early MIS 5e,and since the 

period of growth was brief, it appears that the remainder of the Holocene was drier still.  

The deposition of DIM-3 correlates with a pluvial event which occurred over large parts of 

the eastern Mediterranean region, known as the Early Holocene Wet Period, and with the 

formation of Sapropel 1.   

The wet period associated with the growth of DIM-3, and likely subsequent aridification 

that terminated its growth, may have had important implications for local human 

settlements.  For example, the expansion of Neolithic farming methods from the Fertile 

Crescent into Turkey may have occurred due to the dry conditions at ca 7 kyr BP, as 

agriculture provided a more stable means of procuring food than the hunter-gatherer 

methods of the Mesolithic (Frisia et al., 2006). 

7.2.3 Stalagmite DIM-2 

  

DIM-2 was identified as a likely recrystallised speleothem by observation in hand specimen, 

and confirmed by the nature of petrographic fabrics and their boundary morphologies.  

Aragonite relics observed in calcite regions provided clear evidence of recrystallisation.  

Therefore, DIM-2 presented an opportunity to investigate in some detail the geochemical 

properties of primary aragonite and replacement calcite in a speleothem.  An attempt was 

made to date the primary aragonite sections, however this was unsuccessful, as although 

the bottom section of primary aragonite appeared to produce a reasonable chronology, all 

dates from the top section were erroneously old.  These old ages most likely arose from U 

loss due to open system behaviour, indicating that although the aragonite looked pristine, 

recrystallisation had occurred on some scale.  Therefore it was not possible to produce an 
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age model for the stalagmite, although the bottom section of primary aragonite appears to 

have grown during the period ca 112-110 kyr BP.  The trace element and stable isotope 

data for DIM-2 support the conclusion that the original geochemical signature of the 

primary aragonite in DIM-2 has been lost, as they appear to record the compositions of the 

recrystallising waters and bear little resemblance to the geochemical signature of the 

primary aragonite sections. 

7.3 Iranian Speleothems 

7.3.1 Stalagmite TG-6 

 

The interpretation of geochemical data from stalagmite TG-6 from Torang Cave in SW Iran 

was hindered by a poor age model.  This was a consequence of large errors on ages, and an 

erroneous age from a sample taken too close to a depositional hiatus.  The onset of growth 

(326 ± 26 kyr BP) probably occurred at the start of MIS 9, a very wet interglacial.  Two 

depositional hiatuses probably indicate climatic variability and instability, most likely arid 

conditions.  The lower hiatus is tentatively correlated with a vegetation collapse in Greece 

ca 280-265 kyr BP (Tzedakis et al., 2003b).  It is inferred that growth of TG-6 then continued 

through MIS 8, at which time cold temperatures reduced evaporation, thereby increasing 

effective precipitation and allowing speleothem growth.  None of the sampled ages are 

close to the upper hiatus, making pinpointing its duration problematic.  However, due to 

the importance of effective precipitation in controlling the growth of TG-6, it is suggested 

that growth ceased at the upper hiatus during MIS 7e, and then resumed during MIS 7d. 

This interpretation is in large part hypothetical due to the poor age model, and requires 

further dating before any conclusions can be drawn with certainty. 

7.3.2 Stalagmite SK-1 

 

An attempt was made to date SK-1, a speleothem beyond the range of U/Th dating from 

Sehlak Cave, SW Iran.  U/Pb methods were used, with both LA-ICP-MS and ID-TIMS 

methods combined to determine if LA-ICP-MS could produce dates of sufficient accuracy 

and precision when using a carbonate standard. 

Autoradiography identified only one region of high U, a prerequisite for successful U/Pb 

dating, in an aragonitic layer.  This sample was analysed by both LA-ICP-MS and ID-TIMS, 

and both approaches were successful, producing ages within error of each other and of 

comparable precision.  ID-TIMS produced an age of 1.13 ± 0.07 Ma, while LA-ICP-MS 
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produced an age of 1.05 ± 0.09 Ma.  Therefore, it appears that LA-ICP-MS may be an 

appropriate method for dating speleothems beyond the range of U/Th, provided a 

carbonate standard is used, U content is sufficiently high and common lead content is 

sufficiently low.     

7.4 Future Work 
DIM-1 has demonstrated the presence of a brief arid phase early in MIS 5e, an episode not 

previously recorded in the region.  However, the chronology is partially compromised by 

recrystallisation and a high priority should be to find another speleothem of similar age to 

confirm the interpretation and generate a high precision chronology. 

Improved dating of TG-6 should be possible, but most of the current dates need to be 

replicated in order to produce a more coherent chronology.  At the current level of 

precision, it is not possible to draw confident conclusions about the timing of the inferred 

palaeoclimatic trends. 

Use of LA-ICP-MS as a standalone method for dating of older speleothems appears 

promising; to verify this it is necessary to sample more speleothems beyond the range of 

U/Th dating, and date them using the U/Pb methodology tested here to date SK-1. 
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Methods Appendix 

Sawing of Stalagmites 

Iranian stalagmites were previously sawed by Dr Sa’ad Al-Omari.  Turkish stalagmites were 

sawed by myself on a diamond tipped, water cooled rock saw. 

Carbonate Stable Isotope Measurements 

Powders were drilled from speleothem slabs using a hand held dentist’s drill at 1 mm 

intervals along the growth axis, then weighed into stainless steel capsules.  Sample analyses 

were carried out by myself under the supervision of Dr Alina Marca-Bell in the Stable 

Isotope Laboratory, UEA, with the exception of those measurements performed by Dr 

Sa’ad Al-Omari, as noted in the text.  Approximately 100 μg samples were analysed for 

carbon and oxygen isotopic compositions on a Europa SIRA II dual inlet isotope ratio mass 

spectrometer following reaction with 100% phosphoric acid at 90°C using an on-line 

common acid bath system built in house. The precision of the measurements was better 

than 0.1 ‰ for both 13C and 18O, representing the standards deviation of repeat analyses of 

the UEACMST carbonate material lab standard (n=7, analysed in each batch of samples).  In 

some batches, precision of the standard 13C was not as precise as 0.1 ‰, however this was 

identified as being due to particularly negative samples causing a memory effect in the 

acid.  When less negative samples were measured and this memory effect wasn’t a factor, 

precision was much higher.    

 

Water Stable Isotope Measurements  

Oxygen and hydrogen isotopic measurements were performed using a Picarro cavity ring-

down spectroscopy (CDRS) laser instrument. Due to memory effects in this type of 

instrumentation, each sample was injected 6 times (0.1 ml volume). Data are reported as 

delta values (per mil) vs. VSMOW. The measurement precision was 0.3 ‰ for δ18O and 0.5 

‰ for δD, based on the repeat analysis of the laboratory internal standard (NTW) (n= 9). 

 

Trace Element Measurements 
 

All sample preparations were carried out by myself; all analyses were carried out by myself 

and Mr Graham Chilvers at the UEA.  Laser analysis was carried out on a Thermo-Electron 



  

277 
 

X-Series ICP-MS using a NIST glass standard.  Lines were pre-ablated to remove surface 

contamination, before sample spots were performed.  To calibrate these data, solution 

analyses were also carried out:   

 

Carbonate samples of 2.5mg were dissolved in 5ml of 10% acetic acid, and then diluted to 

50 ml with MilliQ water.  Water samples of 0.8 ml were acidified with 0.2 ml double 

distilled concentrated nitric acid, then diluted to 10 ml with MilliQ water.  Carbonate and 

water samples were then analysed on a Varian ICPOES.  Trace element concentrations were 

determined relative to mixed standard solutions of precisely known concentration. 

 

Uranium Series Dating 

Method courtesy of Steve Noble, NIGL, BGS. 

 

 All analytical work was done at the NERC Isotope Geosciences Laboratory.  Chemical 

preparation was done in a HEPA-filtered class 100 workstation.  Reagents were prepared by 

sub-boiling in either quartz or Teflon, both in house and purchased from Romil UK (UpA 

grade).  All vessels used for sample processing were Savillex PFA. 

Samples (~200-250 mg powder) were dissolved in water and 15 M HNO3, the latter 

dispensed dropwise into the water in which the sample was immersed, to avoid overly 

vigorous reaction. Dissolved samples were then spiked with a mixed 229Th-236U tracer 

calibrated against gravimetric solutions prepared from CRM 112a U metal and Ames 

Laboratory high purity Th metal. Sample-spike equilibration was achieved by refluxing 

samples overnight in sealed Savillex PFA vials, drying down, and taking up and refluxing in 7 

M HNO3. 

Samples were then dried down and reacted in 15 M HNO3 and 30% H2O2 (10:1 ratio to 

maximize oxidation) to consume organic materials that could potentially negatively impact 

column chemistry.   Two oxidation steps preceded chemistry.  Pre-concentration by Fe co-

precipitation using an FeCl solution prepared from Puratronic Fe nitrate and the initial 

chemical separation of U and Th on homemade 0.6 ml columns (polypropylene with 

hydrophilic polyethylene frits) using AG-1 x 8 anion resin followed procedures established 

by Edwards et al. (1988). 

Prior to co-precipitation the samples were taken up in 2 M HCl.  4-8 mg of Fe was added as 

FeCl and U and Pb precipitated with the Fe by adding 22 M ammonia solution.  The samples 
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were centrifuged at 2500 rpm for 5 minutes in tightly sealed precleaned PP tubes and the 

supernatant liquid pipetted off and discarded.  The precipitates were washed and 

centrifuged 3x with Milli Q water to remove unwanted sample matrix prior to dissolution in 

acid ready for column chemistry. 

Samples were loaded and washed on cleaned and equilibrated columns in 7 M HNO3.  Th 

was eluted in 8 M HCl followed by U elution in 0.2 M HCl.  After an initial separation on AG-

1 x 8, the separated Th aliquots were further purified using a second pass through AG-1 x 8 

columns, while separated U was purified on UTEVA columns following Andersen et al. 

(2008). The U and Th separates were once again subjected to repeated 15 M HNO3 and 

30% H2O2 oxidation steps to minimize potential organic contamination from the resins, 

particularly UTEVA.  U and Th separates were taken up in 1 ml 0.2 M HCl - 0.05 M HF and 

centrifuged to remove any resin beads prior to mass spectrometry to avoid of nebulizer tip 

clogging and introduction of unwanted organic material into the instruments. 

Early in this study U isotope data were obtained on an Axiom multicollector inductively 

coupled mass spectrometer (MC-ICP-MS). The Axiom was operated in static mode using an 

Aridus 1 desolvating nebulizer, measuring 234U on an SEM.  U sensitivity was ca. 100 V/ppm 

at an introduction rate of ~50 microlitres/minute.  Mass bias and SEM gain was monitored 

via replicate CRM 112a analyses.  Corresponding Th data were obtained on a Nu 

instruments Nu HR MC-ICP-MS using a DSN desolvating nebulizer (sensitivity was ca. 200 

V/ppm U). 

The bulk of the U and Th data for this study, however, were obtained on a recently 

acquired Thermo Neptune Plus MC-ICP-MS (sensitivity ca. 350-500 V/ppm U) using an 

Aridus II desolvating nebulizer. U mass bias and SEM/Faraday gain correction of unknowns 

was based on standard-sample bracketing. Exponential correction for U mass bias was 

based on measurements of CRM 112a spiked with a 233U/236U tracer (IRMM 3636), while 

SEM gain was monitored using measured 234U/235U of mass bias-corrected unspiked CRM 

112a analyses, with the mass-bias and spike-corrected 234U/238U values of the spiked CRM 

112a runs used as a check on the SEM gain.  Hydride and tailing corrections on the Neptune 

measurements followed Hiess et al. (2012).  Both hydride and down-mass tailing were on 

the order of 2 ppm of the adjacent peaks and was very consistent on a timescale of several 

days on the Neptune.   
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Mass bias and SEM gain for Th measurements on both the Nu HR and Neptune instruments 

were corrected using an in-house 229Th-230Th-232Th reference solution calibrated by ICP-MS 

against CRM 112a.   On the Neptune Th isotopes were measured in static multicollection 

mode with 229Th and 232Th measured on Faraday detectors while 230Th was measured on an 

SEM. The Nu HR collector block at NIGL is optimized for U-Pb geochronology and therefore 

a dynamic peak-jumping routine was necessary to obtain all relevant Th ratios, with 

229Th/230Th and 229Th/232Th being measured statically in successive peak jumps. Total 238U 

and 232Th blanks were generally <10 pg and <4 pg during the course of this study and were 

negligible relative to the sample U and Th.  On the Neptune, standard accuracy (within 

0.1%) and reproducibility (within 0.2%) of 234U/238U was monitored by replicate analyses of 

Harwell uraninite HU-1.  Equivalent data from the Axiom was on the order of ± 0.2 and 

0.3%, accuracy and reproducibility respectively.  Replicate measurements of the in-house 

229Th-230Th-232Th reference solution indicate that accuracy and reproducibility for 

229Th/230Th as measured on the Neptune is on the order of ± 0.2-0.3% for 230Th ion beams > 

5000 cps and ca. 0.4% for the Nu HR. Data were reduced using an in-house Excel 

spreadsheet and ages calculated using the Isoplot version 3 add-in (Ludwig, 2003b) 

following Ludwig, (2003a) and the decay constants of Cheng et al. (2000). 

 

U/Pb Dating 

Method courtesy of Dan Condon, NIGL, BGS. 

Samples were screened via LA-ICP-MS using a Nu Plasma HR Inductively Coupled Plasma 

Multi-collector Mass Spectrometer with a Nu Instruments DSN-100 dry aerosol nebuliser. 

The laser ablation system was a New Wave Research UP-193 with solid state Nd/YAG laser.  

The data was collected simultaneously in two Faraday Cups (238U and 235U) and six ion 

counters (207Pb, 206Pb, 205Tl, 204Pb+204Hg, 203Tl, and 202Hg). 

Samples for ID-TIMS were cut from the speleothem using a dentist’s drill, ensuring not to 

incorporate any detritus.  Samples were spiked with a mixed 205Pb-233U-235U tracer and 

dissolved using established protocols for the dissolution of carbonate. Following chemical 

purification, U was measured by multi-collector ICP-MS using a Nu Plasma HR at NIGL using 

a static faraday cup array.  IRMM-184 was used as a reference material to correct for mass 

bias, and any residual mass bias was resolved using the corrected 233U/235U double spike 

ratio.  Pb was measured by thermal ionisation mass spectrometry (TIMS) using a 

ThermoScientific Triton and a static faraday cup array.  Mass bias was determined by 



  

280 
 

measurement of NBS 981 and NBS 982.  Up to 1 pg of common Pb was assumed to be 

procedural blank.  

For 234U/238U measurements, samples were dissolved as for U/Pb analysis, but no spike was 

used.  Only U was measured, using the Neptune plus MC-ICP-MS at NIGL. 

 

 

 

Autoradiography 
 
Digital autoradiography was carried out using an Amersham Biosciences Storm 860 Laser 

Stimulated Photoluminescence Scanner.  Samples were placed on BaClF digital storage 

phosphor imaging plates, which were doped with Europium.  Laser light of wavelength 635 

nm (red) and 450 nm (blue) was used to release the energy stored by the crystals in the 

plate. 

 

Sr Isotopes 
 

Method courtesy of Ian Millar, NIGL, BGS 
 
All sample preparation was performed by Dr Ian Millar and myself at NIGL, BGS.  Samples 

were pre-leached in 1% acetic acid in order to remove labile Sr, and subsequently leached 

in dilute (10%) acetic acid in order to preferentially dissolve carbonate material.  For the 

Dim Cave soil sample, the residue after acetic acid leaching was also analysed.  Samples 

were dried and reweighed, and spiked with an enriched 84Sr tracer in order to allow 

calculation of Sr concentration by isotope dilution.  The samples were then converted to 

nitrate form by addition of concentrated (16M) nitric acid, and again evaporated.  Sr was 

separated using c. 150 microlitres of Eichrom Sr-SPEC ion exchange resin in disposable 1ml 

columns. 

  

Sr was loaded onto single rhenium filaments using a TaO activator, and analysed in a 

Thermo Triton mass spectrometer at NIGL in multi-dynamic mode.  Nine analyses of the 

NBS987 standard run with the samples gave a value of 0.710251 ± 0.000003 (4.9 ppm, 1σ 

uncertainty). 

 


